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ABSTRACT 

 

Dolomite (CaMg(CO3)2) is a common mineral in carbonate rocks and sediments. 

However, dolomite precipitation is kinetically inhibited at earth surface temperatures and 

pressures and may not even occur when supersaturated in solution. Primary dolomite has 

been observed forming in a number of modern evaporitic environments, where microbial 

activity has been identified as a catalyst for dolomite precipitation. Synthesis of low 

temperature dolomite has since been achieved in laboratory experimental studies where 

microbial respiration or presence of microbial extracellular polymeric substances (EPS) 

modifies conditions to overcome the kinetic barriers of dolomite precipitation. However, 

the mechanisms of dolomite precipitation remain uncertain. Dolomite formed within 

shallow groundwater systems may provide new insights into low temperature dolomite 

precipitation. Primary dolomite is the major mineral component in numerous 

groundwater carbonate deposits, referred to as dolocretes, within arid regions worldwide. 

However, the circumstances in which dolomite may overcome the kinetic effects within 

groundwater environments are not well known.  

For this thesis, I investigated dolocrete formed in inland shallow groundwater systems 

within the semi-arid Hamersley Basin, northwest Western Australia. The aims of this 

research was to 1) Establish the broader environmental and hydrological controls on 

dolomite formation in varying landscape positions; 2) Identify the specific hydrochemical 

conditions and mechanisms of dolomite precipitation and; 3) Evaluate the potential role 

of microbes or other factors that may facilitate dolomite precipitation within groundwater 

environments. To achieve these aims, I investigated dolocrete occurring within both a 

lowland terminal basin (Fortescue Marsh) and a regionally elevated upland landscape 

position, upgradient of major drainage (Coondiner Creek), within the Upper Fortescue 

Catchment of the Hamersley Basin. The sedimentology, mineralogy, geochemistry, stable 

isotope chemistry and micromorphology of dolocrete drill cores from both study areas 

were analysed using a variety of techniques. Further, the regional and local groundwater 

chemistry and stable isotope signatures were compared to understand the hydrochemistry 

of source groundwater.  

The regional climatic, hydrological and geomorphic processes were conducive to 

dolomite forming within shallow groundwater systems in the Hamersley Basin, during 

the Cenozoic.  The sedimentology and mineral assemblages of drill cores, composed 

largely of authigenic dolomite, smectite and palygorskite, were consistent with 

groundwater dolocrete formed in moderately saline conditions under an arid climate. 



iv 

 

Stable oxygen isotope signatures of dolomite and comparison with groundwater 

suggested the hydrochemistry of source water ranged from brackish to highly saline. Two 

geochemically distinct dolocrete units were identified within Fortescue Marsh cores; deep 

buried dolomite precipitated under highly saline conditions, likely underlying a palaeo-

playa or saline lake system under a different hydroclimatic regime and; shallow dolocrete 

formed later under relatively fresher conditions, within the mixing zone of fresher 

inflowing groundwater and saline marsh groundwater. Dolocrete from the Coondiner 

Creek area is interpreted to be of similar age to the deep Fortescue Marsh dolocrete, 

formed within a zone of emerging groundwater under saline-evaporitic conditions within 

an internally draining sub-basin, most likely during prevailing arid conditions in the late 

Miocene and Pliocene. Whereas, radiocarbon dating possible on some shallow Fortescue 

Marsh dolocrete samples suggested a probable Pleistocene age.  

Dolomite precipitation was promoted by evaporation and CO2-degassing from shallow 

Mg2+-rich and alkaline groundwater, largely derived from weathering of the Proterozoic 

marine dolomitic basement rocks. These factors appear to have been the major drivers of 

dolocrete development in various landscape positions without a requirement for 

significant down-dip hydrochemical modification. Microanalysis of the dolocrete 

indicated a primary origin for dolomite; no calcite precursor was observed. Minor calcite 

was present as a secondary alteration product, occurring near the surface where fresher 

meteoric waters resulted in replacement of dolomite by calcite. Both smectite minerals 

and EPS provided a substrate for dolomite nucleation and growth, overcoming the kinetic 

effects. Negatively charged clay and EPS surfaces can bind and dewater Mg2+, allowing 

dolomite nucleation and growth. In addition, the viscous medium of incipient smectite 

and many EPS alters the rate of diffusion of ions and can promote the incorporation of 

Mg2+ into dolomite. It is likely that local changes in chemistry, influenced by the presence 

or degradation of EPS and possibly microbial activity, were important for both clay and 

dolomite precipitation.   
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Chapter 1. General Introduction 
1.1 Rationale for the research 
Dolomite (CaMg(CO3)2) is a relatively common mineral in many carbonate rocks and 

sediments of both marine and continental origin (Warren, 2000). Dolomite rocks are 

recognised as a significant component of the rock record and have socio-economic 

importance as hydrocarbon reservoirs (Sun, 1995; Gregg, 2004) and as productive fresh 

groundwater aquifers (Van Der Lee and Gehrels, 1997; Bakalowicz, 2005). Analysis of 

carbonate minerals, including dolomite, are also frequently utilised for 

palaeoenvironmental research (eg. Icole et al., 1990; Rossinsky and Swart, 1993; Arenas 

et al., 1997; Avanzini et al., 1997; Alonso-Zarza, 2003; Vasconcelos et al., 2005; Bojar 

et al., 2010). However, the common occurrence of dolomite formed within relatively low 

temperature environments (eg. <100oC; Matthew and Katz, 1977; Baker and Kastner, 

1981) poses a conundrum as dolomite precipitation is kinetically inhibited at earth surface 

temperatures and pressures (Lippman, 1973; Arvidson and MacKenzie, 1999). This 

paradox coupled with the high abundance of dolomite within ancient sedimentary rocks 

compared to Holocene and modern environments, has gained much interest and is often 

referred to as the “dolomite problem” (McKenzie, 1991; Arvidson and MacKenzie, 

1999). The core questions of the “problem” are what mechanisms, physio-chemical 

conditions, environment and time frame does dolomite precipitate under low temperature 

conditions? To resolve these questions, further knowledge of the conditions of dolomite 

formation and the factors that may overcome the kinetic constraints of dolomite 

precipitation is required.  

The kinetic control on dolomite precipitation is apparent from both real-world and 

experimental observations. Sea-water is super-saturated in respect to dolomite but there 

is no evidence of widespread dolomite precipitation within modern oceans (Brady et al., 

1996; Arvidson and MacKenzie, 1999). Experimental attempts to precipitate dolomite 

inorganically from oversaturated solution at 25oC over 32 years by Land (1998) also 

failed. The primary factor that inhibits dolomite nucleation and crystal growth is the high 

enthalpy of the double hydration shell of magnesium ions (Mg2+) (Lippman, 1973, 

Morrow, 1982). The typically low proportions of CO3
2- relative to HCO3

- in natural waters 

(HCO3
- dominant between pH 6.3 to 10.3; Drever, 1988) may also limit crystal growth 

(Morrow, 1982; Machel and Mountjoy, 1986). In addition, the presence of SO4
2- ions may 

also inhibit dolomite formation as SO4
2- ions form strong neutral ion pairs with Mg2+ ions 
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in solution (Baker and Kastner, 1981). Whilst the factors that inhibit dolomite 

precipitation are well-defined, the “dolomite problem” remains unresolved.  

Efforts to solve “the dolomite problem” have primarily focussed on understanding the 

genesis of the more abundant marine dolomite (Petrash et al., 2017). Marine dolomites 

are largely interpreted to have formed by diagenetic replacement of marine limestone of 

calcium carbonate over time, as opposed to primary precipitation (Land, 1985; Arvidson 

and MacKenzie, 1999). However, primary dolomite has been observed forming under 

surface temperature conditions in a number of modern evaporitic environments, including 

lakes, hypersaline lagoons and sabkhas (von der Borch, 1976; Last, 1990; Vasconcelos et 

al., 1995; Vasconcelos and McKenzie, 1997; Wright, 1999; van Lith et al., 2002; 

Bontognali et al., 2010; Last et al., 2012). In these instances, microbial activity, in 

particular sulphate-reducing bacteria, was found to be important for primary dolomite 

precipitation (Vasconcelos and McKenzie, 1997; Wright, 1999; Bontognali et al., 2012). 

In recent decades, several laboratory studies have achieved the synthesis of dolomite in 

the presence of various microbes (Vasconcelos et al., 1995; Warthman et al., 2000; 

Roberts et al., 2004; Wright and Wacey, 2005; Sanchez-Roman et al., 2008; Kenward et 

al., 2009). Most recently, certain organic molecules excreted by microbes, referred to as 

extracellular polymeric substances (EPS), have also been demonstrated as a catalyst for 

dolomite precipitation (Bontognali et al., 2010; Roberts et al., 2013; Bontognali et al., 

2014; Zhang et al., 2015). Observations from both laboratory experiments and modern 

dolomite forming environments indicate that dolomite formation occurs via initial 

precipitation of a poorly ordered “proto-dolomite”, which may stabilise to ordered 

dolomite (von der Borch, 1976; Vasconcelos et al., 1995; Wright, 1999; Zhang et al., 

2013). However, despite the growing body of experimental research into microbially-

catalysed dolomite formation, uncertainties still remain regarding the specific 

physiochemical conditions and mechanisms of precipitation. For example, the factors that 

influence primary dolomite formation in different terrestrial environments (eg. cave 

speleothems, soils and groundwater aquifers; El-Sayed et al., 1991; Spötl and Wright, 

1992; Alonso-Zarza and Pérez, 2008; Díaz-Hernández et al., 2013) are not well known. 

Understanding of the conditions and processes of terrestrial dolomite formation is 

particularly important as carbonates in continental and coastal environments are often 

analysed to provide palaeoenvironmental records (Alonso-Zarza, 2003). Consequently, 

more detailed studies of terrestrial dolomite formed within different environments are 

needed.  
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Dolomite formed within shallow groundwater systems may provide new insights into “the 

dolomite problem”. Primary dolomite has been recognised in a number of groundwater 

carbonate deposits within semi-arid to arid regions worldwide (Arakel, 1986; Khalaf, 

1990; El-Sayed et al., 1991; Spotl and Wright, 1992; Alonso-Zarza et al., 2016; Khalaf et 

al., 2018). These groundwater carbonates are generally referred to as dolocrete where 

composed dominantly of dolomite, and as calcretes where the mineralogy is 

predominantly calcite (CaCO3) (Carlisle, 1973). Groundwater dolocretes and calcretes 

develop within shallow aquifer systems by replacement and cementation of host 

sediments, typically within the phreatic zone and capillary fringe zone (Mann and 

Horwitz, 1979; Arakel, 1986; Wright and Tucker, 1991). The formation of dolocretes and 

calcretes predominantly occurs in semi-arid to arid regions characterised by high potential 

evaporation and periodic rainfall recharge (Mann and Horwitz, 1979). The groundwater 

carbonates are distributed within areas of shallow or emerging groundwater where 

gaseous exchange with the atmosphere can influence the hydrochemistry of groundwater 

and promote carbonate precipitation (Mann and Horwitz, 1979; Eugster, 1980; Wright 

and Tucker, 1991). Research into groundwater carbonates has overwhelmingly focussed 

on the more common calcite-dominated counterparts (calcretes) that may form readily 

from relatively dilute waters and are not impeded by kinetic effects (Goudie, 1972; 

Drever, 1988; Mann and Horwitz, 1979; Arakel and McConchie, 1982). Thus, the specific 

physiochemical conditions and the broader environmental and hydrological processes 

that result in dolomite precipitation in groundwater environments remains poorly 

understood.  

The chemical conditions that favour dolomite precipitation include elevated Mg2+/Ca2+ 

ratios, higher alkalinity and therefore CO3
2- activity and dolomite over-saturation in 

solution, thus typically saline conditions (Eugster, 1980; Morrow, 1982). Evaporation and 

calcite precipitation along a groundwater flow path may result in more saline groundwater 

with higher Mg2+/Ca2+ ratios towards the centre of drainage basins (Mann and Deutscher, 

1978; Arakel, 1986). Outgassing of CO2 from shallow and emerging groundwater at 

groundwater discharge zones may increase alkalinity and promote dolomite formation. 

Therefore, it is expected that dolocrete may form downgradient of calcrete within a 

terminal basin setting (Mann and Horwitz, 1979). The majority of documented 

occurrences of groundwater dolocrete are distributed in proximity to saline lakes and 

playas at the terminus of major (palaeo)drainage systems (Arakel, 1986; Spotl and 

Wright, 1992; Armenteros et al., 1995). However, dolocrete has also been noted 
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surrounding palaeo-lakes in the upper reaches of catchments in France (Colson and Cojan, 

1996). Previous studies of groundwater carbonates have also demonstrated a broad 

variety of sub-surface processes may influence duricrust formation and that they may 

develop within a range of geomorphic and hydrogeologic settings (Carlisle, 1983; Mann 

and Horwitz, 1979; Nash and McClaren, 2003). However, the distribution of groundwater 

dolocretes across a range of landscape settings are not well known. As such, further 

studies of dolocrete formed in varying geomorphic settings will increase understanding 

of the processes required for dolomite formation within groundwater systems.  

The geological province known as the Hamersley Basin in the Pilbara region of northwest 

Western Australia provides an ideal location to study terrestrial dolomite formed within 

shallow groundwater systems. The Pilbara region is underlain by stable Pre-Cambrian 

basement rocks and the landscape has been sub-aerial since the Paleozoic (Humphreys, 

2009). Consequently, the landscape has been primarily influenced by surficial 

environmental processes, under dominantly arid conditions since the mid-Miocene 

(Bowler, 1976). Extensive duricrusts, including dolocrete, have developed in the 

landscape, which reflect the interaction of local climatic, hydrologic and geomorphic 

processes (Arakel, 1991). Groundwater dolocrete is widespread across the landscape, 

associated with drainage and palaeodrainage channels (Mann and Horwitz, 1979). The 

dolocrete occurs over a range of elevations, including within lowlands of the Fortescue 

Valley palaeodrainage (~400-500 m above sea level) and in valleys and drainage lines in 

the Hamersley and Chichester Ranges (>600 m above sea level) that flank the Fortescue 

Valley (Barnett and Commander, 1985; Kneeshaw and Morris, 2014). This setting 

provides a novel opportunity to compare dolocrete formed in varying landscape positions. 

The abundance of dolocrete within the Hamersley Basin suggests that regional 

hydroclimatic and environmental conditions were conducive to dolomite precipitation. 

Despite the widespread occurrence, detailed examination of the dolocretes, including 

stable isotope analysis, has never been undertaken (Barnett, 1981).  

1.2 Research aims and approach  
The overarching goal of this thesis is to increase understanding of dolomite precipitation 

in low temperature environments. My research focussed on dolomite (dolocrete) formed 

within continental shallow groundwater systems within the semi-arid Hamersley Basin, 

northwest Australia. Specifically, I sought to:  
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i) Establish the broader environmental and hydrological controls on 

groundwater dolomite formation in varying landscape positions;  

ii) Identify the specific hydrochemical conditions and mechanisms of dolomite 

precipitation; and 

iii) Evaluate the potential role of microbes and other factors that may facilitate 

dolomite precipitation within low temperature groundwater environments. 

The south-east of the Hamersley Basin in the Upper Fortescue Catchment contains a 

number of dolocrete outcrops associated with major creek lines in the Hamersley Ranges 

as well as dolocrete occurring within the terminal basin of the catchment, the Fortescue 

Marsh (see Skrzypek et al., 2013, 2016). The approach of this research was to analyse the 

textural characteristics, mineralogy and geochemistry of a series of dolocrete cores 

obtained from different landscape positions. The attributes of the dolocrete profiles as 

well as the chemistry and morphology of dolomite inform on the formation conditions, 

processes and environment.  

1.3 Thesis structure 
This thesis is presented as a series of papers in agreement with The University of Western 

Australia Doctor of Philosophy guidelines for the content and format of a thesis.  The 

papers comprise experimental chapters 2, 3 and 4 alongside contextual forewords and 

have been edited in content and format for consistency where possible. The papers are 

included as full text of the published research articles (Chapter 2 and 3) or submitted 

manuscripts (Chapter 4). Consequently, there may be minor repetition of background, site 

description and methodological information among chapters. The experimental chapters 

are self-contained and include a separate rationale and literature review, site description, 

methods, results, discussion and conclusions specific to the chapter.  

Chapter 2 and 3 investigate the geomorphic, environmental and hydrological conditions 

and processes within the Upper Fortescue Catchment of the Hamersley Basin that resulted 

in dolomite precipitation and large-scale dolocrete development within a lowland setting, 

in the terminal basin (Chapter 2), and in an upland setting, upgradient of a major creek 

(Chapter 3). Available geological, geomorphic and hydrogeological data and literature 

was reviewed to better understand the broad distribution and landscape positions in which 

dolocrete occurs and recording field observations. Dolocrete cores from the different 

landscape positions were obtained and analysed using a variety of sedimentological, 

mineralogical, geochemical and microscopic techniques, to characterise the type of 
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dolocrete occurrences within the Hamersley Basin and provide environmental indicators. 

In particular, stable isotope geochemistry of carbonate and groundwater was used to 

establish hydrochemistry of water from which carbonate precipitation occurred. The 

combined environmental, geomorphic and hydrological information was used to provide 

a model for dolocrete formation. The dolocrete profiles provide an archive of 

environmental and hydrological information for the period of dolomite precipitation. 

Consequently, consideration of the palaeoenvironment indictors from dolocretes and 

timescales of dolocretization are also discussed in Chapter 2 and 3.  

Chapter 4 presents more detailed mineralogical and micro-analysis of dolocrete cores to 

further investigate the mechanisms of dolomite precipitation and ascertain whether there 

are other biotic or abiotic factors that contribute to dolomite nucleation and growth. I used 

conventional x-ray diffraction techniques as well as novel hyperspectral scanning of drill 

cores to provide continuous mineral logs. These analyses were coupled with scanning 

electron microscopy to identify features, such as microbial material, mineral associations 

and or crystal characteristics, which inform on the mechanisms of dolomite precipitation. 

The final chapter (5) summarises the outcomes of the preceding chapters and provides a 

general discussion of the overall work in the context of current understanding of low 

temperature dolomite precipitation and the conditions and processes of groundwater 

dolocrete formation. The implications of my research for both mineralogical, 

sedimentological and palaeoenvironmental studies, both in Australia and worldwide, are 

presented and resultant opportunities and further research questions are considered.  
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Chapter 2. Dolomite formation in a 
terminal basin: the Fortescue Marsh 
 

Foreword 

Chapter 2 analyses carbonate sediments and groundwater from the Fortescue Marsh, the 

terminal basin of the Upper Fortescue Catchment in the Hamersley Basin. This chapter 

aims to reconstruct the past environmental and hydrological processes and identify the 

specific hydrochemical conditions that resulted in two distinct periods of dolomite 

precipitation within the marsh. Multiple phases of dolocrete formation in the marsh 

informed on changing hydrological, climatic and geomorphic conditions during the 

Cenozoic and allowed for the reconstruction of the hydrological history of Fortescue 

Marsh.  

The content of this chapter is a published journal article in Quaternary Science Reviews, 

Vol 185, 172-188 (2018; DOI: 10.1016/j.quascirev.2018.02.007) and is referred to in text 

as Mather et al., 2018 in subsequent Chapters 3 and 4.  
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Palaeoenvironmental and palaeohydrochemical conditions of 

dolomite formation within a saline wetland in arid northwest 

Australia 

2.1 Abstract  
Groundwater dolocrete occurring within the Fortescue Marsh, a large inland wetland in 

the Pilbara region of northwest Australia, has been investigated to provide 

palaeoenvironmental and palaeohydrological records and further the understanding of 

low temperature dolomite formation in terrestrial settings over the Quaternary Period. 

Two major phases of groundwater dolocrete formation are apparent from the presence of 

two distinct units of dolocrete, based on differences in depth, δ18O values and mineral 

composition. Group 1 (G1) occurs at depth 20 to 65 m b.g.l. (below ground level) and 

contains stoichiometric dolomite with δ18O values of -4.02 to 0.71 ‰. Group 2 (G2) is 

shallower (0 to 23 m b.g.l.), occurring close to the current groundwater level, and contains 

Ca-rich dolomite ± secondary calcite with a comparatively lower range of δ18O values (-

7.74 to -6.03 ‰). Modelled δ18O values of palaeogroundwater from which older G1 

dolomite precipitated indicated highly saline source water, which had similar stable 

oxygen isotope compositions to relatively old brine groundwater within the Marsh, 

developed under a different hydroclimatic regime. The higher δ18O values suggest highly 

evaporitic conditions occurred at the Marsh, which may have been a playa lake to saline 

mud flat environment. In contrast, G2 dolomite precipitated from comparatively fresher 

water, and modelled δ18O values suggested formation from mixing between inflowing 

fresher groundwater with saline-brine groundwater within the Marsh. The δ18O values of 

the calcite indicates formation from brackish to saline groundwater, which suggests this 

process may be associated with coeval gypsum dissolution. In contrast to the modern 

hydrology of the Marsh, which is surface water dependent and driven by a flood and 

drought regime, past conditions conducive to dolomite precipitation suggest a 

groundwater dependent system, where shallow groundwaters were influenced by 

intensive evaporation. 

2.2 Introduction 

Dolomite, CaMg(CO3)2, is a relatively common mineral in carbonate deposits worldwide, 

mostly within marine dolostone formed by replacement of limestone. However, in recent 

decades dolomite has been recognised more frequently in continental sediments, often 

occurring in saline evaporitic environments in proximity to saline lakes or playas, in arid 

climates (Müller et al., 1972; Last, 1990). Surficial dolomite precipitates from carbonate-
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rich ground or surface waters and encompasses a variety of forms including palustrine 

and lacustrine dolomite precipitated in wetlands and lakes (Alonso-Zarza, 2003) as well 

as groundwater and pedogenic dolomite that develop by replacement and cementation 

processes in the phreatic to vadose zone (Wright and Tucker, 1991). However, the 

processes controlling dolomite precipitation and dolomitization in terrestrial 

environments remain largely unknown. Precipitation of dolomite is strongly controlled 

by reaction kinetics and is inhibited at surface temperatures and pressures (Morrow, 

1982a), although laboratory studies by Vasconcelos et al. (2005) and Wright and Wacey 

(2005) have demonstrated primary dolomite precipitation in the presence of sulphate-

reducing bacteria. More recently, Zhang et al., (2012a; 2012b) observed abiotic 

nucleation and growth of disordered dolomite from high dissolved sulphide solution and 

later with dissolved polysaccharides; and Roberts et al., (2013) demonstrated carboxyl 

groups may promote the nucleation of dolomite as Mg-ions are dewatered and bound to 

the carboxyl sites, overcoming the kinetic barriers of precipitation. These observations 

raise the question as to what hydrological conditions and environments may promote 

dolomite formation.   

The presence of dolomite indicates specific hydrochemical conditions that have favoured 

dolomite formation, including elevated Mg/Ca, high salinity and high alkalinity and 

therefore, high CO3
2- activity (Folk and Land, 1975; Morrow, 1982a; Hardie, 1987; De 

Deckker and Last, 1988). Evaporative concentration combined with calcite precipitation 

along a hydrological flow path results in increasingly saline groundwater and higher 

Mg/Ca waters, which may ultimately precipitate dolomite (Arakel, 1986; Jones and 

Deocampo, 2003). Degassing of CO2 from emerging waters at groundwater discharge 

zones also promotes carbonate precipitation as it decreases total carbonate species, while 

carbonate alkalinity remains constant, resulting in increasing pH of groundwater during 

evaporative concentration and subsequently higher CO3
2- activity (Eugster, 1980; 

Morrow, 1982a). Dolomite may therefore, occur in depressions towards the centre of 

drainage basins and at groundwater discharge zones (Mann and Horwitz, 1979). Higher 

Mg/Ca ratios in groundwater may also occur in basins where there has been weathering 

of high-Mg rocks, such as marine dolomite or Mg-rich volcanics (Last and De Deckker, 

1990; Alonso-Zarza and Martín-Pérez, 2008; Jones et al., 2009; Dogramaci and 

Skrzypek, 2015). Groundwater calcrete and dolocrete (based on the genetic classification 

of calcrete types by Carlisle (1983), but pertaining to deposits composed dominantly of 

dolomite), have been previously identified as part of the continuum of groundwater 
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precipitates along drainage and palaeodrainage systems of inland Australia and are often 

tens of metres thick and laterally expansive (Mann and Horwitz, 1979; Arakel and 

McConchie, 1982; Arakel, 1986). Groundwater dolocretes have also been recognised 

within alluvial sediments in the Paris Basin (Thiry, 1989; Spötl and Wright, 1992) and 

Provence Basin (Colson and Cojan, 1996) in inland France; in the Sado and Lisbon Basin 

in Portugal (Pimentel et al., 1996); and in the coastal region of Kuwait along the Arabian 

Gulf (Khalaf, 1990; El-Sayed et al., 1991). The models presented for groundwater 

dolocrete formation highlight the importance of groundwater hydrochemical evolution in 

the lower reaches of closed basins (Mann and Horwitz, 1979; Arakel, 1986; Armenteros 

et al., 1995) as well as mixing between relatively fresh groundwater with saline 

groundwater, commonly surrounding saline-playa lakes in evaporitic basins (Colson and 

Cojan 1996; Jutras et al., 2007) but also marine groundwaters in coastal environments 

(El-Sayed et al., 1991; Williams and Krause, 1998; Khalaf et al., 2017). The mixing of 

groundwaters increases the alkalinity, which both increases silica solubility and reduces 

dolomite solubility, favouring replacement of silicate host sediments by dolomite (Arakel 

and McConchie, 1982; Deelman, 2003). The previous studies of groundwater dolocrete 

have suggested that local groundwater chemistry was most likely conducive to direct or 

early diagenetic dolomite formation resulting in dolocretization of host sediments, 

evidenced by primary dolomite euhedral crystals and lack of calcite precursors (Arakel, 

1986; Khalaf, 1990; El-Sayed et al., 1991; Spötl and Wright, 1992). This is in contrast to 

dolomitic horizons occurring within groundwater calcrete profiles, formed by 

dolomitization of calcite, usually within the capillary zone where evaporation has the 

greatest effect on shallow groundwater (Arakel, 1986). Dolocretes remain largely 

undocumented in comparison to calcretes and have also been neglected in the 

investigation of terrestrial dolomite formation, which has mostly focussed on lacustrine 

dolomite occurring in proximity of the coastline and influenced by marine groundwaters 

(Clayton and Jones, 1968; Rosen et al., 1989; Rosen and Coshell, 1992). Groundwater 

dolocrete within inland continental settings may therefore provide new insights into the 

mechanisms of dolomite formation in terrestrial environments.  

The chemistry and stable isotopic composition of carbonate minerals are indicative of the 

hydrochemical conditions in which they precipitated (Craig, 1953; Emrich et al., 1970; 

Vasconcelos et al., 2005) and have been used successfully as a tool for 

palaeoenvironmental reconstruction (eg. Hays and Grossman, 1991; Hay and Keyser, 

2001; Deutz et al., 2001; Bustillo et al., 2002; Alonso-Zarza, 2003; Cyr et al., 2005; 
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Bowen et al., 2008). Groundwater dolocrete associated with evaporitic basins in inland 

settings provides an important continental archive of palaeoenvironmental and 

palaeohydrological conditions, which has thus far been largely overlooked. A unique 

drilling program, conducted in 2011 by Rio Tinto Iron Ore at the Fortescue Marsh, a large 

inland wetland in the Pilbara region of northwest Australia, revealed dolocrete deposits 

of up to 20 m thick occurring with the Marsh sediments. This provided a new opportunity 

to utilise dolomite geochemistry to improve our understanding of the physiochemical 

environments and hydrological processes involved in groundwater dolocrete formation 

and therefore, advance knowledge of the conditions of terrestrial dolomite formation and 

provide palaeoenvironmental and palaeohydrological records. In this study we investigate 

the geochemistry and stable isotope compositions of dolomite and groundwater from 

various depths within the Marsh to; 1) produce a first assessment of the mineralogy and 

geochemistry of dolocrete within the Marsh; 2) understand the hydrological processes 

and chemical conditions resulting in dolocrete formation; and 3) utilise this information 

to produce records of palaeoenvironmental and palaeohydrological conditions.  

2.3 Site Description 

2.3.1 Geological Setting 
The Fortescue Marsh is an ephemeral wetland located in the semi-arid Hamersley Basin 

in the Pilbara region of northwest Western Australia (Figure 2.1). The basement under 

the Marsh is composed of crystalline blue-grey dolomite of the Wittenoom Formation 

(Barnett and Commander, 1985; Skrzypek et al., 2013). The incision of the Hamersley 

Basin sedimentary rocks in the Late Cretaceous to Paleogene, under a more humid 

climate, resulted in the formation of the Fortescue Valley palaeodrainage (Barnett 1981; 

MacPhail and Stone, 2004). The Marsh occupies the lowest part (~400 m a.s.l), extending 

over ~1,100 km2 between the Chichester and Hamersley Ranges in the Eastern Fortescue 

Valley and is the terminal basin of the Upper Fortescue River (Skrzypek et al., 2016). The 

Marsh is separated from the Lower Fortescue River by the Goodiadarrie Hills, located on 

the western edge of the Marsh (Figure 2.1). The Fortescue Valley lowlands have filled 

with Cretaceous to Holocene alluvium and colluvium (Barnett 1981). Barnett (1981) 

described the sediments of the Western Fortescue Valley in the adjacent Lower Fortescue 

River catchment and found a sequence of colluvial, alluvial and lacustrine sediments of 

up to 120 m thick. The sediments grade from Cretaceous to Paleogene iron-rich pisolitic 

and conglomerate fluvial and channel fill sediments overlying the Wittenoom Formation 

basement, through dolomite of the Millstream Formation, lacustrine clay and alluvial 
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sediments (Barnett, 1981). Unconsolidated Quaternary alluvial and colluvial clay and silt 

sediments of up to ~30 m cover much of the valley (Barnett, 1981). However, due to the 

remote nature of the Marsh in the Eastern Fortescue Valley, lack of mineral resources in 

the Marsh itself and protection due to environmental and heritage significance, there is 

very limited information on the specific nature of the Fortescue Marsh sediments. The 

drilling program conducted by Rio Tinto Iron Ore in 2011, provided the first overview of 

the distribution of sediments within the Marsh, revealing ~15 to 80 m of alluvium, 

colluvium and chemical sediments overlying the Wittenoom Formation basement. Multi-

metre carbonate dominated layers were found in several drill cores within the Marsh 

sediments. The recorded lithologies of drill cores for two transects across the Marsh are 

presented in Figure 2.2. However, as the cores were drilled by sonic rigs for 

hydrogeological research purposes the information is limited and no detailed lithological 

descriptions are provided.  

 

Figure 2.1: The location of the study area, the Fortescue Marsh of the Hamersley Ranges, 
Western Australia, and locations of boreholes drilled during this project. Colour indicates 
locations of dolocrete units (G1 and or G2 dolocrete), occurring within drill cores.  
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Figure 2.2: Cross sections across the Fortescue Marsh, showing the distribution of sediments, 
location of carbonate and recent groundwater level. Cross-section lines are shown in map Figure 
2.1. The values provided on the cross-sections are δ18OVPBD analysed in carbonates. 

Groundwater calcrete extends along drainage and palaeodrainage channels throughout 

much of the Hamersley Basin and form large platforms of calcretised drainage plains in 
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valley floors (Mann and Horwitz, 1979; Barnett and Commander, 1985; Payne, 2004). 

However, dolomite within the Millstream Formation is the only reported occurrence of 

terrestrial dolomite in this region and is considered to be of Miocene to Pleistocene age, 

most likely early-mid Pleistocene (Barnett, 1981; Macphail and Stone, 2004). The 

Millstream Formation is described as being up to 46 m thick and consists of interbedded 

dolomite, silcrete, calcareous clay and conglomerate with layers of illite-nontronite clay 

occurring in the lower 10-15 m of the sequence (Barnett, 1981). The dolomite is often 

calcareous above the water table and has well developed secondary porosity which is 

commonly lined by chalcedonic silica (Barnett, 1981). Barnett (1981) proposed that the 

Millstream Formation was deposited as a lacustrine sequence of carbonate and clay 

sediments, indicated by the presence of gastropods and bivalves in some locations, 

punctuated by minor intervals of alluvial deposition. The origin of dolomite and silcrete 

is interpreted to have formed later by diagenetic alteration of the Millstream Formation 

sediments by circulating groundwaters. Lacustrine-fluvial carbonate deposits of 

presumed equivalent age are also reported within the Oakover Formation which overlies 

ironstone deposits proximal to the Marsh (Ramanaidou et al., 2003; Kneeshaw and 

Morris, 2014). Despite the widespread occurrence and potentially high value as records 

of palaeoenvironment and palaeohydrological conditions, terrestrial carbonates in the 

Hamersley Basin have not been studied. The archive is of particular interest as the Pilbara 

region has few proxies available for palaeoenvironmental reconstruction (Reeves et al., 

2013; O'Donnell et al., 2015; Rouillard et al., 2016).  

2.3.2 Climate and hydrology 
The Hamersley Basin experiences a semi-arid climate, with a low annual average rainfall 

of ~350 mm/y (www.bom.gov.au/climate/data/). Rainfall distribution is highly variable 

and characterised by extended periods of drought with occasional high intensity rainfall 

events, associated with tropical low pressure systems and cyclone activity (Rouillard et 

al., 2015). Rainfall is therefore seasonal, occurring mostly in summer between December 

and March. Mean maximum temperatures across the Hamersley Basin range from 35-

40oC in summer (Dec-Mar) and 24-27oC in winter (Jun-Aug) (Newman and Wittenoom 

weather stations; www.bom.gov.au/climate/data/). The rate of evaporation is high and 

potential pan evaporation usually exceeds 2,600 mm annually 

(www.bom.gov.au/jsp/ncc/climate_averages/evaporation/index.jsp) an order of 

magnitude greater than rainfall. 
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The Marsh is a surface water dependent ephemeral wetland and acts as a hydrologically 

terminal basin for ~31,000 km2 of the Upper Fortescue River catchment (Skrzypek et al., 

2016). Surface flows and flooding across the Marsh are episodic, occurring in response 

to intense rainfall events (Rouillard et al., 2015). Floodplains located along the Fortescue 

River channel, referred to as the central Marsh, experience episodic inundation and 

contains some small permanent and semi-permanent pools (Rouillard et al., 2015). Flood 

waters are delivered from the east by the Upper Fortescue River and from numerous 

ephemeral creeks on the southern and northern flanks of the Marsh (Figure 2.1; Skrzypek 

et al., 2013). The main aquifers under the Marsh are the colluvial and alluvial aquifers, 

which have highly variable permeability due to the complex range of unconsolidated to 

consolidated sediments (Skrzypek et al., 2016). These aquifers are locally confined by 

relatively impermeable horizons of massive clays and of cemented silcrete and calcrete 

(Dogramaci et al., 2012). The Wittenoom Formation comprises an extensive regional 

fractured aquifer system, characterised by relatively fresh, bicarbonate rich groundwater 

(Dogramaci et al., 2012). However, underlying the Marsh, the Wittenoom Formation is 

not fractured and therefore connectivity between the overlying alluvial and colluvial 

aquifers is limited. The Wittenoom basement under the Marsh is variable but generally 

arises at the Marsh outlet restricting alluvial/colluvial groundwater outflow to a relatively 

narrow “alluvial window” <0.35 km2 (Skrzypek et al., 2016). Subsurface flow in the 

Marsh is approximately east to west, across the flood plain (Skrzypek et al., 2013). 

However, hydraulic gradients across the Marsh are close to zero and groundwater 

discharge to the Lower Fortescue River is extremely low i.e., <2 GL/y (Skrzypek et al., 

2016). The groundwater level across the Marsh is between 0 and 5 m b.g.l. (below ground 

level) at the centre and up to ~60 m b.g.l. at the flanks on alluvial fans (Figure 2.1; 

Skrzypek et al., 2016). Water table depth across the Marsh varies seasonally in response 

to the flood-drought regime.  

The interaction between groundwater and surface water is a major controlling factor on 

the hydrochemical evolution of water within wetlands, such as the Marsh (Skrzypek et 

al., 2013), as well as the composition and distribution of precipitates (Bowler, 1986). 

Fresh floodwater becomes progressively brackish and evaporates completely (except in 

some small pools) with the onset of dry season (Rouillard et al., 2015). However, salt 

efflorescences are rarely present on the dried surface as they are washed away by vertical 

infiltration during subsequent flood events, delivering additional salt to the groundwater 

below the Marsh (Skrzypek et al., 2013). Despite continuous addition of salts to 
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groundwater, the shallow waters (0-20 m b.g.l.) are mostly fresh to brackish whereas deep 

groundwater (>50 m b.g.l.) is highly saline (Skrzypek et al., 2013). This setting is in 

contrast to the majority of inland wetlands and lakes in arid zones that are groundwater 

dependent and most commonly have shallow groundwaters of higher salinity due to direct 

evaporation of inflowing groundwater (Johnson, 1980; De Deckker, 1988; Dutkiewicz et 

al., 2000).  

2.4 Sampling and analytical methods 
Eight out of the twenty bores drilled across the Marsh had carbonate units 

(calcrete/dolocrete) of at least 2 m thick, identified within the drill cores (Figure 2.1). 

From these cores, 25 representative samples were obtained from carbonate-rich 

lithologies from varying depths (up to 63 m b.g.l.). Seven representative samples were 

also extracted from the basement rock of the Wittenoom Formation dolomite for 

comparison. The nature of the sonic drill core, which produces rock chips, and lack of 

outcrops at the Marsh meant that detailed lithological descriptions of the carbonate 

profiles was not possible and is in part, the reason for the study focus on geochemical and 

stable isotope analysis of powdered samples.  

Petrographic analysis was completed on polished thin sections using transmitted light 

microscopy and using a Verios XHR scanning electron microscope (SEM) fitted with an 

Oxford instruments SDD-X-Max energy dispersive X-Ray (EDX) spectrometer at the 

Centre for Microscopy, Characterisation and Analysis, The University of Western 

Australia. Major element (Ca, Fe, Mg, Na, Rb, Si, Sr, Ti, Al) compositions were 

determined using X-ray fluorescence spectrometry (XRF) by Mineralogical Services, 

CSIRO, Adelaide. Approximately 5 g of each sample was powdered and fused with 

lithium metaborate/tetraborate flux (12:22 Norrish flux) at 1050°C to create a glass bead 

prior to analysis using a Philips PW1404 XRF spectrometer. Loss of ignition was 

determined at 1050°C. Samples were analysed as air-dried random powders by X-ray 

diffraction (XRD) to determine bulk mineralogy. X-ray data was collected using a Philips 

PW1830 diffractometer, equipped with Cu Kα radiation and operated at 50 kV and 20 

mA. An angular range of 3 to 70o 2θ was measured with a step size of 0.02o 2θ and an 

integration time of one second. An internal halite (NaCl) standard was added to each 

sample and peak positions were adjusted by accurate location of reflections from the 

standard. The molar proportion of CaCO3 in dolomite was estimated from the position of 

the d(104) reflection, using the linear equation derived by Lumsden (1980) to establish 
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dolomite stoichiometry. Magnesium substitution in calcite was estimated based on curves 

developed by Goldsmith and Graf (1958) and Zhang et al. (2010). These data were 

combined with measured elemental compositions to calculate a semi-quantitative 

mineralogy.  

The δ13C and δ18O values of carbonate samples were analysed using a GasBench II 

coupled with a Delta XL Mass Spectrometer (Thermo-Fisher Scientific) at the West 

Australian Biogeochemistry Centre at The University of Western Australia. Samples of 

carbonate powder were flushed with ultra-high purity helium (99.999 %) and reacted with 

0.05 mL of 100 % phosphoric acid at 50oC (Paul and Skrzypek, 2006; Paul and Skrzypek, 

2007). In order to obtain calcite and dolomite stable isotope compositions, each sample 

was analysed twice using different reaction times: 24 h for total carbonates (calcite and 

dolomite) and 15 minutes for calcite only. The δ13C and δ18O values of carbonate samples 

were normalised to VPBD scale using three international reference materials (LSVEC = 

-46.6 ‰, NBS 18 = -5.01 ‰ and NBS 19 = 1.95 ‰ for δ13C and; NBS 18 = -23.01 ‰ 

and NBS 19 = -2.2 ‰ for δ18O), following a three and two point normalisation and 

reported in per mil (Skrzypek, 2013; Brand et al., 2014). The external uncertainty of stable 

isotope analyses is <0.1 ‰ for δ13C and <0.15 ‰ for δ18O (1 standard deviation). The 

dolomite stable isotope composition of mixed carbonate samples were calculated using a 

stable isotope mass balance model and the difference between the δ13C and δ18O values 

of total carbonates and calcite. The relative proportions of calcite and dolomite in samples 

were calculated based on sample weights and amount of produced CO2 recorded as the 

area of all peaks for molecular masses 44-45-46. These values were in agreement with 

the proportion of dolomite determined by XRF and XRD. The δ18O values of dolomite 

samples originally measured versus calcite standards were recalculated using acid isotope 

fractionation factors (Das Sharma et al., 2002).  

Eleven samples from shallow (< 25 m b.g.l.) carbonate horizons were analysed for 

conventional radiocarbon age using accelerator mass spectrometry (AMS) at GNS Rafter 

Radiocarbon Laboratory, New Zealand, to test whether shallow carbonate was within the 

range of 14C dating. Samples were surface etched by treating in 0.5 M HCl for 1 minute 

to remove potential contaminants. The treated samples were ground by mortar and pestle 

prior to combustion at 900oC for four hours in evacuated, sealed quartz tubes with cupric 

oxide and silver wire. Evolved CO2 was cryogenically purified by passing through 

ethanol and dry ice traps to remove water then converted to graphite by reduction with 
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hydrogen over an iron catalyst. The reported conventional 14C ages of samples (Stuiver 

and Polach, 1977) were calibrated using OxCal 4.2 software (Bronk Ramsey, 2009) and 

SHCal13 (Hogg et al., 2013). All 14C ages are reported as calibrated years before present 

(cal. yrs BP) with 95.4 % probability (Bronk Ramsey, 2009).  

Groundwater samples were collected from piezometers installed at 20 locations (Figure 

2.1), screened in the various aquifers, after pumping out at least three casing volumes. 

Sampling was conducted five times over approximately two years (April 2013, August 

2013, May 2014, October 2014 and May 2015), although not all bores were accessed for 

all sampling campaigns. Water samples for analyses of major ion concentrations, pH, 

electrical conductivity (EC), total dissolved solids (TDS) and alkalinity were collected in 

0.5 L containers and analysed by SGS Laboratories Australia Pty Ltd in Perth, Western 

Australia. Samples were analysed using Inductively Coupled Plasma-Optical Emission 

Spectrometry (ICP-OES, method ref. APHA 3120B) for Ca, Fe, Mg, Na, K, Si and Sr 

cations, discrete Analyser in Water by Aquakem DA for SO4
2- and Cl- anions (method 

ref. APHA 4500), Br- by ion chromatography (method ref. APHA 4110B) and HCO3
- 

alkalinity by acid titration (method ref. APHA 2320). The aqueous geochemical 

modelling software, PHREEQC, was used to determine the activity of ions in solution 

and to calculate saturation indices (Parkhurst and Appelo, 1999).  

The stable hydrogen (δ2H) and oxygen (δ18O) isotope compositions of water samples 

were measured using an isotopic water analyser and a Picarro L1102-i (Picarro, Santa 

Clara, California, USA) at the West Australian Biogeochemistry Centre, The University 

of Western Australia. The δ2H and δ18O values were normalised to VSMOW-SLAP scale 

following a three point normalisation (Skrzypek, 2013) based on laboratory standards, 

each replicated twice and reported in per mil (‰) (Skrzypek and Ford, 2014). All 

laboratory standards were calibrated against international reference materials determining 

the VSMOW-SLAP scale (Coplen, 1996) provided by the International Atomic Energy 

Agency (IAEA) (δ2HVSMOW and δ18OVSMOW equals 0 ‰ and δ2HSLAP = −428.0 ‰ and 

δ18OSLAP = −55.50 ‰). The analytical uncertainty (one standard deviation) was 

determined as 1.0 ‰ for δ2H and 0.1 ‰ for δ18O. Water samples were analysed for δ13C 

of dissolved inorganic carbon (DIC) using a GasBench II coupled with Delta XL Mass 

Spectrometer (Thermo-Fisher Scientific). Water samples were reacted at 25°C for 24 hrs. 

The δ13C values were converted to VPBD after a three point normalisation based on 

international standards provided by the IAEA (L-SVEC, NBS19 and NBS18 with values 
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as reported by (Coplen et al., 2006). The external error of δ13C analyses is less than 0.1 

‰.  

2.5 Results 

2.5.1 Carbonate distribution, mineralogy and geochemistry 
Two dolocrete units were identified within the Fortescue Marsh (see Appendix A for 

determination of dolomite by XRD); Group 1, a lower unit, buried by 20 to 50 m of 

sediment; and Group 2, an upper unit, where if not occurring at the surface, was overlain 

by < 8 m of clay or gravelly clay. Both units did not occur at all locations, however, a 

number of drill cores in the Weeli Wolli alluvial fan did contain both dolocrete units (5D, 

6D, 6E). The lower Group 1 (G1) was mostly 2 to 8 m thick but reached up to 20 m thick 

within the centre of the Marsh (Figure 2.2 cross-section A-B; bores 3B, 6D, 7B and cross-

section C-D; 5D and 6E). G1 was underlain by silcrete or siltstone and overlain by clay, 

which commonly contained gypsum, including centimetre scale lenticular gypsum 

crystals and clusters within 7B and 9B cores. Bore 6E also contained an additional 2 m 

of dolocrete (63 – 65 m b.g.l) directly overlying basement rock, separated from a G1 layer 

(38 - 45 m b.g.l) by 17 m of silcrete, as well as a shallow Group 2 layer occurring from 4 

to 23 m b.g.l (Figure 2). The upper Group 2 (G2) dolocrete ranged from 5 to 19 m thick 

and layers were relatively continuous throughout the mid to lower alluvial fan as well as 

at the Marsh inlet (Figure 2.2 cross-section A-B; bores 6D and 10A and cross-section C-

D; bores 5D, 6E and 8G), but did not occur in the central Marsh. Carbonate-rich zones 

were observed at similar depths within silcrete units (8G and 7C), which were also 

abundant in the Marsh sediments. Two metres of carbonate was also present at the surface 

at the outflow point of the Marsh at bore 2A, adjacent to Goodiadarrie Hills (Figure 2.1). 

However, carbonate from 2A was not available initially and was not included in the 

geochemical and mineral analysis although was later accessed for radiocarbon dating. 

The G2 dolocrete is separated from the underlying G1 unit by clay dominated sediments, 

ranging from 4 m to 43 m thick. The G1 dolocrete is not laterally continuous across the 

Marsh, however, carbonate replacement and cementation was present within adjacent 

sediments but not as well developed. Other sediments within the Marsh were largely 

gravelly clay and siltstone alluvial deposits and to a lesser extent colluvial deposits of 

gravelly sands, which were more common towards the western edge of the Marsh, near 

Goodiadarrie Hills.  
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Distinctions in the mineralogy, geochemistry and stable oxygen isotope compositions 

were apparent between the two dolocrete units (Appendix B Table B1, B2, and B3). The 

mineralogy of G1 dolocrete consisted of dolomite, with lesser proportions of quartz, 

palygorskite-sepiolite clay and Fe-oxides. G1 dolomite was stoichiometric (49-52 mol% 

CaCO3), contained no traces of calcite and had δ18O values of -4.02 to 0.71 ‰ (mean = -

2.40 ‰; Figure 2.3; Appendix B Table B1). The G2 mineral assemblage was more varied 

and consisted of dolomite, palygorskite-sepiolite clay ± calcite ± Fe-oxides ± kaolinite. 

G2 dolomite was Ca-rich (54-58 mol% CaCO3) with a comparatively lower and narrow 

range of δ18O values of -7.18 to -6.42 ‰. Calcite in G2 mostly occurred close to 

groundwater level and was the dominant carbonate mineral in six samples analysed. The 

calcite was low-Mg (<5 mol% MgCO3) and δ18O values ranged from -7.74 to -6.03 ‰. 

The stable carbon isotopic compositions of dolomite were similar for both units. The δ13C 

values of the G1 dolomite ranged from -6.92 to -4.72 ‰. G2 samples fall within a slightly 

narrower range with values of -6.4 to -4.91 ‰ for dolomite and -5.99 to -4.92 ‰ for 

calcite. There is a general decrease in δ13C values with depth (R2= 0.44, p = 0.013) for 

G1 carbonates (Figure 2.3). The δ13C values of basement Wittenoom dolomite samples 

are isotopically distinct from the dolocrete samples and fall within a narrow range of -

0.41 to 0.23 ‰, indicative of their marine origin (Appendix B Table B1). 

 

Figure 2.3: The stable carbon and oxygen isotope composition and Mg/Ca with depth of G1 and 
G2 carbonate samples.  
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The micromorphology of dolocrete samples displays the replacive nature of the deposits, 

where the host sediment fabrics are preserved but have been mostly replaced by dolomite 

(Figure 2.4). G1 host sediment predominantly has clay and silt size matrix and some 

samples have peloidal fabrics (Figure 2.4A) with peloids of ~100 µm to 2mm, which have 

been replaced by dolomite. Partially to fully replaced allochems of detrital quartz and 

compound clasts of mixed sediments were observed in some samples, but were relatively 

rare other than for #23 at 3B, which contained coarser heterogeneous host sediment 

including Fe-oxide dominated nodules (Figure 2.4B), silicate grains and compound clasts, 

the latter two almost entirely replaced by dolomite and palygorskite. G1 dolomite textures 

are predominantly unimodal with crystals mostly ranging between ~1 and 20 µm and 

often finely intermingled with clays, most commonly authigenic palygorskite (Figure 

2.4E). The crystal boundaries were most commonly planar-subhedral but varied between 

samples and within samples and included planar euhedral and non-planar boundaries, 

likely due to differences in host sediment texture. Intracrystalline dissolution of zones or 

cores of dolomite crystals (Figure 2.4E and 4G) was evident to some degree in all G1 

samples and resulted in nano to micron scale porosity. Porosity also occurs as 

subspherical vughs (~20-200 µm) and subspherical to angular voids, which appear to be 

from loss of minerals or grains. Isopachous dolosparite cement was often present along 

void edges and around grains (Figure 2.4E). No evidence of calcite precursor was found 

from petrographic observations and EDX analysis of G1 samples. Dolomite accounts for 

>80 % of the mineral assemblage with the exception of samples from 6E, which contain 

significant authigenic silica. Replacive and pore-filling silica is present as mosaics of 

microcrystalline to macrocrystalline quartz (Figure 2.4H). Crystal size generally 

increases towards the centre of voids, with crystals of up to ~500 µm. Sutured contacts of 

microquartz and fibrous chalcedonic silica is also observed.  
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Figure 2.4: Photomicrographs of dolocrete thin sections; (A) Dolomicrite and clay matrix with 
peloidal fabric in G1 #12 -6E at ~44 m b.g.l; (B) Muddy sand host sediments containing Fe-oxide 
cemented pisoliths and clayey –dolomite matrix in G1 #23 – 3B ~27 m b.g.l; (C) Calcitized 
dolocrete with matrix of partially calcitized dolomite, often with oriented calcite rims and calcite 
microspar and spar cements fill in G2 #14 – 6D ~ 7 m b.g.l.; (D) Clusters of partially calcitized 
dolomicrite surrounded by oriented calcite rims, brecciated and cemented by silica in G2 #29 – 
10A ~7 m b.g.l; (E) Backscattered electron (BSE) micrograph of unimodal dolomite matrix with 
crystal diameters of ~1 to 10 µm, intermingled with palygorskite and surrounding a dolospar 
infilled void, the morphology suggests dissolution of earlier mineral or grain. MnO precipitate 
around void edge (#12, 6E at ~ 44 m b.g.l); (F) BSE image of etched quartz grain surrounded by 
calcite cement within a matrix of partially calcitized dolomite. (#14, 6D ~7 m b.g.l); (G) BSE 
micrograph of dolomite rhombs (~10 to 50 µm) with partially dissolved zones, interspersed with 
palygorskite in G1 #23 – 3B ~27 m b.g.l and; (H) cross-polarised micrograph showing layering of 
pore-filling micro to macrocrystalline quartz  (#8, 6E ~63 m b.g.l). Dol = dolomite, Pal = 
palygorskite, MnO = manganese oxide.  
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The host sediment of G2 dolocrete includes mudstone and sandy mudstones. Coarser 

sediments, such as muddy and gravelly sands occurring at 8G and 7C, are less replaced 

by carbonate and are associated with silcrete units. Sand size grains in G2 are mostly 

detrital quartz, some of which are partially dissolved and etched, and compound clasts of 

clay and Fe-oxide minerals (Figure 2.4F). The clayey matrices have been largely replaced 

by dolomite, interspersed with authigenic and remaining detrital clay. XRD and EDX 

analysis indicates palygorskite is common, as well as smectite and sometimes kaolinite. 

G2 dolomite displays massive fabrics, unimodal crystal distribution with crystals mostly 

<10 µm and planar-subhedral boundaries. However, the majority of G2 dolocrete has 

been altered by dedolomitization and silicification. Calcite in G2, appears to be secondary 

and occurs as replacement of dolomite cores or zones, oriented fibrous calcite and as 

intercrystalline or void infill phreatic cements (Figure 2.4F). Radial fibrous calcite is 

common around Mg-rich centres, where calcite has replaced dolomite cores. Some fine-

scale porosity occurs where dissolved cores remain empty. This was observed in the 

majority of G2 samples, including in some samples where the calcite was not sufficient 

to have been detected by XRD. The calcitization is highly variable within profiles and 

occurs at a range of depths of up to 20 m (6E – calcite observed only in thin section). 

Dolocrete occurring at the inlet to the Marsh (10A) has been brecciated and occurs as 

clusters of partially calcitized dolomicrite, surrounded by oriented calcite rims, cemented 

by silica (Figure 2.4D). The silicification is pervasive and has impregnated matrix 

materials and largely replaced remaining host sediments.  

2.5.2 Radiocarbon dating of carbonates 
Radiocarbon dating of G2 carbonates (4-23 m b.g.l) revealed calibrated 14C ages ranging 

from 37 to >45 ka BP (Table 1), with a number of samples older than 45 ka. The 

radiocarbon ages represent total carbonates and therefore may include some secondary 

calcite. Calibrated median 14C ages from near the top and base of G2 carbonate layers in 

the Weeli Wolli alluvial fan are as follows; samples from 5D at depths of 9.5 and 16.6 m 

b.g.l were both >45 ka; carbonate from 6E had a median age of 43.4 ka BP at 4 m depth 

and of >45 ka at 23 m b.g.l; carbonate from 6D had a calibrated age of >45 ka at 2 m 

depth, whereas a deeper sample from 7 m b.g.l had a median age of 41.5 ka BP and; 

samples from 10A had a median age of 38.5 ka BP at 7 m b.g.l and of >45 ka at 14 m 

b.g.l. Other carbonate analysed for radiocarbon included samples from a carbonate 
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horizon at bore 2A which had calibrated median 14C ages of 19.9 ka BP at 1.1 m depth 

and 38.7 ka BP at 2 m.  

Table 2.1: Radiocarbon ages of carbonates from calcrete samples obtained using 14C AMS 
method from the cores collected across the Fortescue Marsh. T, M and B represent approximate 
top, middle or bottom of the carbonate horizon. Sample numbers are also added where they 
correspond to carbonate samples analysed for other properties. Sample BR1 is a surface sample 
from the centre of the Marsh (gypsum dominated). 

Radiocarbon 
laboratory 

codea 

Core ID Sample 
Group 

Sample elevation Conventiona
l age 

Calibrated 
median 

age 

Calibrated 
range of 

ages 
(probabilit
y 95.4 %)    

(m a.s.l.) (m b.g.l.) (years BP) (ka BP) (ka BP) 

R 40731/1 BR1 not 
defined 

407 0 
(surface) 

1,126±26 0.98 0.93-1.1 

R 40731/2 2A-M not 
defined 

407 1.1 16,544±63 19.9 19.7-20.1 

R 40776/2 2A-B not 
defined 

406.1 2 34,249±558 38.7 37.1-40.1 

R 40731/3 5D-T 2 403.1 9.5 44,306±1,74
4 

>>45 - 

R 40776/3 5D-B-
20 

2 396 16.6 44,999±1,85
6 

>>45 - 

R 40776/4 6D-T 2 407.5 2 45,067±1,87
1 

>>45 - 

R 40731/4 6D-B-
14 

2 402.5 7 37,025±705 41.5 40.2-42.6 

R 40776/5 6E-T 2 416.1 4 39,580±957 43.4 42.1-45.2 

R 40776/6 6E-B 2 397.1 23 >>45 ka >>45 - 

R 40731/6 10A-M-
29 

2 393.1 7 34,052±487 38.5 37.0-39.7 

R 40776/8 10A-B-
30 

2 386.1 14 >>45 ka >>45 - 

a Samples analysed by Rafter Radiocarbon, GNS Science, New Zealand and calibrated using OxCal 4.2 
(Bronk Ramsey, 2009) and the SHCal13 calibration curve for Southern Hemisphere (Hogg et al., 2013) 

 

2.5.3 Groundwater chemistry 
Groundwater within the Marsh was neutral to mildly alkaline (pH: 6.7-8.4) and the 

salinity (TDS) ranged from fresh (0.2 g/L) to brine (170 g/L) (Appendix B Table B5). 

The salinity generally increased with depth and towards the centre of the Marsh, with the 

exception of two bores of >100 g/L TDS (7B and 9B), located in the centre of the Marsh, 

which had higher salinity in shallow water compared to deep. Salinity and δ18O values 

were strongly correlated (R2 = 0.93; n = 118; p = <0.001; Figure 2.5A) and the Marsh 

groundwater can be broadly divided into; fresh-brackish water (TDS: <35 g/L, median = 
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7 g/L), ranging from -6.7 to -9.5 ‰ δ18O; and saline-brine water (>35 g/L, median = 91 

g/L) ranging from -6 to +2.3 ‰ δ18O. An exception is 5E-D, located in the SW of the 

Weeli Wolli alluvial fan, which was saline (47-57 g/L) but had a δ18O signature similar 

to brackish waters (mean = -6.9 ‰). The median δ18O value of fresh-brackish water was 

-8.02 ‰ which is representative of alluvial groundwater in the Upper Fortescue catchment 

(Dogramaci et al., 2012). The δ13C values of DIC in groundwater (Figure 2.5B), measured 

from 19 bores at multiple depths, was quite variable ranging from -11.63 to -4.96 ‰ 

(median -9.28 ‰). The δ13C values of groundwater from bores containing dolocrete 

ranged from -11.63 to -7.92 ‰ (median -10.13 ‰) with the most positive value 

corresponding to the 7B bore. Saline bores had generally higher δ13C values compared to 

brackish bores and δ13C values are weakly correlated with δ18O (R2=0.28, p<0.001). 

 

Figure 2.5: The stable isotope and chemical composition of groundwater collected from the 
Marsh area during 2013 and 2014. Groundwater symbols are split into fresh-brackish (TDS = <35 
g/L) and saline-brine (TDS = >35 g/L). D) The water samples below pH 7 are from the 7B shallow 
bore, located in the centre of the Marsh. (F) The δ18O and δ2H of groundwater and the Local 
Meteoric Water Lines (LMWL) for the Hamersley Basin for rainfall events >20 mm and <20 mm 
and the local evaporation line (LEL) as calculated by (Dogramaci et al., 2012).  
 

The δ2H and δ18O values of fresh-brackish groundwater fall to the right of the local 

meteoric water line (Dogramaci et al., 2012; Figure 2.5F) and are distributed close to the 

local evaporation line (LEL), indicating up to 20 % evaporation of modern recharge 

(Skrzypek et al. 2013). However, the δ2H and δ18O values of saline-brine groundwater 
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diverges far to the right of the LEL (Figure 2.5F). Skrzypek et al. (2013) previously noted 

that the δ2H and δ18O values of saline-brine groundwater at the Marsh is consistent with 

mixing between modern recharge and relatively old, highly saline groundwater, formed 

under a different hydrological regime. To understand the range of possible groundwater 

compositions for carbonate precipitation and the relative influence of the two 

groundwater end members, we produced a simple mixing model for Cl content and stable 

oxygen isotope values of groundwater. Modern groundwaters are characterised by a range 

of δ2H and δ18O signatures and can be represented by fresh water inflowing to the Marsh 

as a result of flooding (δ18O = -9.3 ‰, Cl = 1.4 g/L measured at bore 5E) to more saline, 

evaporated water (δ18O = -6.9 ‰, Cl = 3.6 g/L, measured at bore 10A). The second end-

member is represented by deep brine groundwater (δ18O =+2.3 ‰, Cl = 87 g/L, measured 

at bore 9B). The ratios between the two end-members calculated independently from 

mixing mass balance models using Cl concentration and δ18O signatures agrees within 

±10 % (2A, 2B, 3A, 3C, 4C, 6D, 7B, 7C and 9B). Two bores from the central Marsh, 3B 

and 4B, are exceptions and may experience significant additional salt load from seasonal 

wetting and drying processes (Skrzypek et al., 2013). Brackish groundwater with the 

isotope composition diverging below the slope of the LEL (Figure 2.5F; 1C, 1B, 5E, 6D-

S, 6E, 5D, 8G-D) represents minor mixing with the brine water.  

Na and Cl ions dominated the cations and anions in groundwater, with lesser amounts of 

Ca, Mg and SO4. The percentages of Na and Cl ions increased from ~45 % in the 

relatively fresh groundwater (TDS ~10 g/L) to 90 % at the higher end of salinity spectrum. 

Mg/Ca ratios ranged from 0.7 and 10.7 with all but three samples <6 (Figure 2.5C). The 

Mg/Ca ratios generally increased at higher salinities with a median of 1.6 for fresh-

brackish groundwater and of 2.8 for saline-brine groundwater. We assessed the potential 

for precipitation or dissolution of minerals from groundwater in the Marsh using the 

thermodynamic saturation index based on measured groundwater chemistry (Plummer et 

al., 1988). The majority of water samples were saturated in respect to calcite and dolomite 

and the saturation indices generally decrease with increasing salinity. Calcite is more 

soluble than dolomite in saline waters and reaches below saturation for the highly saline 

waters (> ~50 g/L Cl; 7B-S, 9B, 6D-D, 4C-S and 3A-D), suggesting potential for calcite 

dissolution from the aquifer matrix. Dolomite saturation is sustained into more saline 

waters, despite the decreasing trend and was only undersaturated in the shallow, brine 

waters of 7B due to low alkalinity. Gypsum saturation increases with salinity and beyond 

the 36 g/L threshold, as gypsum saturation is reached and remains nearly constant with 
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increase Cl concentrations and was oversaturated in most saline-brine bores (7B-S and I, 

9B, 4C, 4B-D, 3B, 3C-D, 7C-D, 3A, and 2B). All measured groundwater in the Marsh is 

undersaturated in respect to amorphous silica indicating there is no current silica 

precipitation and SI values are similar (median = -0.85) regardless of salinity. The pCO2 

of all measured groundwater, determined from PHREEQC speciation modelling 

(Parkhurst and Appelo, 1999), is higher than that of atmospheric pCO2 (~10-3.5), with the 

majority of samples being an order of magnitude higher (median = 10-2.58). 

2.6 Discussion  

2.6.1 Mode of dolocrete formation 
The Fortescue Marsh dolomites are interpreted to be groundwater dolocrete, developed 

by replacement and cementation of host sediments within the Fortescue Valley 

palaeodrainage. The groundwater origin of dolomites is supported by replacement 

textures, evident from the preservation of host sediment fabric and inclusion of partially 

replaced detrital grains and etched quartz grains, phreatic cements and the lack of 

biogenic structures (Wright and Tucker, 1991; El-Sayed et al., 1991; Spötl and Wright, 

1992). Predominantly massive dolomite textures with unimodal crystal distribution, 

which are common in the Fortescue samples, are often observed in groundwater calcrete 

and dolocrete deposits attributed to the relatively uniform conditions, compared to the 

vadose zone (El-Sayed et al., 1991; Spötl and Wright, 1992; Colson and Cojan, 1996). 

These characteristics, in addition to the multi-metre thickness of dolocrete units and 

heterogeneous distribution within the Fortescue Marsh is consistent with “valley 

dolocrete” as defined by Carlisle et al. (1983) and Nash and Smith (2003). The 

morphology of the Fortescue dolocretes, dominated by dolomicrite to dolomicrospar, 

often containing grains of Fe-oxide pisoliths and quartz, is similar to the descriptions by 

Barnett (1981) of the Millstream Formation. The Fortescue host sediments, characterised 

largely by clay and siltstones, may represent a similar sequence of lacustrine and alluvial 

sediments, as that of the Western Fortescue Valley. Establishing whether dolomite 

formed by primary precipitation or dolomitization of a carbonate precursor, can be 

difficult (Last, 1990). Barnett (1981) suggested dolomite in the Millstream Formation 

formed by dolomitization of calcrete and lacustrine carbonate from Mg-rich 

groundwaters, sourced from the Wittenoom Formation, indicated by the fact dolomite 

above the water table was calcareous and presumably not dolomitized. However, 

petrographic observations of G2 dolocrete suggested calcite occurring above the water 

table was secondary and no calcite pre-cursors were observed in G1 and G2. The peloidal 
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fabrics observed in a number of samples could be indicative of a lime mud host sediment, 

which has been later replaced by dolomite, but it is also possible that dolomicrite 

developed peloids replacing rounded clay bodies formed within channel sediments. 

Previous studies suggest groundwater dolocretes mostly develop within non-carbonate 

host sediments (Arakel, 1986; Khalaf, 1990; El-Sayed et al., 1991; Spötl and Wright, 

1992). Relict silicate sediments are observed in G1 and G2 dolocrete, in addition to 

abundant authigenic clay and silica, where dissolution of silicate host sediments during 

dolocrete formation has increased Si concentrations in groundwater and ultimately 

precipitated new minerals. The authigenic palygorskite-sepiolite Mg-clays suggests high 

Mg concentrations in groundwater and, in addition to silica, is typical of dolomite deposits 

formed in evaporitic environments (Wright and Tucker, 1991; Aqrawi, 1995; Bustillo et 

al., 2002). Gypsum within overlying and adjacent sediments is also indicative of saline 

and evaporitic conditions (Armenteros et al., 1995). Overall, while there may have been 

carbonate-rich mud present in the Marsh, it is likely that dolocrete developed by fairly 

massive replacement of fine-grained sediments of varied composition. The fabric 

selective replacement of mostly clay-silt matrix and peloids, with coarser and recalcitrant 

grains of Fe-oxide pisoliths and quartz remaining, may partly account for the 

heterogeneous distribution of dolocrete across the Marsh. Factors such as porosity, 

permeability and variation in topography and depth to basement may also result in 

localised differences in groundwater flow and physio-chemical environments affecting 

the distribution of carbonate precipitation (Skrzypek et al., 2016). 

G1 dolocrete is texturally mature, comprised of almost entirely authigenic minerals. The 

stoichiometric dolomite in G1 may be due to stabilisation over time and loss of excess Ca 

from the crystals (Morrow 1982a). The partial to complete dissolution of zones within G1 

dolomite may reflect this process where less stable Ca-rich zones have been lost. High 

Mg/Ca ratios in groundwater may have also favoured formation of stoichiometric 

dolomite (Tucker and Wright, 1990). Non-stoichiometric Ca-rich dolomite, such as G2, 

is more common, particularly in younger sediments due to less time for diagenetic 

stabilisation (Armenteros, 2010; Morrow, 1982a). The higher proportion of Ca in G2 

dolomite may also be due to alteration during calcitization of the dolocrete, although G2 

samples with no evidence of calcite also contain non-stoichiometric dolomite. Textures 

observed in the calcitized dolomite were similar to some observed in other dolocretes 

including radial fibrous calcite rims, occurring around some grains and carbonate clusters 

(Khalaf and Abdal, 1993; Arenas et al., 1999; Rossi and Cañaveras, 1999). Empty cores 



35 
 

within some G2 dolomite crystals suggests there was intracrystalline dissolution, 

followed by precipitation of calcite cement into many cavities (Khalaf and Abdal, 1993; 

Colson and Cojan, 1996). This may indicate dissolution occurred at some earlier stage, 

creating fine intergranular and intracrystalline porosity, as also observed in G1 dolomite, 

post-dated by calcite cement. However, Colson and Cojan (1996) described this texture 

as fabric-preserving and most likely linked to a rise in lake and groundwater levels and 

influence of dilute waters in contact with dolocrete, resulting in concomitant leaching of 

dolomite cores and precipitation of calcite. The calcitization of G2 dolocrete may 

therefore, be associated with the influence of fresher meteoric water with low Mg/Ca 

ratios (Calvo et al., 1995; Colson and Cojan, 1996; Arenas et al., 1999; Rossi and 

Cañaveras, 1999; Sanz-Rubio, 2001). In particular, flood events occurring at the Marsh, 

result in flushing of shallow sediments with fresher alluvial groundwater as well as 

infiltration of fresh surface water (Skrzypek et al., 2013; 2016). Phreatic cements and the 

radial fibrous calcite also suggests precipitation from groundwater, possibly around a 

fluctuating water table (Rossi and Cañaveras, 1999). The variability of the degree of 

calcitization in G2 dolocrete may be due to heterogeneous porosity and permeability as 

well as groundwater level fluctuation (Colson and Cojan, 1996; Sanz-Rubio et al., 2001).  

2.6.2 δ18O signatures and hydrochemical conditions of carbonate precipitation 

Previous models for groundwater dolocrete formation (Mann and Horwitz, 1979; Arakel, 

1986; Jacobson et al., 1988; Armenteros et al., 1995) highlight the importance of chemical 

modification of groundwater by evaporative concentration and mineral precipitation 

along the hydrological flow path towards the centre of the drainage basin, promoting 

conditions conducive to dolomite formation, whether by primary precipitation or 

dolomitization. Evaporative concentration and calcite precipitation upstream, evidenced 

by extensive calcrete along drainage and palaeodrainage channels leading to the Marsh 

(Mann and Horwitz, 1979; Barnett and Commander, 1985; Dogramaci et al., 2012), 

would have resulted in higher salinity and Mg/Ca of groundwaters reaching the terminal 

Marsh. These processes are also apparent for modern groundwater chemistry where Ca-

HCO3-Cl type fresh water delivered by rainfall has evolved to a Ca-Cl-HCO3 type fresh-

brackish water entering the Marsh, with median Mg/Ca ratios of ~1.6 (Dogramaci et al., 

2012).  

The δ18O signatures of carbonates reflects the hydrochemical conditions in which the 

carbonates precipitated, in particular the salinity, which is strongly correlated with δ18O. 
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The Fortescue Marsh dolomite, in particular G1, have δ18O signatures that overlap those 

reported for dolomite in a number of dolocrete, lake margin and mud flat deposits (Spötl 

and Wright, 1992; Aqrawi 1995; Calvo et al., 1995; Arenas et al., 1999; Bustillo et al., 

2002; Casado et al., 2014; Alonso-Zarza et al., 2016; Khalaf et al., 2017) and are relatively 

lower compared to the majority of reported primary lacustrine dolomites which have high, 

often positive, δ18O values due to formation from intensively evaporated saline waters 

(Dutkiewicz et al., 2000; Wacey et al., 2007). Relatively low δ18O values are consistent 

with a phreatic origin for the Marsh dolomites (Mann and Horwitz, 1979; Spötl and 

Wright, 1992; Calvo et al., 1995; Bojar et al., 2005; Last et al., 2012) as groundwater is 

usually less evaporated than surface water. The δ18O values of G2 dolomite are notably 

lower, indicating a stronger influence of 18O-depleted fresher flood waters and alluvial 

groundwater entering the Marsh (Skrzypek et al. 2013). The δ18O values of G1 and G2 

dolomites are significantly different (p=<0.001) and indicate the hydrochemistry of the 

precipitating groundwater changed between the two episodes of dolocrete formation.  

The phreatic origin of the Marsh dolomites, with massive and unimodal dolomite textures, 

suggests formation in relatively uniform conditions with stable groundwater temperatures 

(Sibley and Gregg, 1987; Colson and Cojan, 1996). Therefore, assuming the precipitation 

of carbonates has occurred in isotopic equilibrium with the precipitation solution we can 

calculate the δ18O values of the source water based on a probable range of groundwater 

temperatures using mineral-water oxygen isotope fractionation equations. Modelled δ18O 

values can be compared to measured groundwater compositions to estimate the degree of 

mixing between the two groundwater end members (Figure 2.5F). For this calculation, 

carbonate δ18OVPDB has first been converted to the δ18OVSMOW2-SLAP2 scale (Brand et al., 

2014; Kim et al., 2015). Considering modern groundwater temperatures of 28-32°C in the 

Marsh, the relationship between the δ18O values of the carbonate minerals and source 

water was modelled for a larger range of temperatures between 20 and 40°C following; 

equation 1 for low temperature dolomite precipitation (Vasconcelos et al., 2005; Figure 

2.6A); and equation 2 for calcite (Coplen, 2007; Figure 2.6B). The 1000lnα equations 

calculate the fractionation between the mineral phase and water which is then deducted 

from measured carbonate δ18O values to provide the δ18O values of the 

palaeogroundwater (Appendix B Table AB). 

1000lnα (dolomite-water) = 2.73 × 106T−2 + 0.26   (Equation 1, Vasconcelos et 

al., 2005) 
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1000lnα (calcite – water) = 17.44 × 103T-1 - 28.6   (Equation 2, Coplen, 2007) 

For G1 dolomite, the modelled water isotopic compositions using Eq. 1 falls within the 

range of saline-brine groundwater for temperatures of 18-35oC (δ18OVSMOW -3.4 to +1.5 

‰, median = -2.0 ‰ at 30oC; Figure 2.6A). Formation at higher temperatures of >35oC 

would be less likely as this would suggest higher δ18O values than that have been 

measured within the Marsh. Based on a probable range of groundwater temperature of 

26-34oC (±2 oC from modern temperatures), the modelled δ18O values (δ18OVSMOW -4.2 

to +1.9 ‰) fall in the mid to upper range of saline-brine groundwater (TDS: 79-150 g/L 

calculated from the linear regression equation for TDS-δ18O relationship; TDS = 

(δ18OVSMOW + 8.762)/ 0.0678 for δ18O values at 30oC) and correspond to groundwater 

compositions dominantly influenced by the brine end member. Modelling δ18O values for 

G2 dolomite samples is more complex due to heterogeneous calcitization of the dolocrete. 

However, the δ18O values for G2 carbonates fall within a narrow range and therefore, it 

seems both earlier dolomite and calcitized samples have a similar signature. In contrast 

to G1, modelled δ18O values for G2 dolomite samples using Eq. 1 indicates precipitation 

from relatively fresher water (δ18OVSMOW -6.6 to -5.7 ‰, median = -5.9 ‰ at 30oC; TDS: 

33-46 g/L) and the range of modelled δ18O values for temperatures between 26-34oC is 

consistent with mixing between inflowing fresh-brackish groundwater with saline-brine 

groundwater (Figure 2.6A). The formation of G2 dolomite from only the fresh-brackish 

end-member would suggest temperatures of <26oC. However, this would be improbable 

as fresh-brackish waters with mostly Mg/Ca ratios of <2 would be unlikely to overcome 

the kinetic barriers of dolomite precipitation (Morrow, 1982a; Machel and Mountjoy, 

1986).  
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Figure 2.6: A) Graph of temperature versus δ18O of groundwater showing the range of δ18O 
values of the precipitating fluid (palaeogroundwater) modelled from G1 and G2 dolomite using 
equation 1 (Vasconcelos et al., 2005) and; (B) G2 calcite using equation 2 (Coplen, 2007) between 
20 and 40oC. The average groundwater temperature is 30°C, but ranges from 28 to 32°C which is 
indicated by the vertical shaded area. The dashed lines indicate the range of measured 
groundwater compositions for saline-brine and fresh-brackish groundwater. C) Graph of average 
measured δ18O values of groundwater versus δ18O values of the precipitating fluid, at the 
corresponding bore, modelled from dolomite (equation 1) at 30oC and; D) calcite (equation 2) at 
20oC and 30oC. Grey shaded area represent 1:1 line +/- 0.4 ‰ to represent the range of 
groundwater temperatures measured in the Marsh (28 to 32°C) as the difference in modelled 
values is 0.4 ‰ per 2°C, between 28 to 32°C. 

The precipitation of G1 dolomite from highly saline and brine groundwater suggests 

strongly evaporitic conditions occurred at the Marsh. This may have been a groundwater 

dependent playa lake to saline mud flat environment, where shallow groundwater 

undergoing intensive evaporation developed more positive δ18O signatures and promoted 

dolomite formation (Eugster, 1980; Arakel, 1986; Armenteros et al. 1995). This 

hypothesis is supported by the presence of gypsum, which developed in shallow 

sediments or as surface crusts, within adjacent and overlying sediments, characteristic of 
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playa lakes (Mann and Deutscher, 1978; Eugster, 1980). Salt recycling (halite and 

gypsum) during wetting and drying processes is evident from the salt load in the Marsh 

(Skrzypek et al., 2013), resulting in Na-Cl brine groundwater and the fluctuating 

chemistry ensuing from wetting and drying cycles may have also contributed to dolomite 

formation (Arakel and McConchie, 1982; Deelman, 2003). Saline-formed G1 dolocrete 

sampled from fresh-brackish groundwater bores (Figure 2.6C), also underlying G2 

dolocrete in some locations (5D, 5E and 6E), demonstrates there has been a shift of the 

interface between fresher water and saline-brine groundwater, exposing G1 to fresher 

water compared to that from which it formed in the past. The larger range of δ18O values 

for G1 dolocrete suggests slightly more variable hydrochemical conditions occurred 

during formation, compared to G2 dolocrete. However, there was no pattern between δ18O 

values with lateral or vertical distribution within G1.  

The lower δ18O signature of palaeogroundwater forming G2 dolomite suggests there was 

a change in hydrological regime between the formation of the two units and likely an 

increase in the delivery of fresher groundwater to the Marsh. The mechanism of dolomite 

precipitation from mixing of groundwaters, suggested for modelled δ18O values of G2 

source water, has been previously described for dolomite forming in evaporitic 

environments (Khalaf et al., 2017; El-Sayed et al., 1991; Aqrawi 1995; Colson and Cojan, 

1996; Williams and Krause, 1998). Mixing of fresher inflowing groundwater, with higher 

HCO3 concentrations, with saline-brine groundwater around the Marsh margin, would 

have raised alkalinity and promoted dolomite precipitation (Armenteros, 2010; Deelman, 

2003). The higher pCO2 of groundwater, relative to the atmosphere, may have also 

increased CO3
2- activity as shallowing groundwaters entering the Marsh, due to 

topography, would have likely outgassed CO2 (Eugster, 1980; Morrow, 1982a; Drever, 

1988). Mixing of fresh and saline waters has been previously presented as a model for 

dolomitization, referred to as the “mixed water” or “mixing zone” dolomitization model 

(Morrow, 1989b) and is most commonly associated with mixing of marine and meteoric 

groundwaters (Hanshaw et al., 1971; Humphrey, 2000; Khalaf et al., 2017). This model 

has been controversial and often discounted for large scale dolomitization as the dilution 

of saline water would more likely decrease the Mg/Ca ratio and reduce the saturation state 

of dolomite (Machel, 2004). In these coastal settings, dolomitization may be driven by 

mixing as it promotes water circulation through the precursor sediments and 

dolomitization does not necessarily require mixing to provide the favourable 

hydrochemical conditions (Machel, 2004). In the terrestrial setting and hydrologically 
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closed system of the Fortescue Marsh, inflow and the resulting mixing of groundwaters 

is imperative to provide a long-term source of ions to the Marsh for dolomite formation 

(G1 and G2), whether it be primary precipitation or dolomitization. G2 dolocrete 

occurring at the Marsh margin within the mixing zone presents similarities with the 

“mixing zone” dolomitization model and whilst the setting may vary, factors linked to 

“mixing zone” dolomite, such as periodic mixing (Mazullo, 2006) from episodic or 

seasonal events, in additional to high microbial activity (Khalaf et al., 2017; Petrash et al, 

2017) may also play a role in dolomite formation at the Marsh. G2 dolomite sampled 

from matrix of fresh-brackish aquifers have consistently higher modelled δ18O values 

compared to measured groundwater in the corresponding bore for the range of modern 

groundwater temperatures of 28-32oC (+0.6 to 3.2 ‰ at 30oC; Figure 2.6C), which may 

suggest the interface of fresh to saline groundwaters has further shifted since the 

formation of G2.  

Infiltrating meteoric waters and fresh flood waters within shallow alluvial sediments may 

be responsible for the replacement of dolomite with more stable low Mg-calcite 

(dedolomitization) in G2 dolocrete. Modelled water isotopic compositions for calcite 

(Figure 2.6B) in G2 samples (δ18OVSMOW -6.0 to -4.3 ‰, median = -5.9 ‰ at 30oC; Figure 

11) using Eq. 2, indicates formation from moderately saline water ranging from ~40-66 

g/L TDS based on a temperature of 30oC. Considering a lower temperature of 20oC, 

possible from inflow of flood waters or infiltrating meteoric waters, the range of modelled 

δ18O values (δ18OVSMOW -8.0 to -6.3 ‰, median = -7.9 ‰ at 20oC) would correspond to 

lower salinities of ~11 to 37 g/L TDS and suggests formation from mostly brackish water 

with a similar δ18O values to measured groundwater in the corresponding bores (Figure 

2.6D). Groundwater temperatures below 20oC would be unlikely as this is lower than 

average winter soil temperature for the region (Bureau of Meteorology; soil temperatures 

at 100 cm deep at Carnarvon 1970-2015) and the majority of large rainfall events and 

flooding are associated with tropical cyclones in summer months (Rouillard et al., 2015). 

The precipitation of calcite from brackish to saline groundwater, assuming groundwater 

temperature would mostly range from 20oC to the average temperature of 30oC, suggests 

that to some extent dedolomitization may be associated with coeval gypsum dissolution, 

locally increasing salinity and driving calcite precipitation (Arenas et al., 1999; Rossi and 

Cañaveras, 1999; Sanz-Rubio et al., 2001; Jin et al., 2010; Dogramaci et al., 2017). The 

saturation index (SI) values of gypsum in groundwater changes from a negative (strongly 

sub-saturated) towards equilibrium as the TDS concentration increases. Conversely, the 
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SI values for calcite decrease with increasing TDS from > +1.0 (super saturation) to < 0.0 

(under saturation). This suggests that there is a strong potential for gypsum dissolution 

and calcite precipitation from fresh-brackish groundwaters that are characterised by Cl 

ion concentrations of < 36 g/L (Mann and Deutscher, 1978). Therefore, a fluctuating 

shallow alluvial groundwater table and or infiltrating meteoric or flood waters would all 

have the potential to result in gypsum dissolution. When simultaneous equilibrium with 

respect to calcite and dolomite is combined with the dissolution of gypsum, the process 

of de-dolomitization may occur (Appelo and Postma, 2005). The increasing Ca 

concentration due to gypsum dissolution causes saturation with respect to calcite and 

increase in SO4 concentration. The net result is that the dissolution of gypsum induces the 

transformation of dolomite to calcite in the sediments and produces water with 

progressively lower Ca/SO4 ratios (Appelo and Postma, 2005; Jin et al., 2010).  

2.6.3 δ13C signatures of carbonates and groundwater 
The δ13C value of carbonates reflects that of the DIC of the precipitating solution and 

therefore the origin of the initial source of carbon (Emrich et al., 1970). The difference 

(∆13C) between δ13C values of HCO3, in modern DIC (-11.63 and -4.96 ‰), and the Marsh 

carbonates (-6.92 to -4.72 ‰) is higher than the expected fractionation between HCO3 

and calcite (1.9-2.0 ‰) and dolomite (3.5-3.7 ‰) at temperatures between 20° and 30°C 

(Deines et al., 1974; Mook et al., 1974; Golyshev et al., 1981). At the majority of locations 

(3B-D, 5D-S, 6D-S, 6E-I, 7C) the ∆13CHCO3-Carb difference ranged from 4.5 to 6.4 ‰. The 

relatively higher δ13C values of carbonates and disequilibrium may be due to a change in 

source of C over time, shifting to currently more negative δ13C values. However, the δ13C 

values of DIC and any precipitating carbonates will also increase due to fractionation 

during CO2 degassing (Deines et al., 1974; Talbot, 1990). Both modern DIC and the range 

of δ13C values of carbonates indicate a source of biogenic C, contributing to lower δ13C 

signatures (Salomons et al., 1978; Cerling and Hay, 1986; Arenas et al., 1997). If the 

source of CO2 in the precipitating solution was purely from atmospheric CO2 (-7 ‰) or 

weathering of the Wittenoom Dolomite (-0.41 to 0.23 ‰), the δ13C values of carbonates 

would have been in the range of ~-0.4 and ~+5.2 ‰ for dolomite and ~-2.2 to +3.2 ‰ for 

calcite (assuming fractionation at temperatures of 20-30°C between dolomite and CO2(g) 

of +10.9 to +12.2 ‰, and between calcite and CO2(g) of +9.3 to +10.2; Deines et al., 

1974; Golyshev et al., 1981). Potential sources of biogenic C to DIC includes; CO2 

originating from decomposition of plant organic matter and; very negative δ13C values 

from bacterial activity in surface aquatic environments and groundwater in the Pilbara 
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(Fellman et al., 2011; Fellman et al., 2014; Siebers et al., 2016). For modern DIC, soil 

CO2 is not considered as a substantial C-source as Pilbara soils have very low 

concentration of organic carbon (<1 %) (Rouillard et al., 2016), whereas high bacterial 

activity are a likely source of negative δ13C in modern DIC at the Marsh (Dogramaci et 

al., 2017) and may have also contributed to the δ13C signature of G1 and G2 carbonates 

in the past.  

2.6.4 Timescales of dolocrete formation 
Calcretes and dolocretes are widespread in the sedimentary record and numerous studies 

have identified Neogene to Quaternary deposits worldwide, for example; in Australia 

(Mann and Horwitz, 1979; Arakel, 1986); Kuwait (Khalaf, 1990); India (Khadkikar et al., 

1998); Spain (Alonso-Zarza et al., 1992; Nash and Smith, 2003) and; Turkey (Kadir et 

al., 2010). Many ancient deposits such as; Triassic dolocretes in the Paris Basin, France 

(Spotl and Wright, 1992); Paleogene deposits in the Provence Basin, France (Colson and 

Cojan, 1996) and Portugal (Pimentel et al., 1996) and Carboniferous calcretes in Eastern 

Canada (Jutras et al., 2007), have also been recognised. However, the timescales of 

calcrete and dolocrete formation are difficult to establish and direct age determinations 

are extremely limited (Netterberg, 1969; Mann and Horwitz, 1979; Yijian et al., 1998). 

The primary issue is the lack of carbonate dating techniques capable of dating the 

appropriate age range for the deposits. Consequently, the majority of studies establish the 

possible maximum age of calcrete and dolocrete formation by knowledge of host 

sediment ages and stratigraphic position (Netterberg, 1969). At the Fortescue Marsh, 

aggradation of the valley following a climatic shift to more arid conditions since the mid 

to late Miocene (Bowler, 1976; Payne, 2004) provides an upper constraint as 

dolocretization occurred after host sediments had been deposited in the Marsh. The depth 

of G1 dolomite of >20 m b.g.l indicates there has been further infill of the Marsh 

following G1 formation as groundwater dolocrete forms from shallow groundwaters 

undergoing evaporative concentration, usually within ~5 m of the surface (Mann and 

Horwitz, 1979). Similarities and proximity to dolomite of the adjacent Millstream 

Formation suggests the Fortescue Marsh dolocrete may be of similar age, presumed to 

have formed in the early-mid Pleistocene (Barnett, 1981). 

Direct dating of late Quaternary carbonates has been possible for some deposits using 

U/Th (<500 ka) or radiocarbon dating (<45 ka). Whilst U/Th dating provides a larger 

dating range, the technique can be limited for impure carbonate samples, common for 

calcrete and dolocrete, which are often contaminated by Th from intercalculated clay 



43 
 

minerals. U/Th dating was attempted on samples of G1 dolocrete from ~35 m b.g.l from 

the 7B core in the central Marsh but produced results with very high uncertainty so was 

not included in this study. Radiocarbon dating was attempted on several samples of the 

younger G2 dolocrete. 14C ages represent total carbonates and therefore, samples 

reporting ages within the range of dating (<45 ka) must contain a considerable proportion 

of carbonate of <45 ka. However, direct carbonate 14C dating constitutes several 

challenges due to a large amount of “dead carbon” primarily originating from erosion of 

2.5 Ga old basement Wittenoom Formation as well as other geological units in the 

catchment (Trendall et al., 2004) and multiple stages of precipitation and potential 

dissolution. Dating of G2 samples, therefore, also reflects later calcitization of the 

dolocrete. Only three G2 samples were in the range of 14C dating, ranging from median 

ages of 38.5 to 43.4 ka BP, and in theory provide an estimation of the maximum age of 

carbonate precipitation. The ages reported for 6D indicates the deeper sample is in fact 

younger with the sample from 7 m b.g.l. reporting a median calibrated age of 41.5 ka BP 

compared to carbonate from 2 m b.g.l. reporting > 45 ka. This anomaly has been 

previously reported by Mann and Horwitz (1979) and is attributed to mounding of 

carbonate during dolocrete formation, whereby precipitation of carbonate at groundwater 

level over time displaces previously formed carbonate up and outward, resulting in older 

carbonate being lifted above the water table. The inverted age could also be due to 

samples from 7 m b.g.l containing greater proportion of secondary calcite, lowering the 

age of total carbonates. Indeed, geochemical analyses of carbonate from the same depth 

(samples 14 and 15) contain mostly calcite. The remaining five G2 samples, with depths 

ranging from 2 to 23 m b.g.l, reported ages outside of the technique, although some very 

close to the 45 ka boundary. This suggests that while some G2 carbonate formed within 

<45 ka a large proportion formed prior to 45 ka. 14C dating of some shallow carbonate at 

2A (1-2 m b.g.l) confirms some more recent carbonate precipitation within <20 ka (19.9 

ka BP at 1.1 m depth) and indicates formation rates of ~20,889 y/m. The samples within 

<45 ka were from ≤ 7 m.b.l and likely contained significant proportions of secondary 

calcite. Therefore, it may be more likely that the relatively recent precipitation indicated 

by 14C dating is from the calcitization of G2 dolocrete. Approximate dates have been 

established for other calcrete deposits in inland Australia; ages of ~20-60 ka BP were 

reported by Yijian et al., (1998) for calcrete in the Amadeus Basin of central Australia, 

using multiple dating techniques (ESR, U/Th and radiocarbon) and; calcrete hardpans in 

tropical Northern Australia were constrained to the late Pleistocene using a combination 

of ESR and U/Th dating (Nanson et al., 1989). Mann and Horwitz (1979) 14C dated three 
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calcrete samples from Lake Way in central-south Western Australia, which ranged from 

~20-37 ka BP. These estimates may also be limited by multiple stages of carbonate 

dissolution and precipitation, however, the similarities in ages between the studies and 

the Fortescue Marsh G2 dolocrete suggests there was extensive carbonate precipitation 

and preservation occurring within inland regions of Australia in the terminal Pleistocene. 

In contrast, the increasing influence of fresher waters (Rouillard et al., 2016), flushing of 

sediments with periodic flood events and the groundwater level of >5 m b.g.l. in most 

locations across the Marsh (Skrzypek et al. 2013), suggests the potential for modern 

groundwater dolocrete formation and preservation is lower than in the past, despite the 

oversaturation of calcite and dolomite in the majority of measured groundwaters.  

2.7 Conclusions  
Two geochemically distinct units of groundwater dolocrete were identified within 

the Fortescue Marsh; a deeper unit (G1), containing stoichiometric dolomite with higher 

δ18O values, indicating formation from more evaporatively evolved groundwater; and a 

shallower unit (G2), close to current groundwater level, containing Ca-rich dolomite and 

calcite with a comparatively lower range of δ18O values, consistent with formation from 

relatively fresher groundwaters. Petrographic observations of both units suggested 

formation within the phreatic zone and may have formed as primary dolomite, as there 

was no evidence of a calcite precursor. A primary or early diagenetic origin of dolomite 

has also been reported for many other groundwater dolocretes (Arakel, 1986; Khalaf, 

1990; El-Sayed et al., 1991; Spötl and Wright, 1992) and investigation of these deposits 

may contribute to the understanding of low temperature dolomite formation in terrestrial 

settings, which has thus far largely focussed on lacustrine environments. The chemistry 

and distribution of carbonates provides a proxy to reconstruct the environment and 

hydrological conditions occurring at the time of precipitation. In particular, the stable 

oxygen isotopic signatures of carbonates provides a footprint of changing groundwater 

salinity and highlights changes in the groundwater processes operating at the Fortescue 

Marsh between the formation of the two dolocrete units, during the Quaternary. Modelled 

δ18O values of palaeogroundwater from which G1 dolomite precipitated, indicated highly 

saline source water, which had similar compositions to relatively old brine groundwater 

within the Marsh, developed under a different hydroclimatic regime (Skrzypek et al. 

2013). The higher δ18O values suggested highly evaporitic conditions occurred at the 

Marsh, which may have been a playa lake to saline mud flat environment, where shallow 

groundwaters underwent intensive evaporation. In contrast, the δ18O values of G2 
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dolomite suggested formation most likely from mixing between inflowing fresher 

groundwaters with saline-brine groundwater within the Marsh. The position of G2 

dolomite overlying the saline formed G1, suggests the fresh-saline interface has shifted 

towards the centre of the Marsh and inflow of fresher groundwater may have increased 

between the formation of the two units. Infiltrating meteoric waters and flushing of 

sediments with flood waters may be responsible for the de-dolomitization and 

precipitation of low-Mg calcite in G2 dolocrete occurring close to and above groundwater 

level. The δ18O values of the secondary calcite indicates formation from brackish to saline 

groundwater, which suggests this process may be associated with coeval gypsum 

dissolution and calcite precipitation driven by the common ion effect (Jin et al., 2010). 

Whilst the data presented here does not provide high-resolution palaeoenvironmental and 

palaeohydrological records due to lack of chronological control, the information obtained 

on the precipitation conditions of carbonates has improved knowledge on the 

hydrological evolution of the Marsh and how hydroclimatic conditions have changed over 

time. The distribution of groundwater dolocrete and calcrete in many arid and semi-arid 

drainage basins worldwide, may therefore provide a hitherto underutilised archive for 

palaeoenvironmental conditions in inland continental settings, where there are often few 

proxies available.  
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Chapter 3. Dolomite formation in an 
upland sub-basin: Coondiner dolocrete 
 

Foreword 
Chapter 3 investigates dolocrete formed immediately upgradient of the major drainage 

course of Coondiner Creek, relatively elevated compared to the terminal Fortescue Marsh 

within the Upper Fortescue Catchment. This chapter aims to again identify environmental 

and hydrological conditions of dolomite precipitation in the different landscape position. 

Further focus is placed on understanding the past geomorphic setting and to present a new 

model for groundwater dolocrete formation that may be applicable to numerous 

occurrences throughout the Hamersley Basin and worldwide.  

The content of this chapter is a published journal article in Earth Surface Processes and 

Landforms (2019; DOI: 10.1002/esp.4704) and is referred to in text as Mather et al., 2019 

in subsequent Chapter 4.  

The terminology associated with chemical sediments, including dolocrete, which is more 

common in the geomorphic, geographic and soil sciences differs from the broader terms 

used within Chapter 2. In this instance, the term “duricrust” is used as a replacement for 

the broad term of “deposit” that was used in reference to “groundwater carbonate deposit” 

or “dolocrete deposit” in Chapter 2. Duricrust refers to the accumulation of chemically 

precipitated minerals that form from evaporation of shallow groundwater in the sub-

surface and cement host sediments, forming an indurated layer. For this chapter, the term 

duricrust is used broadly to describe the groundwater dolocrete, which may include tens 

of metres of duricrust. This is in contrast, to duricrusts often associated with the pedogenic 

zone that are typically <2 m and are more common in many soil science literature. 
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Geomorphic and hydrological controls on groundwater dolocrete 

formation in the semi-arid Hamersley Basin, northwest Australia 

3.1 Abstract 
Groundwater dolocretes may exert an important geomorphic control on landscape 

evolution within sub-humid to arid regions. However, the geomorphic and 

hydrogeological settings of dolocrete remain poorly described. The hydrochemical 

conditions of dolomite precipitation in groundwater environments are also not well 

known. Classic models of dolocrete formation explain dolomite precipitation from highly 

evolved groundwaters at the terminus of major drainage but do not explain dolocrete 

distributed in regionally elevated landscapes, upgradient of major drainage. This study 

investigated the mineralogy, micromorphology and stable carbon and oxygen isotope 

compositions of three dolocrete profiles within a regionally elevated sub-basin of the 

Hamersley Ranges in the Pilbara region of northwest Australia. We sought to establish 

the environmental and hydrochemical conditions and present a model for dolocrete 

formation. We found that dolocrete formed within zones of emerging groundwater under 

saline-evaporitic conditions within internally draining sub-basins, most likely during the 

late Miocene and Pliocene. Saline-evaporitic conditions were indicated by: i) the 

mineralogy, dominated by dolomite, palygorskite and smectite; ii) desiccation features 

and the presence of phreatic and vadose cements, indicative of a shallow fluctuating water 

table, and; iii) dolomite δ18O values (median = -5.88 ‰). Dolomite precipitation was 

promoted by evaporation and CO2 degassing from shallow Mg-rich groundwater. These 

factors appear to have been the major drivers of dolocrete development without a 

requirement for significant down-dip hydrochemical modification. Primary dolomite 

precipitation was possible due to the presence of microbial extracellular polymeric 

substances (EPS). EPS provided negatively charged nucleation sites, which bound Mg2+, 

overcoming kinetic effects. High microbial activity within groundwater systems suggest 

these processes may be important for dolocrete formation worldwide and that 

groundwater dolocretes may be more pervasive in landscapes than currently recognised. 

3.2 Introduction 
Sediments and regolith indurated by eodiagenetic cements, such as silcrete, calcrete and 

ferricrete, are strongly resistant to erosion and form a major geomorphic control on 

landform evolution in the tropics and subtropics (Thomas, 1994; Pain and Ollier, 1995). 

Such sediments can form as hardpans within soils as a consequence of pedogenic 

processes, or develop as several to tens of metres thick profiles associated with 
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precipitation from groundwater within drainage and palaeodrainage systems (i.e. 

groundwater duricrusts). Groundwater associated duricrusts can be volumetrically vast 

and extend for tens of kilometres along drainage channels. Of particular prevalence are 

calcretes and dolocretes, which are common in many sub-humid to arid landscapes 

(Goudie, 1972; Carlisle, 1983; Wright and Tucker, 1991). The accumulation and 

preservation of carbonate minerals within calcretes and dolocretes reflects a range of near 

surface physiochemical processes. Carbonate duricrusts may also form an archive of 

palaeoenvironmental information, as the stable isotope signatures of carbonate minerals 

reflect environmental conditions at the time of their initial deposition and during 

subsequent diagenesis (cf. Wright, 2007).  

Calcretes are widely distributed within drainage and palaeodrainage systems, as calcite 

saturation is readily reached within relatively dilute groundwaters (Hutton and Dixon, 

1981; Arakel and McConchie, 1982; Humphreys, 2001). In contrast, dolocretes are less 

frequently reported; documented examples almost exclusively occur down-gradient of 

calcretes at the terminus of drainage systems proximal to saline or playa lakes (Mann and 

Deutscher, 1978; Arakel and McConchie, 1982; Armenteros et al., 1995). Dolomite 

precipitation is inhibited at surface temperatures and pressures and may not even occur 

when supersaturated in solution (Morrow, 1982; Land, 1998). The dominant factor 

inhibiting dolomite precipitation is the high enthalpy of the Mg2+ double hydration shell 

(Lippman, 1973; Morrow, 1982). In addition, low CO3
2- activity relative to HCO3

- typical 

in most natural waters may be limiting to crystal growth.  As such, conditions that favour 

dolomite precipitation are primarily (i) a high ratio of Mg to Ca in solution and (ii) high 

CO3
2- activity (Lippman, 1973; Morrow, 1982).  

Dolomite may form by replacement of a carbonate precursor (dolomitization) or by 

primary precipitation (direct nucleation). Primary dolomite has been recognised in 

various settings, including lacustrine (e.g. Petersen et al., 1963; Von der Borch, 1976; 

Garcia del Cura et al., 2001), saline evaporitic (e.g. hypersaline lagoons/playas and 

sabkhas; Curtis et al., 1963; Vasconcelos and McKenzie, 1997; Bontognali et al., 2010) 

and phreatic environments (Khalaf, 1990; Spötl and Wright, 1992; Alonso-Zarza et al., 

2016). Models of dolocrete formation demonstrate the importance of hydrochemical 

modification along the flow path, primarily from evaporative concentration and the 

precipitation of calcite upgradient, increasing salinity of groundwater and the Mg/Ca ratio 

(Eugster, 1980). Outgassing of CO2 at groundwater discharge zones, as well as mixing of 

fresh and saline groundwaters around saline lakes (El-Sayed et al., 1991; Colson and 
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Cojan, 1996; Khalaf et al., 2018), may result in increased alkalinity and therefore CO3
2- 

activity relative to HCO3
-, promoting dolomite precipitation (Eugster, 1980; Morrow, 

1982). However, the mechanisms of dolomite precipitation remain poorly understood and 

recent research has indicated that microbial activity may be an important control on 

primary dolomite formation (Petrash et al., 2017).  

Groundwater ecosystems constitute the largest global depository for terrestrial microbial 

biomass (Griebler and Lueders, 2009); as such, dolocretes forming in the phreatic zone 

may provide new information on the processes controlling dolomite precipitation within 

surficial terrestrial environments. Microbial activity, including sulphate-reducing 

bacteria, may act as catalysts for dolomite precipitation (Vasconcelos et al., 1995; Van 

Lith et al., 2002; Wacey et al., 2007; Bontognali et al., 2012). Organic matter containing 

a high density of carboxyl-groups may also increase rates of dolomite precipitation 

(Zhang et al., 2012; Roberts et al., 2013). In particular, extracellular polymeric substances 

(EPS) excreted by microbes have been increasingly linked to dolomite formation in 

terrestrial settings (Bontognali et al., 2010; Bontognali et al., 2014a; Zhang et al., 2015). 

EPS provides negatively charged nucleation sites, which dewater and bind Mg2+, 

overcoming the high hydration energy of Mg2+ (Roberts et al., 2013; Zhang et al., 2015). 

Consequently, it might be expected that microbes and or EPS are also key drivers of 

dolocrete development.  

The specific conditions in which dolomite in groundwater environments may precipitate 

and the extent of groundwater dolocretes across a range of landscape settings are not well 

known. The majority of detailed studies of terrestrial dolomite formation have focussed 

on lacustrine environments, often within saline coastal lake systems or playas (Last, 

1990). However, there has been less attention given to groundwater-formed duricrusts 

and consequently the geomorphic and hydrogeological settings of groundwater dolocrete 

remain poorly described. Further, where studies of groundwater dolocretes have been 

undertaken, they are mostly based on extensive duricrusts within large, low elevation 

palaeodrainage features (e.g. Mann and Horwitz, 1979; Khalaf, 1990; Spötl and Wright, 

1992; Armenteros et al., 1995). Under the right conditions, it should be possible for 

extensive dolocrete deposits to develop in smaller sub-basins in regional upland settings; 

such duricrusts may exert an important local geomorphic control on the landscape and 

influence both surface and sub-surface processes.  

In this study, we provide the first detailed investigation of groundwater dolocrete within 

a regionally elevated (upland) sub-basin of the geological province known as the 
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Hamersley Basin, in the semi-arid Pilbara region of northwest Australia. Our approach 

included a systematic mineralogical and micromorphological characterisation of the 

dolocrete as well as stable carbon and oxygen isotope analyses of groundwater dolocrete 

profiles. Our objectives were to: 1) define the geomorphic setting of the upland dolocrete; 

2) establish the environmental and hydrochemical conditions resulting in dolomite 

formation; and 3) develop a model of dolocrete formation within a smaller sub-basin 

setting. The Hamersley Basin is an ideal location for this study for several reasons. Thick 

groundwater calcretes and dolocretes occur at a range of elevations across the landscape; 

these include the upper reaches of drainage systems in areas of emerging groundwater, as 

well as in the lowland terminal Fortescue Marsh (Barnett, 1981; Barnett and Commander, 

1985; Mather et al., 2018). Mineralogical data also indicates that dolomite is the 

predominant carbonate mineral in most locations. This basin-wide distribution of 

dolocretes suggests that regional climatic, hydrologic and hydrochemical conditions 

promoted dolomite precipitation.  

3.3 Geological and geomorphological context 

3.3.1 The Hamersley Basin  
The ~100,000 km2 Hamersley Basin (Figure 3.1) is occupied by the Archaean to 

Proterozoic Mount Bruce Supergroup, which unconformably overlies the Archaean 

granite-greenstone basement rocks of the Pilbara Craton (Trendall, 1968). The site for 

this study is situated on the Hamersley Group (ca 2.63-2.45 Ga), a ~2.5 km thick sequence 

of banded iron formations interstratified with dolomite, shale, argillite and various 

igneous rocks (Trendall and Blockey, 1970), part of the Mount Bruce Supergroup 

(Trendall et al., 2004). The modern landscape developed within the Precambrian 

Hamersley Basin is strongly influenced by the structure and differential susceptibility to 

weathering of its geology. Topographic highs are primarily composed of resistant banded 

iron formation, whereas valleys are underlain by more easily eroded dolomite and shale 

units, largely of the Wittenoom Formation (Twidale et al., 1985). Where the Precambrian 

basement rocks are relatively undeformed and bedding is sub-horizontal, the landscape 

comprises flat topped hills and plateaus incised by deep dendritic valleys (Killick et al., 

2008). Increasing deformation in the southern part of the basin has resulted in the ridge 

and valley topography of the Hamersley Ranges, due to tight, overturned E-W trending 

folds (Killick et al., 2008; Kneeshaw and Morris, 2014).  
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Figure 3.1: Digital elevation map of the Hamersley Basin with major drainage overlaid. The inset 
shows the Hamersley Basin location within Western Australia. Black rectangle shows study area 
presented in Figure 3.3. 

Dissection of the landscape during the Late Cretaceous and early Paleogene resulted in 

the incision of the major drainage features (Bowler, 1976; Twidale et al., 1985; Alley et 

al., 1999), interpreted to have been mature river systems extending over much of the basin 

(>100 km long), including the Fortescue River (Morris, 1993). Landscape evolution is 

characterised by periods of intense weathering followed by stripping (Kneeshaw and 

Morris, 2014). A prevailing warm and humid climate during much of the Paleogene 

promoted strong physical and chemical weathering such that deep regolith profiles 

developed (Twidale et al., 1985; Killick et al., 2008). A phase of stripping and sediment 

aggradation within deeply incised valleys and drainage channels commenced in the 

Eocene (Macphail and Stone, 2004; Morris and Ramanaidou, 2007); few vestiges of the 

earlier landscape remain. Another deep weathering phase occurred during the early- to 

mid-Miocene, forming deep regolith cover across the landscape (Kneeshaw and Morris, 

2014). Sinuous drainage channels often >100 m deep were incised and subsequently filled 

with iron-rich sediments and clays (Morris and Ramanaidou, 2007). Remobilisation and 

precipitation of iron within ferruginous channel sediments resulted in the formation of 

channel iron deposits under warm and increasingly dry conditions during the Miocene 
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(MacPhail and Stone, 2004; Morris and Ramanaidou, 2007; Heim et al., 2006; Schmidt 

and Williams, 2017).  

Calcrete and dolocrete duricrusts developed within channel and valley sediments 

following a shift to aridity and slightly cooler conditions in the late Miocene (Barnett and 

Commander, 1985; Humphreys, 2001; Kneeshaw and Morris, 2014). Calcrete has been 

reported overlying channel iron deposits, particularly within upstream constrictions in 

strike valleys and within the Oakover Formation in the NE Pilbara (Morris and 

Ramanaidou, 2007; Kneeshaw and Morris, 2014), although mineralogical data suggest 

that many of the reported “calcretes” are dolomitic (Barnett, 1981; Barnett and 

Commander, 1985; Hewson et al., 2006; Haest et al., 2012). Dolocrete also occurs 

throughout the Fortescue Valley palaeodrainage, within the Millstream Formation of the 

Western Fortescue Valley (Barnett and Commander, 1985) and within the Fortescue 

Marsh to the east (Mather et al., 2018). Kneeshaw and Morris (2014) assigned the 

“calcrete” as the boundary between mid- to late Miocene detrital deposition (CzD2), 

including channel iron deposits, and Pliocene to Quaternary detrital deposition (CzD3), 

constraining the major calcrete and dolocrete development to the late Miocene-Pliocene. 

A second phase of dolocretization during the Pleistocene was also identified within the 

Fortescue Valley sediments (Barnett, 1981; Mather et al., 2018) but has not been reported 

in other locations and is not considered to be as widespread or voluminous as the 

Miocene-Pliocene calcretes and dolocretes.  

Erosion of the landscape ongoing since the Pliocene (Kneeshaw and Morris, 2014) has 

dissected alluvial sediments and resulted in relief inversion, where indurated deposits 

(e.g. channel iron deposits, silcrete and calcrete) formed in valleys or channels may 

remain in the landscape as positive relief (Twidale, 1985). Dolocrete/calcrete outcrops 

are observed in areas of groundwater emergence along structural boundaries, and large 

outcrops tens of km2 are notable in the upper reaches of creek systems (e.g. Weeli Wolli, 

Coondiner and Marillana Creeks; Figure 3.1). Outcrops are also observed along valley 

flanks or as eroding mounds, extruding above the valley floor (Figure 3.2). The modern 

landscape comprises the vestiges of earlier stripped landscapes, large areas of exposed 

bedrock, and complex palaeodrainage patterns and relief inversion, with valleys 

containing Eocene to Holocene alluvium, colluvium and chemical sediments.   
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Figure 3.2: View of dolocrete within the Hamersley Basin landscape. A) Dolocrete mounds 
(indicated by arrows) extruding several metres above the valley floor close to Cave’s Creek. B) 
Eroding dolocrete mound in relative upland position, looking northwest towards Coondiner 
Creek.  C) Eroding dolocrete outcrop, proximal to Coondiner Creek within the study area. 

3.3.2 Site geomorphology and dolocrete distribution 
The study area is located in the upper reaches of the ephemeral Coondiner Creek system 

within a sub-basin of the Hamersley Ranges (Figure 3.1); hereafter referred to as the 

Coondiner sub-basin. The landscape is characterised by strongly developed ridge and 

valley topography; elevation varies from ~600 m above sea level (asl) in the valleys up 

to ~700-850 m along ridges, with the highest peak of 1250 m at Mount Meharry (Figure 

3.1). Major drainage is primarily aligned with NE trending faults. Creeks exit into large 

alluvial fan systems at the base of the ranges (~500 m asl), which in turn feed into the 

Fortescue Marsh, the terminal basin of the Upper Fortescue River Catchment (Figure 3.1; 

Rouillard et al., 2015). 

Groundwater within the Coondiner sub-basin is primarily hosted in the dolomitic 

Wittenoom Formation, which comprises an extensive regional fractured aquifer system 

of ~300 to 600 m thick, characterised by Mg, Ca and HCO3 rich groundwater (Dogramaci 

et al., 2012). Within the study area, groundwater flows generally eastward along strike 

valleys, shallowing as the aquifer is pinched out along the main NE fault boundary and 

creek channel by juxtaposition with relatively impermeable units. Locally, the Wittenoom 
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Formation aquifer is connected to overlying surficial unconfined alluvial aquifers of 

Cenozoic sediments and within locally permeable mineralised banded iron formation. 

Emerging groundwater flows into the shallow alluvium overlying and east of the fault 

and north-eastward within alluvium connecting with Coondiner Creek. Outflow occurs at 

Eagle Rock Falls (Figure 3.3C) where alluvium thins out to expose volcanic rocks. 

Modern groundwater levels range from ~45 m depth below ridges, to ~25 m within valley 

sediments, and shallows to ~12 m in alluvium within the Coondiner Creek drainage.   

Approximately ~12 km2 of dolocrete is exposed at the surface within the Coondiner sub-

basin where an upper NE trending creek channel turns sharply eastward along a 

lithological boundary, before merging with smaller tributaries and forming the main 

north-easterly Coondiner Creek channel (Figure 3.3B). The dolocrete outcrop is relatively 

flat (~650-660 m a.s.l) and is incised by small drainage lines connecting to Coondiner 

Creek (Figure 3.3A and C). Bedrock lithology varies within this area due to tight folding, 

and includes dolerite of the Weeli Wolli Formation, banded iron formation, shale of the 

Brockman Iron Formation, and shale, chert and dolomite of the Wittenoom Formation 

(Trendall and Blockey, 1970). The lateral sub-surface extent of dolocrete is not fully 

known; available drill core data suggests the main body of dolocrete may extend several 

kilometres west and southwest of the outcrop. However, within the main strike valleys, 

the distribution of dolocrete is heterogeneous and patchy. Dolocrete of up to 30 m thick 

has been identified in a number of locations within the strike valleys, buried by ~20-50 

m of transported sediments. These sediments are often dominated by clay or detrital host 

materials (CzD2) and are not fully dolocretised. The dolocrete in the strike valley is 

sometimes directly upon dolomite bedrock, whereas in other locations it is underlain by 

alluvium.   
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Figure 3.3: A) Digital elevation map (exaggeration *2.5) and B) true colour aerial photography 
showing the study area within Coondiner Creek sub-catchment. Coondiner creek is indicated by 
the dotted line. The dolocrete outcrop is outlined in white and the black rectangle indicates the 
area shown in; C) A higher magnification aerial view of the dolocrete outcrop (outlined in white) 
within the study area and location of drill cores used for this study (Google Earth, 2007 – pre-
mining). 

3.4 Sampling and analytical methods  
Extensive mining activity in the Hamersley Basin has made it possible to improve 

knowledge of the surface and sub-surface geology, including duricrusts, a feat rarely 

possible in remote inland continental settings in Australia. The study utilises three 
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diamond drill cores (cores 010, 009 and 015) extracted within 1 km of each other on the 

south-eastern corner of the Coondiner Creek dolocrete outcrop (see Figure 3.3C for 

locations). Each core penetrated the complete profile of the in-situ sub-surface dolocrete. 

This study thus contrasts with many analyses of duricrusts that have focused on 

outcropping occurrences (Nash and McLaren, 2003; Khalaf et al., 2018). Exposure of 

dolocrete to the vadose zone, or more significantly sub-aerial conditions, will commonly 

result in chemical, mineralogical and or textural changes (e.g. dedolomitization, 

dissolution-precipitation processes, pedogenic carbonate formation, and bioturbation), 

such that analysis of outcropping occurrences may not accurately reflect the 

environmental conditions of dolomite formation (Khalaf and Abdal, 1993; Arenas et al., 

1999; Alonso-Zarza, 2003).  

Petrographic analysis was completed on 60 polished thin sections using a compound 

binocular microscope and transmitted light microscope. Scanning electron microscopy 

(SEM) observations and semi-quantitative elemental analysis were performed on the thin 

sections and 15 fresh dolocrete samples using a Verios XHR fitted with an Oxford 

instruments SDD-X-Max energy dispersive X-Ray (EDX) spectrometer.  

A total of 60 core sections were sampled for mineral analysis using x-ray diffraction 

(XRD). A further 9 carbonate sub-samples were analysed by XRD to confirm carbonate 

mineralogy for isotope analysis (see below). For quantitative XRD analysis, 

approximately 1.5g of each oven dried sample (105°C) was ground for 10 minutes in a 

McCrone micronizing mill under ethanol. The resulting slurries were oven dried at 60°C 

then thoroughly mixed with an agate mortar and pestle before being lightly back pressed 

into stainless steel sample holders for analysis. XRD patterns were recorded with a 

PANalytical X'Pert Pro Multi-purpose Diffractometer using Fe filtered Co Ka radiation, 

variable divergence slit, 1° anti-scatter slit and fast X'Celerator Si strip detector.  The 

diffraction patterns were recorded in steps of 0.017° 2 theta with a 0.5 second counting 

time per step. Quantitative analysis was performed on the XRD data from all bulk samples 

using the commercial package SIROQUANT from Sietronics Pty Ltd. The results are 

normalised to 100 %, and hence do not include estimates of unidentified or amorphous 

materials. The molar proportion of CaCO3 in dolomite and Mg substitution in calcite was 

calculated from a and c unit cell data determined by Rietveld analysis (Bischoff et al., 

1983; Reeder and Sheppard, 1984).  

Forty-eight bulk dolocrete samples and 103 sub-samples were analysed for δ13C and δ18O 

values of carbonate. The sub-samples targeted more pure materials containing carbonate, 
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primarily different matrix and cements with various colour or textural properties (e.g. 

cemented vs. powdery). Samples were analysed using a GasBench II coupled with a Delta 

XL Mass Spectrometer (Thermo-Fisher Scientific). Samples of carbonate powder were 

reacted with 0.05 mL of 100 % orthophosphoric acid at 50oC in helium atmosphere (Paul 

and Skrzypek, 2007). To obtain calcite and dolomite stable isotope compositions, each 

sample was analysed twice using different reaction times: 24 h for total carbonates (calcite 

and dolomite) and 15 minutes for calcite only. The δ13C and δ18O values of carbonate 

samples were normalised to VPBD scale using international reference materials (LSVEC 

= -46.6 ‰ and NBS 18 = -5.01 ‰; NBS 19 = 1.95 ‰ for δ13C and NBS 18 = -23.01 ‰ 

and NBS 19 = -2.2 ‰ for δ18O), following a three and two point normalisation, and 

reported in per mil (Brand et al., 2014; Skrzypek, 2013). The combined uncertainty of 

stable isotope analyses is <0.10 ‰ for δ13C and <0.15 ‰ for δ18O (1 standard deviation). 

The dolomite stable isotope composition of mixed carbonate samples was calculated 

using a stable isotope mass balance model and the difference between the δ13C and δ18O 

values of total carbonates and calcite. The relative proportions of calcite and dolomite in 

samples were calculated based on sample weights and amount of produced CO2 recorded 

as the area of all peaks for molecular masses m/z44-45-46. These values were in 

agreement with the proportion of dolomite determined by XRF and XRD. The δ18O values 

were measured versus calcite standards and were recalculated for dolomite samples using 

acid digestion isotope fractionation factors (Das Sharma et al., 2002).  

3.5 Results  

3.5.1 Profile characteristics and host sediments 
The dolocrete profiles ranged from ~11 m thick (core 010, overlying banded iron 

formation of the Brockman Iron Formation) to ~22 m thick (core 015, overlying McRae 

Shale) (Figure 3.4). Host sediments include ~8-14 m of alluvial and lacustrine sediments 

and underlying regolith and saprock (Figure 3.4). The detrital host sediments are 

consistent with the clay-dominated CzD2 sediments described by Morris and 

Ramanaidou (2007) and Kneeshaw and Morris (2014), and are composed of clay to silt 

alluvium, containing varying proportions of clay aggregates, silcrete fragments and Fe-

oxide cemented pisoliths and gravels.  
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Figure 4: The host sediment profiles and extent of dolocrete within cores 009 and 015 overlying 
McRae Shale and core 010 upon Joffre member banded iron formation (BIF) of the Brockman 
Iron Formation. Detrital sediments are classified as CzD2 after Kneeshaw and Morris (2014) and 
comprise lacustrine and alluvial sediments. The right hand side of each log shows the subdivision 
between dolocrete and bedrock. Regolith includes all in-situ developed regolith and saprolite. 
Saprock refers to in-situ weathered bedrock, with abundant primary textures but mineralogy that 
is distinct from fresh bedrock. Grey shading indicates the transition from dolocrete to primary 
shale minerals and texture. Photographs of core sections (all 6 cm diameter) representing 
different sediment characteristics are displayed alongside, with the depth indicated by red stars.   

The detrital host sediments within core 010 consist of ~8 m of alluvial to lacustrine clay 

underlain by ~3 m of conglomerate. The alluvial to lacustrine sequence comprises 

primarily micritic dolomite and clay minerals with occasional silt size quartz grains and 

silcrete fragments. Fe-oxide gravels of pisoliths and banded iron formation (BIF) 

fragments are also present, grading from <10 % content just above the conglomerate to 

<1 % in the upper core. Below 8 m depth, the detrital host sediments comprise a basal 

intraformational conglomerate of fragmented, reworked and recemented oxidised BIF 

infilled with some detrital sediments and dolomite cement, overlying a sharp contact to 

intact BIF at 10.7 m.  

The detrital host sediments overlying the shale units within cores 009 and 015 are 

comparatively deeper (~14 to 16 m thick) and more heterogeneous. Bore cores 009 and 

015 contain a basal white clay horizon of ~4 m thick that overlies in-situ regolith and 

saprolite. The uppermost alluvial sediments (overlying the white clay horizon) are distinct 

between the profiles, however, and are typically composed of clay-rich matrix and 

varying proportions of Fe-gravel and pisoliths (~1 mm to 5 cm), quartz grains and some 
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relict silt size clay aggregates. Core 015 contains a fining up sequence consisting of ~50 

% pisolitic gravel (~1-5 mm diameter) at the base of the succession (~10.3 m depth) to 

<10 % gravel within the top 3 m (Figure 3.5). The matrix within this sequence contains 

sub-millimetre pores, which appear to be from leaching and loss of grains. Overall, core 

015 contains generally higher proportions of relict host sediment and dolocretization was 

more heterogeneous; almost no dolomite occurs between 9 m and 10.3 m depth towards 

the base of the alluvial succession.  

The upper section of core 009 (<5.7 m depth) contains ~10 to 40 % magnetic pisolitic and 

platey gravel, typical of surface lags, within a matrix of clay to silt alluvium. Core 009 

also contains a fining up sequence grading from ~10 % gravel within the lower alluvial 

sequence (~8 to 12.7 m depth) to <1 % gravel between 5.7 m to 8 m depth, where 

sediments are dominated by clay and also contain infrequent silcrete fragments. The 

coarse fraction with the lower alluvium is variable and consists of Fe-oxide cemented 

nodules and extraformational fragments of chert and weathered shale.  

The basal pale to white clay-rich horizon in cores 009 (12.7-16.3 m) and 015 (10.3-14.1 

m) is comprised of kaolinite, Fe-oxides and authigenic palygorskite, smectite and 

dolomite with fragments of silcrete (~1 to 10 cm). Coarse weathered shale clasts (~5-20 

cm length) occur towards the base. The white clay horizon is typical of CzD2 sediments 

where locally derived from weathering of shale units (Kneeshaw and Morris, 2014). 

Underlying regolith contains higher proportions of kaolinite, quartz, mica and Fe-oxides 

from weathering of shale bedrock but still contains significant dolomite (~20 to 60 wt%). 

Intraformational lithic fragments of chert and shale increase with depth within the 

saprolite and saprock of cores 009 and 015. Intact shale bedrock is present below ~20 m 

depth. Dolomite content decreases within the saprolite, becoming more common as infill 

along fractures.  

3.5.2 Mineralogy  
The mineralogy of the dolocrete is mostly composed of dolomite (~50 to 95 wt%), with 

varying proportions of palygorskite, kaolinite, smectite, hematite, goethite, quartz, calcite 

(Figure 3.5), with mica and sepiolite occurring only in some cores. Two phases of 

dolomite were identified from XRD patterns in most samples: (i) stoichiometric dolomite 

with 50 to 53 Mol% CaCO3 (up to 82 wt%) and; (ii) Ca-rich dolomite with 53 to 60 Mol% 

CaCO3 (typically <20 wt%, although a few samples contained up to 63 wt%). Both 

dolomite phases appear to be relatively well-ordered, as 015 and 021 reflections are 

visible in XRD patterns (Appendix A), although this is difficult to confirm in mixed 
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samples with low Ca-dolomite proportions (Goldsmith and Graf, 1958; Drits et al., 2005). 

Calcite occurs primarily within a few metres of the surface and is secondary to dolomite. 

Calcite content ranges from 2-60 wt%, but is mostly <30 wt% and only exceeds dolomite 

content in one sample. Substitution of Mg in calcite ranges from 1.0 to 6.3 Mol% MgCO3, 

but is mostly <5 Mol% MgCO3. Minor amounts of magnesite (<1 to 6 %) were also 

detected within three samples from the top 5 m of core 015. Mg-bearing clays 

(predominantly palygorskite and smectite) are common throughout the profiles and 

frequently comprise >10 % of the mineral assemblage. Minor sepiolite was detected 

within the upper profiles of cores 010 and 015 (<5 wt% of bulk samples). Clay mineralogy 

is described in more detail below (in Clay mineral associations and evidence of microbial 

structures). The Fe-oxides, kaolinite, quartz, mica and some smectite minerals correspond 

to host sediment mineral composition and account for <35 wt% of the mineral assemblage 

within the main dolocrete profiles. Mica occurs only within the lower profiles of cores 

009 and 015, in association with lithic fragments and shale bedrock.  
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3.5.3 Dolocrete characteristics and micromorphology 
Dolocrete textures were largely controlled by host sediment texture and composition. 

Pedogenic carbonate nodules, composed of sub-micron clusters of Mg-calcite (6.3 Mol% 

MgCO3) and dolomite, are present within a thin soil zone observed within the top 0.5 m 

of core 015 (Figure 3.6A). Below the soil zone, replacement and cementation by dolomite 

is strongly developed. Dolomite textures vary from planar-e to non-planar (Sibley and 

Gregg, 1987); no evidence of a calcite precursor was observed. Dolomite preferentially 

replaced finer clay sediments, and micritic dolomite (<10 µm; Figure 3.7B) - sometimes 

containing small proportions of clay or detrital remnants (Figure 3.7A) - has largely 

replaced the host sediment matrix throughout the profiles. Coarser dolomite textures were 

less frequent and typically present as a unimodal matrix of ~50-70 µm crystals. 

Replacement of coarser silt or clay aggregates by dolomite of ~50-100 µm crystals was 

also observed, typically within a micritic matrix.  

Resistant grains, such as pisolitic gravel, lithic fragments and quartz, are not replaced but 

are frequently brecciated, as are many clay aggregates and weathered bedrock fragments 

(Figures 6C and F). Some quartz grains display dissolution features around the edges and 

are coated by clays or carbonate. Elongate fissures typically <1 mm diameter  are common 

and cross-cut the matrix and void space surrounding resistant grains (Figure 3.6C); 

fissuring appears to be associated with shrinkage of the matrix from desiccation, as well 

as brecciation and volume change during dolocretization. No fossils or textural features 

indicative of lacustrine deposition, such as laminations, were observed. 

Dolomite cements include both vadose gravitational cement (forming irregular lining of 

void walls and often not filling entire pores; Freytet, 1973) and uniform dolomite of ~20-

70 µm diameter coating clasts and infilling pores, typical of phreatic cement (Figure 3.6B; 

Tucker, 1991). Phreatic cement also occurs as infill along preferential planes of coarse 

fractures and within macro-pores, including within the gravelly sediments of core 015 

(Figure 3.6D). In general, the dolocrete matrix is highly cemented throughout the profiles. 

Larger voids more frequently remain open in the top ~5 m of core 009 and throughout the 

detrital sediments in cores 015 and 010; open voids frequently contain pore lining 

cements. The upper few metres of core 010 also contains overgrowth dolomite cements 

forming the outer zone of dolomite rhombs (Figure 3.7A). The later stage cements may 
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correspond to the Ca-rich dolomite of 47-60 wt% detected by XRD within the top 3 m of 

this core (Figure 3.5).  

Intracrystalline porosity is also observed in all cores, most frequently from dissolution of 

zones or cores (Figure 3.7C and E). The dissolution features are heterogeneous and not 

continuous throughout cores or even within samples. Hollow dolomite from dissolution 

of dolomite zones is particularly notable in the regolith of core 009 at ~12.7 m depth 

(Figure 3.7C). Core 010 contains irregular to rounded dolomite that appears to comprise 

multiple smaller dolomite crystals; intracrystalline porosity is present between these 

nano-crystals (Figure 3.7A).  

Brecciation and cementation is common throughout all profiles and is particularly 

extensive within the middle to lower profiles of cores 009 (>5.7 m depth) and 015 (>10.3 

m depth), which also contain high proportions of authigenic clay extending down to 

saprolite (Figure 3.5). Numerous curved fissures form a nodular structure within much of 

the sediments, and are often infilled by later dolomite. Dolocrete within the white clay 

horizon (cores 009 and 015; Figure 3.4) contains laminar cement that is frequently 

fragmented and re-cemented (Figure 3.6E and F).  

Shale saprock textures are distinct from overlying dolocrete, characterised by more 

features of shale bedrock. Dolomite is still the dominant mineral in the saprock, followed 

by kaolinite in core 009 and goethite in core 015. The saprock is typically fractured. 

Multiple generations of dolomite are observed in the saprock zone of core 009 (Figure 

3.6G), including planar-s matrix of crystals <100 µm, and Fe-stained non-planar 

spheroidal dolomite matrix (~10 to 300 µm) cross-cut by Fe-stained fan-shaped wedges 

of spheroidal dolomite within curvilinear structures of ~1-5 mm thickness (Figure 3.6H 

and Figure 3.7D). The spheroidal and fan-shaped dolomite has concentric zoning, 

although a radial structure is observed and is strongly developed within shale bedrock at 

~20 m, suggesting a primary origin. Relict kaolin laths and occasional quartz grains occur 

within the dolomite. Petrographic relationships indicate Fe-oxide precipitation after the 

spheroidal dolomite. Later generations of dolomite are evident as non-stained laminar 

cement within fissures, in addition to inward coarsening void infill. The fissures appear 

to be shrinkage cracks from roots and or burrows and cross-cut the earlier formed Fe-

stained dolomite. The dolomite within the core 015 saprock is present as coarse laminar 

cement and also as fragments of partly dissolved dolomite of <1 to ~20 µm diameter.  
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Figure 3.6: Optical photomicrographs of dolocrete thin sections showing variation in textures 
within profiles. Micrographs were imaged using a binocular microscope unless otherwise 
indicated. A: Core 015 (0.3m depth) Pedogenic nodules of dense dolomicrite developed within 
carbonate and clay matrix. B: Core 009 (2.6 m depth) Plane-polarised micrograph of blocky 
phreatic dolomite cement surrounding pisolitic gravel and fragments within cemented matrix of 
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similar size dolomite (~50 µm) of planar-s fabric. Fe-staining of dolomite and some relict detrital 
sediment occurs within the matrix.  C: Core 010 (7.2m depth) Pisolitic gravel and fine Fe-rich 
sediments within dolomicrite matrix, finely mingled with smectite and kaolinite. Coarse voids, up 
to ~1 mm wide, surround pisoliths and occur within the matrix, appear to be from desiccation. 
Voids are lined with dolomite cement. D: Core 015 (7.8m depth) Dolomite cement and 
replacement within hematite- and kaolin-rich sediment. The red-brown matrix is largely kaolinite 
with Fe-staining where Fe has dissolved, whereas pisolitic gravel remains intact. Dolomite has 
preferentially infilled zones and is heterogeneous, shown by cream coloured matrix. E: Core 015 
(11 m depth) Brecciated and cemented dolocrete. Dolocrete fabrics have been fragmented and 
occur within dolomite and clay (kaolinite and smectite) matrix. F: Core 015 (14.2 m depth) 
Multiple generations of dolomite cement within saprolite of shale, showing laminar dolomite 
cement within fissures and solution pipes cross-cutting some weathered shale fragments and 
earlier dolomite.  G: Core 009 (17.1 m depth) Shale saprolite to saprock, showing a highly altered 
zone with multiple generations of dolomite including greyish-brown planar-s matrix (1), Fe-
stained spheroidal dolomite (2) and curvilinear laminar Fe-stained cements (3), which have been 
cross-cut by later fissures (4). The laminar cements and infilled fissures appear to be features of 
bioturbation from roots or burrowing. Deci-micron-scale veinlets connect through pore spaces. 
The saprock dolomite textures are distinct from overlying dolocrete textures and could reflect 
primary marine textures.  H: Core 009 (18 m depth) Plane-polarised micrograph of spheroidal 
dolomite and fan-like radial morphologies with concentric zoning within saprock. These textures 
occur in the curvilinear structures shown in G – 4. 

3.5.4 Clay mineral associations and evidence of microbial structures 
Textural relationships indicated that dioctahedral smectite clays, although primarily 

authigenic, largely formed prior to dolocretization within the weathering profile. Smectite 

is dominant in core 015 where it comprises up to 30 % of the mineral assemblage, 

although is typically ≤17 % throughout all profiles, Smectite occurs as both replacement 

of matrix or discrete grains as well as pore infill. In contrast, palygorskite-sepiolite and 

some incipient smectites are closely associated with dolomite and microbial EPS 

structures. These Mg-bearing clays are syngenetic or secondary to dolomite and are 

commonly interwoven around dolomite crystals, resembling microbial EPS (Figure 3.7E-

H). Fossilised honeycomb structures and organic filaments are clearly observed, 

occurring in all cores and at various depths throughout the profiles. Fibrous palygorskite 

is most common, coating dolomite crystals and filling voids (Figure 3.7G and H), but 

does not fill dolomite intracrystalline pores (Figure 3.7C and E). Palygorskite is also 

observed replacing earlier clay aggregates. Palygorskite is particularly prevalent in core 

009 where interwoven palygorskite-dolomite textures are common throughout the middle 

and lower profile, extending into saprolite (5.7 to 17 m depth; average 27 wt% 

palygorskite). Cores 010 and 015 contain comparatively less palygorskite, <5 % and <15 

% respectively; however, palygorskite is most prominent in the top 2.5 m of core 010 and 

between ~12 to 13.5 m depth in core 015 (where palygorskite occurs within a clay-rich 

horizon overlying saprolite).  
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Figure 3.7: Scanning electron backscatter micrographs showing examples of dolomite 
morphologies and associated textures. Dol=dolomite, Kaol=kaolinite, Pal=palygorskite. A: Core 
010 (3.3 m depth) Partly dissolved dolomite showing what appear to be smaller dolomite crystals 
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forming a larger rhomb, where further dolomite has precipitated around the edges forming 
rhombic overgrowth. Dolomite surrounds detrital kaolinite. B: Core 010 (4.2 m depth) Subhedral 
to euhedral dolomite mingled with smectite (1) and some detrital kaolinite-dominated clasts (2). 
C: Core 009 (12.7 m depth) Advanced dissolution of dolomite cores and zones. This image shows 
microporosity developed as dissolved dolomite zones remain open. Palygorskite occurs between 
dolomite rhombs. D: Core 009 (17.1 m depth) Fe-stained zoned dolomite cement forming 
curvilinear structures through a dolomite matrix within saprock. Fe-oxides (white precipitate) 
occur within some voids and account for some of the brown colouring of the cement. E: Core 015 
(0.9 m depth) Micritic dolomite mingled with clays, showing; (1) fossilised honeycomb texture of 
microbial EPS; (2) void remaining from dissolution of dolomite rhomb and; (3) fibrous clay coating 
over crystals. F: Core 009 (6 m depth) Fossil organic filaments connecting across pore space 
between interwoven fibrous clay. G: Core 010 (9 m depth) Dolomite rhombs coated by fibrous 
clays, connected by fossilised organic filaments. Arrow indicates organic filament after EPS. H: 
Core 015 (11.1 m depth) Dolomite rhombs with some coating by fibrous clay. Arrow indicates 
organic filament after EPS. 

 

Figure 3.8: Calcite cement and replacement of dolomite within top 3 m of Core 009. Cal=calcite, 
Dol=dolomite, Cla=clay, Fe=Fe-oxides, Qtz=quartz. A: Core 009 (0.8 m depth) Binocular 
micrograph of calcite cement within voids surrounding pisolitic gravel and infilling fractures 
through pisoliths and matrix. Dolomite within the matrix has been largely replaced by calcite. 
Red box shows location of image B. B: Core 009 (0.8 m depth) Optical micrograph with cross-
polarised light showing calcite infill of fractures through a pisolith. Coarser cements line the 
fracture walls and become finer and micritic towards the centre of the fracture. C: Core 009 (0.8 
m depth) SEM micrograph showing calcite infill of finer fractures within dolomite matrix. 
Dolomite has microporosity and it appears there may be some dissolution and replacement by 
calcite within the finer pores. D: Core 009 (2.6 m depth) SEM micrograph showing calcite infill of 
void surrounding detrital material within larger dolomite matrix. 



80 
 

3.5.5 Calcretization 
Secondary calcite cement and replacement of dolomite (dedolomitization) is observed 

within the top metre of all core profiles. The calcretization is most developed within the 

top 3 m of core 009, where calcite comprises up to 60 wt% at 0.8 m depth. Calcite infilled 

many fractures and voids surrounding pisoliths or detrital clasts (Figure 3.8A, B and D) 

and finer fractures cross-cutting the matrix, in addition to replacing the dolomite matrix 

(Figs 3.8A and C). Calcite within the matrix is largely micritic with non-planar contacts. 

Orientated calcite crystals commonly line void walls. These crystals are generally coarser 

in size at void walls (~100 µm length), and decrease in size towards micritic within void 

centres (Figure 3.7B). Dedolomitization is observed in the uppermost sample of core 009, 

whereas at 2.6 m, calcite occurs only as late stage cement and dolomite replacement 

features are not observed (Figure 3.8D). Low-Mg calcite (3.2 Mol% MgCO3) and Ca-rich 

dolomite (57 Mol% CaCO3) occur within fine clayey sediments at ~10.4 m depth, 

immediately below the more permeable gravelly alluvial deposit within core 015.  

3.5.6 Stable isotope geochemistry 
Stable carbon and oxygen isotope compositions of dolomite exhibit a positive covariance 

and significant correlation between δ18O and δ13C values (R2 = 0.25; p=<0.0001; Figure 

3.9). Dolomite δ18O values range from -7.63 to -3.40 ‰ (median -5.88 ‰); however, the 

majority of δ18O values are within the narrow interquartile range of -6.20 to -5.34 ‰. The 

δ13C values of dolomite are mostly within a narrow range of -6.27 to -4.28 ‰ (median -

5.43 ‰). Two higher δ13C values of -3.90 ‰ and -3.52 ‰ occur within core 015; the first, 

a late stage cement within a gravelly host sediment dominated zone at 6.5 m depth, and 

the latter associated with pedogenic carbonate at 0.3 m depth.  

Overall, δ13C and δ18O values do not show systematic trends with depth, although there 

are variations within profiles. The δ13C and δ18O values of core 010 are slightly more 

variable in the upper profile (<5.7 m). In particular, the top 3 m of core 010 (containing 

higher proportions of Ca-dolomite) has δ18O values of -5.35 to -3.58 ‰. The δ13C values 

in core 009 are within a narrow range; δ13C decreases with depth before increasing below 

16 m in the lower saprolite and saprock. The δ13C values within core 015 do not display 

clear trends with depth and mostly range between -6.0 and -4.74 ‰, with slightly higher 

values of ~-5.10 to -4.74 ‰ within the saprock. The δ18O values in cores 009 and 015 

also display a similar pattern of higher δ18O values of -4.95 to -3.40 ‰ within shale 

saprock at >18 m depth. The δ18O values of -3.85 to -3.40 ‰ correspond to pale peach to 

grey coloured infill of fractures. The δ18O values in core 015 range from -7.22 to -3.84 
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‰, and are more variable below the change in host sediment at 10.3 m (where the Ca-

dolomite sample at 10.45 m has a lower δ18O value of -7.22 ‰).  

Calcite δ13C values are variable and range from -6.69 to -3.42 ‰; δ18O values range from 

-8.36 to -4.35 ‰ (Figure 3.9). The calcite δ13C and δ18O values are distinct between two 

shallow samples from core 015, associated with pedogenic carbonate, and calcite cement 

and matrix from core 009 and 015.  Calcite in non-pedogenic samples has a notably lower 

range of δ18O values (-8.36 to -7.45 ‰) and δ13C values are similar to dolomite, ranging 

from -6.69 to -4.39 ‰. A lower calcite δ18O value of -8.14 ‰ in core 015 at 10.35 m 

corresponds to the low δ18O composition of Ca-dolomite at a similar depth. In contrast, 

samples from the pedogenic zone in core 015 have relatively higher calcite δ13C and δ18O 

values; a bulk sample containing mixed carbonate matrix and pedogenic nodules has a 

δ13C value of -4.47 ‰ and δ18O value of -6.20 ‰, while a sub-sample of white carbonate 

next to plant root material has a higher δ13C value of -3.42 ‰ and δ18O value of-4.35 ‰. 

 

Figure 3.9: A: Stable carbon and oxygen isotope values for Coondiner dolocrete samples, with 
linear regression statistics shown for the relationship between dolomite δ13C and δ18O. Results 
for the nearby Fortescue Marsh (FM) dolomite (data from Mather et al., 2018) are shown for 
comparison. B: Stable oxygen isotope values for Coondiner dolocrete samples shown with depth. 

3.6 Discussion  
This study demonstrates that groundwater dolocrete formed within an evaporitic sub-

basin within the Hamersley Ranges. The distribution and characteristics of dolocrete 

support the existence of isolated sub-basins across the region, under arid conditions (as 

suggested by Kneeshaw and Morris, 2014); high evaporation from shallow groundwater 

systems is presumed to have promoted carbonate precipitation in the Late Miocene-

Pliocene. Our approach, using combined mineralogical, micromorphological and stable 

carbon and oxygen isotope analyses of dolocrete samples, provides the first evidence of 
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the hydrochemistry of groundwater during this period of dolocrete formation. Our results 

also show that primary dolomite precipitated from relatively saline groundwater and that 

microbial EPS was important for providing nucleation sites. These findings suggest that 

microbial activity may be important for dolocrete formation in other groundwater 

environments. 

3.6.1 Groundwater origin of Coondiner dolocrete 
The Coondiner dolocretes contain numerous features characteristic of groundwater 

calcretes and dolocretes, and are similar to those described in other semi-arid to arid 

drainage basins worldwide (Mann and Horwitz, 1979; Khalaf, 1990; El-Sayed et al., 

1991; Spötl and Wright, 1992; Nash and McLaren, 2003). The multi-metre thickness of 

the profiles, presence of phreatic cements and lack of root traces are all suggestive of 

groundwater formation (Spötl and Wright, 1992). The pervasive replacement of host 

sediments by dominantly uniform dolomite (<100 um) matrix is also characteristic of 

massive groundwater dolocrete profiles (Spötl and Wright, 1992), and is distinct from 

discrete pedogenic dolocrete nodules formed at the top of profiles. The Coondiner 

dolocretes developed primarily within non-carbonate host sediments dominated by 

kaolinite and Fe-oxides, and cemented both detrital sediments and regolith down to 

bedrock. No biogenic or textural features indicative of lacustrine dolomite were observed, 

although predominantly micritic dolomite largely devoid of detrital host sediments in the 

upper profile of core 010 could reflect lacustrine deposition. The abundance of authigenic 

Mg-clays is characteristic of many dolocrete profiles worldwide, indicative of the Mg-

rich environment (Colson et al., 1998; Kadi̇r et al., 2010; Wanas and Sallam, 2016). 

Dissolution of silicates within the host sediment appears to have promoted clay formation 

as fluids became increasingly Si-rich during dolocretization. Brecciation and cementation 

of resistant grains and aggregates observed throughout the profiles is also typical of the 

displacive growth of groundwater dolocretes (Mann and Horwitz, 1979; Wright and 

Tucker, 1991).  

The presence of Fe-stained spheroidal dolomite within saprock appears to reflect an 

earlier phase of dolomite precipitation within a different depositional setting. The 

concentric zoned, radial cements and spheroids of Fe-stained dolomite within shale 

saprock were distinct from overlying dolocrete, and were similar to zebraic dolomite 

cements described by Simonson et al. (1993) associated with seafloor precipitation within 

the Hamersley Basin. The different environmental setting is also indicated by higher δ18O 

values of >-4 ‰ within saprock dolomite. The δ18O values of marine carbonate would 
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usually be ~-2 to +2 ‰. It is possible, however, that overprinting of dolocretization on 

saprock has occurred; it is also challenging to extract pure sub-samples for stable isotope 

analysis. The petrographic relationships and secondary Fe-oxides around the spheroids 

confirm the earlier timing of formation. Extensive shrinkage cracks and fissures within 

the saprock subsequent to spheroidal textures appear to have formed from root cracks or 

burrows, and indicate that the bedrock was once close to or at the surface (and hence 

influenced by intensive bioturbation) prior to the deposition of overlying transported 

sediments. The later stage, non-stained dolomite cements within saprock are interpreted 

to have formed as part of the Cenozoic dolocretization event.  

3.6.2 Environmental controls on dolocrete formation  
Existing models of groundwater dolocrete formation cannot fully explain the distribution 

of dolocrete within the Hamersley Ranges. The occurrence of groundwater dolocrete in 

the upper reaches of the Coondiner catchment (in addition to dolocrete outcrops at Weeli 

Wolli Creek etc.) is in contrast to the majority of documented groundwater dolocrete 

sequences – these are generally found in evaporitic settings at the terminus of major 

(palaeo)drainage systems, downgradient of groundwater calcrete and upgradient of 

gypcrete and possibly halite (Arakel, 1986; Spötl and Wright, 1992; Armenteros et al., 

1995). Whilst dolocrete has been identified in the terminal Fortescue Marsh (Mather et 

al., 2018), the extensive dolocrete duricrusts documented here, in a sub-basin in a regional 

upland setting, do not appear connected to calcrete or gypcrete facies, although they are 

distributed in localised topographic lows.  Erosion largely ongoing since the Pliocene has 

lowered regional base level and resulted in dissection of the Coondiner dolocrete. Thus, 

the full distribution of Cenozoic duricrusts may not be represented within the modern 

landscape. However, the shallow gradient in topography, depth to bedrock and 

groundwater level along the Coondiner sub-basin strike valley connecting to the 

Coondiner dolocrete would suggest that associated duricrusts would still be represented 

within the valley sediments. We might also expect to observe outcrops remnant duricrust 

along valley flanks if cemented calcrete or dolocrete had occurred throughout the valley. 

Where present, the carbonate duricrust within the strike valley is dolocrete, although a 

pre-cursor calcrete cannot be discounted. The heterogeneous and patchy distribution of 

dolocrete within the Coondiner sub-basin strike valley suggests dolocretization occurred 

in localised depressions but that the main locus of dolocretization was focussed in the 

area of groundwater emergence where the Coondiner dolocrete is now mostly exposed at 

the surface. An alternate model of groundwater dolocrete formation was proposed by 
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Colson and Cojan (1996), who described numerous dolocretes within the Provence Basin, 

France. These dolocretes were labelled “halo dolocrete”, and formed around palaeo-

playas where mixing between regional groundwaters and lake brines was vital for driving 

dolomite precipitation. In contrast, the distribution of dolocretes in the Hamersley Ranges 

largely extends throughout the detrital and regolith sediments, constrained by banded iron 

formation ridges, and does not appear to follow a halo pattern. This suggests that other 

environmental conditions were important for dolocrete formation. 

The results obtained from the Coondiner dolocrete profiles indicate that the 

palaeoenvironmental conditions and palaeogeography of the sub-basin were different 

from the modern setting, and can explain the distribution of dolocrete in similar contexts.  

Mineralogical and stable oxygen isotope data indicate that the dolocrete developed in a 

saline-evaporitic setting. Chemical sedimentation was strongly developed, whereby 

authigenic carbonates and Mg-clay comprised 85-100 % of the mineral assemblage 

throughout much of the profiles. Dolomite and palygorskite are most commonly 

associated with semi-arid to arid environments (Singer and Galan, 1984; Arakel, 1986; 

Armenteros et al., 1995; Colson et al., 1998), influenced by periodic wetting and 

desiccation cycles (Calvo et al., 1999; Deelman, 2003). Abundant shrinkage cracks, 

laminar dolomite cements within solution pipes and voids (Arakel and McConchie, 

1982), and the presence of both phreatic and gravitational cements throughout profiles, 

also indicate a fluctuating water table (cf. Nash and McLaren, 2003). The stable oxygen 

isotope compositions of dolomite reflect the groundwater hydrochemical conditions in 

which the mineral precipitated, and in particular the degree of evaporation and thus 

salinity (which is strongly correlated with δ18O; Dogramaci et al., 2012; Skrzypek et al., 

2013). The Coondiner dolocrete δ18O values overlap with Cenozoic groundwater 

dolocrete formed within the Fortescue Marsh (Figure 3.9; Mather et al., 2018). Mather et 

al., (2018) estimated palaeogroundwater chemistry from which dolomite precipitated by: 

1) modelling the palaeogroundwater δ18O values (from dolomite δ18O values) over a 

probable range of temperatures using the equation for low temperature dolomite-water 

fractionation by Vasconcelos et al., (2005) assuming dolomite precipitation in isotopic 

equilibrium with solution δ18O; and 2) calculation of salinity using a linear regression 

model between groundwater δ18O and salinity in total dissolved solids (TDS). Mather et 

al., (2018) determined that the Fortescue Marsh contained two groups of dolocrete; (i) 

deeper dolocrete (G1) formed from highly saline to brine groundwater (estimated TDS of 

79-150 g/L at average groundwater temperature of 30°C) and; (ii) shallower (G2) 
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dolocrete formed from brackish to saline groundwater (estimated TDS of 33-46 g/L at 

30oC). The majority of the Coondiner dolomite exhibits δ18O compositions overlapping 

or higher than those for the Fortescue Marsh G2 dolocrete but mostly lower than the G1 

dolocrete (Figure 3.9), suggesting precipitation of the Coondiner dolomite from brackish 

to highly saline groundwater (Mather et al., 2018). This inferred groundwater chemistry 

is in contrast to modern groundwater, which is notably fresh, and indicates that the palaeo-

sub-basin was disconnected from Coondiner Creek drainage and was hydrologically 

closed; this would have allowed the build-up of salts in groundwater from 

evapoconcentration. The statistically significant correlation between dolomite δ18O and 

δ13C values is also indicative of a hydrologically closed system (Spötl and Wright, 1992; 

Arenas et al., 1997), although the correlation was relatively weak (R2 = 0.25; p= <0.0001). 

Variability in δ18O and δ13C values may, therefore, reflect both variation in recharge and 

evaporation conditions as well as broader shifts in hydroclimatic conditions. The 

distribution of the Coondiner dolocrete may be further explained by underlying 

impermeable bedrock, which would result in shallow ponding of groundwater in periods 

of no or highly restricted outflow. A past saline-evaporitic setting supports the hypothesis 

put forward by Kneeshaw and Morris (2014) that the sub-basins where extensive 

carbonates (such as the Oakover lacustrine limestone and calcrete) have formed were 

previously isolated, due to damming of valleys.  

Regional groundwater chemistry was crucial for dolocrete formation. The Mg-Ca-HCO3 

type composition of groundwater provided the source of ions for subsequent dolomite 

precipitation. In effect, dolocrete development represents a redistribution of ions from the 

Proterozoic marine dolomite of the Wittenoom Formation. Importantly, the pCO2 of 

groundwater within the Wittenoom Formation aquifer and alluvial aquifer in the study 

area is an order of magnitude or more greater than atmospheric pCO2 (pCO2(WF) = 

0.03631 atm; pCO2(SA) = 0.05129 atm; pCO2(air) = 0.00039 atm; calculated using 

PHREEQC geochemical modelling software by Parkhurst and Appelo 1999; Appendix C 

Table C1). Therefore, outgassing of CO2 occurs near the surface, as shallow groundwater 

begins to equilibrate with surface pressures, increasing the pH and CO3
2- activity and 

promoting dolomite precipitation. Higher than expected δ13C values of dolomite may 

reflect increasing δ13C in dissolved inorganic carbon (DIC) of source groundwater during 

CO2 degassing (Jacobson et al., 1988; Talbot, 1990). The relatively narrow range of δ13C 

values of dolomite in this study suggests a similar composition of DIC in groundwater 

over time, and is likely due to the fairly constant source of DIC from the Wittenoom 
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Formation aquifer (Dogramaci and Skrzypek, 2015; Mather et al., 2018; McCallum et al., 

2018). In addition, the majority (>95 %) of the δ13C values of dolomite fall within the 

same range as the Fortescue Marsh dolocretes, indicating that DIC is similar across the 

catchment. Based on the expected fractionation between HCO3 in groundwater DIC and 

dolomite (Δ13CHCO3-dol = 3.5-3.7 ‰ at 20-30oC; Deines et al., 1974; Mook et al., 1974; 

Golyshev et al., 1981), the dolomite precipitated from groundwater with δ13C values 

between –9.9 and -7.1 ‰. This range partly overlaps with measured DIC of local 

groundwater (-11.40 to -9.05 ‰; Appendix C Table C1), but also suggests that the 

majority of dolomite precipitated from waters with slightly higher DIC δ13C.  

3.6.3 Origin of dolomite 
A primary or early diagenetic origin of dolomite is indicated by the lack of a carbonate-

precursor observed within Coondiner samples. Primary or early diagenetic dolomite has 

been frequently observed in other massive groundwater dolocretes (Arakel, 1986; Khalaf, 

1990; El-Sayed et al., 1991; Spötl and Wright, 1992; Casado et al., 2014) including within 

the Fortescue Marsh (Mather et al., 2018). The presence of both stoichiometric and Ca-

rich dolomite in the dolocrete profiles indicates at least two phases of dolomite 

precipitation. Variation in Ca content in dolomite may reflect changes in Mg/Ca ratios in 

solution during formation. However, primary dolomite generally forms as a poorly 

ordered Ca-rich dolomite, which stabilises to well-ordered stoichiometric dolomite over 

time (Morrow, 1982; Alonso-Zarza and Martín-Pérez, 2008; Bontognali et al., 2014a). 

This suggests that Ca-rich dolomite may represent younger dolomite, yet to fully undergo 

diagenetic stabilisation. The loss of Ca-rich zones over time may also be reflected by 

hollow cores and zones of dolomite crystals observed throughout the profiles. Dolomite 

δ18O and δ13C values did not show any obvious trends with depth or Ca-dolomite vs 

stoichiometric dolomite content. However, slightly higher δ18O values in the upper profile 

of core 010 dominated by Ca-rich dolomite, may suggest a phase of Ca-dolomite 

formation under higher evaporation rates. In contrast, a lower δ18O value of -7.22 ‰ of 

Ca-dolomite occurring below the gravelly alluvial deposit in core 015 suggests 

precipitation from fresher water, and is likely associated with preferential flow of water 

through the zone of high permeability; there may also be perched water overlying the 

more clay-rich regolith below. 

Whilst the palaeo-hydrochemical conditions were conducive to dolomite formation, the 

presence of microbial EPS may explain the primary origin of dolomite, providing 

nucleation sites to overcome the kinetic barriers of dolomite precipitation. Petrographic 
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observations indicated that EPS influenced both dolomite and clay authigenesis at the 

study site (Figs 6E-H). Honeycomb structures and filaments connecting around dolomite 

crystals (Figs 6E-H) are characteristic of EPS morphologies observed in saline evaporitic 

environments elsewhere (Bontognali et al., 2010; Spadafora et al., 2010; Petrash et al., 

2017). The presence of Mg-clays connecting and replacing with EPS structures 

surrounding the dolomite suggests the clay formation was also promoted by EPS and was 

closely related to dolomite precipitation. The lack of clay within partly dissolved dolomite 

crystals further demonstrates the close timing of clay and dolomite precipitation. 

Microbial influence upon clay authigenesis has not been as fully explored. However, 

Bontognali et al. (2014b) demonstrated microbial mineralisation of smectite in laboratory 

experiments, while others (e.g. Casado et al., 2014; Wanas and Sallam, 2016) have 

suggested that incipient Mg-clay formation may be important for dolomite precipitation, 

with early viscous clay material further promoting nucleation.  

The presence of EPS throughout the Coondiner dolocrete profiles is indicative of high 

microbial activity in the past. However, it is not certain whether active microbial 

respiration was a driver of precipitation, since there is no clear stable isotope indication 

of sulphate-reduction (such as lower δ13C values; Petrash et al., 2017). Due to various 

influences on isotope signatures, identifying a microbial influence can be challenging and 

stable oxygen and carbon isotope signatures have been found to be similar regardless of 

biotic vs. abiotic processes (Casado et al., 2014; Petrash et al., 2017). Regardless, the 

textural association of dolomite and Mg-clay with EPS suggests the two are intrinsically 

linked and that microbial EPS was important for nucleation of the minerals. Previous 

studies that describe dolocrete within the Hamersley Basin (e.g. Barnett and Commander, 

1985; Mather et al., 2018) do not investigate the potential role of microbial influence and 

therefore, do not include the detail of petrographic observations where such features may 

be observed. However, the presence of associated EPS and clay minerals within the 

Coondiner dolocrete raises the possibility that these factors may have played a role in 

groundwater dolocrete formation regionally.  

3.6.4 Surface alteration of dolocrete 
Various geomorphic processes have altered the dolocrete since its formation, including 

erosion of the dolocrete surface and dissection by more recent drainage. Evidence of 

pedogenic processes is minimal, and only a thin horizon of pedogenic carbonate 

containing calcite with distinct δ13C and δ18O compositions has developed. The relatively 

higher δ13C and δ18O values of calcite in the pedogenic zone may reflect higher 
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evaporation rates within the soil profile. Surprisingly, δ13C values are not lower in the soil 

zone as might be expected in pedogenic carbonate. Calcretization of the dolocrete has 

extended deeper, occurring within the top ~4 m and in deeper zones of higher 

permeability (e.g. at the base of a gravelly flood deposit at 10.3 m where water likely 

becomes perched over clayey sediments below). However, calcretization was only minor 

and calcite proportions only exceed dolomite within the top 0.5 m. The lower range of 

calcite δ18O values and presence of gravitational cements suggests calcite precipitation 

from relatively fresher meteoric waters in the vadose zone (Armenteros, 2010), a feature 

characteristic of dolocrete exposed to vadose processes (Khalaf and Abdal, 1993; Arenas 

et al., 1999). Coarse cement lining pores indicates prolonged periods of wetting allowing 

larger crystals to form, and the inward fining of crystals may reflect drying following pore 

occlusion. Whilst the majority of calcite appears to be present as pore-filling cement, 

replacement of dolomite by calcite (dedolomitization) can be observed within the most 

calcite-rich sediments. Undersaturation of dolomite within infiltrating meteoric waters 

may promote dissolution of dolomite, particularly less stable Ca-rich dolomite. 

Dissolution of gypsum is also a common driver of dedolomitization, as the release of Ca 

and SO4 both promote dolomite dissolution and precipitation of calcite (Sanz-Rubio et 

al., 2001; Jin et al., 2010). However, within the Coondiner dolocrete, lack of textural 

evidence of earlier gypsum combined with limited calcretization suggests gypsum 

dissolution has not been a major driver of dedolomitization. The δ13C values of secondary 

calcite (pedogenic and groundwater) indicate precipitation from groundwater with higher 

DIC δ13C (palaeogroundwater δ13C = -8.6 to -5.4 ‰ calculated fromΔ13CHCO3-cal = 1.9-

2.0 ‰ at 20-30oC; Deines et al., 1974; Mook et al., 1974; Golyshev et al., 1981) compared 

to measured groundwater δ13C signatures (-11.40 to -9.05 ‰; Appendix C Table C1); this 

suggests CO2 degassing may also be a driver of calcite precipitation within the shallow 

sediments. 

3.6.5 Model for groundwater dolocrete formation 
Based on the new information obtained from the Coondiner dolocrete profiles, a model 

for groundwater dolocrete formation and development in the landscape can be proposed 

(Figure 3.10). The first stage in the process (Figure 3.10A) required the development of 

a shallow groundwater system under semi-arid to arid conditions that were conducive to 

carbonate precipitation.  Damming of valleys occurred during the Miocene, caused by 

deposition of large volumes of predominantly clay sediments of CzD2 (Morris and 

Ramanaidou, 2007). This resulted in hydrologically closed sub-basins that allowed 
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groundwater chemistry to evolve to promote carbonate formation. The second (Figure 

3.10B) involved the initial development of dolocrete (Figure 3.10B). Dolomite 

precipitation was promoted by evaporitic conditions combined with high Mg/Ca ratios 

and increased CO3
2-/HCO3

- ratios in groundwater (Petrash et al., 2017). These 

hydrochemical conditions occurred due to (i) regionally elevated Mg concentrations 

within groundwater from weathering of the dolomitic Wittenoom Formation, (ii) 

increased salinity (concentration of ions) and pH as shallow groundwater underwent 

evaporation within an internally draining basin, and (iii) increased CO3
2- activity relative 

to HCO3
- in groundwater due to CO2 degassing from emerging waters, as high pCO2 of 

groundwater equilibrated with surface pressures. Stage three (Figure 3.10C) involved the 

continued and displacive growth of dolocrete. The dolocrete built outward and upward as 

dolomite continued to precipitate close to the water table and was constrained below by 

bedrock (similar to the process described for groundwater calcrete by Mann and Horwitz, 

1979, pp. 298). Eventually the isolated ‘pods’ of dolocrete shown in Figures 10B and 10C 

developed into a larger body of dolocrete. The upward growth of dolocrete resulted in 

dolocrete being pushed up above the water table and towards the surface as shown in 

Figure 3.10D. Ongoing erosion since the Pliocene has exposed the dolocrete at the surface 

and led to its dissection by modern drainage (Figure 3.10E). A lower water table and 

outflow to Coondiner Creek has resulted in fresher groundwater and conditions that are 

no longer conducive to dolocrete formation. The influence of fresher meteoric water 

within the vadose zone also resulted in calcretization of the uppermost parts of the 

dolocrete profile.  
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Figure 3.10: Schematic cross-section of study area showing the stages of dolocrete formation 
and landform evolution in an upland area of the Hamersley Basin. A: Broad shallow groundwater 
system in internally draining sub-basin. B: Initial dolomite precipitation, promoted by 
evaporation and CO2 degassing from shallow Mg-rich groundwater. C: Displacive growth of 
dolocrete, building up and outward. D: Continued growth of dolocrete to form larger body, 
extending throughout sediment profile and towards the surface. E: The modern setting; a 
relatively lower water table and erosion and incision of dolocrete by modern drainage. 
Groundwater outflow to Coondiner Creek.  Calcretization and dissolution of dolomite occurring 
close to the surface. 
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3.7 Conclusions 
This study has (i) provided the first detailed characterisation of groundwater dolocrete 

within a regionally elevated sub-basin in the Hamersley Basin geological province, and 

(ii) presented a new model for groundwater dolocrete formation. This model is distinct 

from classic explanations of groundwater dolocrete development in terminal basin 

settings. Dolocretes within the Hamersley Basin are distributed within zones of shallow 

and emerging groundwater, controlled by both geomorphic and hydrogeologic factors 

associated with the ridge and valley terrain. Dolocrete formation was promoted by the 

regional presence of Mg-rich groundwater under evaporitic palaeoenvironmental 

conditions within internally draining sub-basins, most likely during the Late Miocene and 

Pliocene (Kneeshaw and Morris, 2014). In these settings, evaporation and CO2 degassing 

(increasing pH) from shallow Mg-rich groundwater appear to have been the major drivers 

of dolocrete development, without a requirement for significant down-dip hydrochemical 

modification. The formation of dolocrete under more saline-evaporitic conditions is 

supported by the dolomite δ18O values, which overlap with δ18O ranges of saline-formed 

Cenozoic dolocretes within Fortescue Marsh and suggest precipitation from brackish to 

highly saline groundwater (Mather et al., 2018). Higher than expected δ13C values of 

dolomite may also reflect increasing δ13C during CO2 degassing. The distribution of large 

dolocrete outcrops, such as at Coondiner Creek, may be explained by ponding of shallow 

groundwater overlying relatively impermeable bedrock during periods of no or highly 

restricted outflow. The past evaporitic environment is in contrast to modern conditions, 

where groundwater is fresh due to a relatively lower water table and outflow to Coondiner 

Creek. The influence of fresher water and vadose processes in the modern setting has 

resulted in secondary calcrete development at the top of dolocrete profiles. However, 

there is no evidence of pre-cursor calcrete prior to dolocrete development. 

Microbial EPS promoted dolomite and clay (smectite and palygorskite) authigenesis 

within the Coondiner dolocrete. Importantly, the EPS provided nucleation sites to 

overcome the kinetic barriers of dolomite precipitation. High microbial activity within 

groundwater systems suggests that the presence of EPS may also be important for 

dolocrete formation in other locations worldwide. Thus far, investigation of the role of 

microbial EPS in dolomite precipitation has focussed lacustrine or shallow marine 

microbialite environments (e.g. Vasconcelos and McKenzie, 1997; Van Lith et al., 2002; 

Wacey et al., 2007; Spadafora et al., 2010; Bontognali et al., 2012). Groundwater 

dolocrete therefore, provides a new opportunity to study the function of microbial EPS in 
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dolomite precipitation within a different environment. In particular, further work is 

needed to define the role of EPS in clay authigenesis and determine the association with 

dolomite.  

The outcomes from this study suggest that dolocretes may be more widespread in 

landscapes than currently recognised. This is particularly true of regions with Mg-rich 

groundwater derived from weathering of Mg-rich rocks, including marine dolomite but 

also volcanic or other Mg-igneous lithologies (Hutton and Dixon, 1981; Alonso-Zarza et 

al., 2016). The prevalence of dolocretes in the Hamersley Basin is similar to the extensive 

valley and channel calcretes described within inland Australia. In these settings, any 

localised evaporitic depressions may result in the formation of thick dolocrete profiles. 

The distribution and chemistry of groundwater dolocrete, may therefore, provide an 

underutilised archive for paleoenvironmental conditions and landform evolution in many 

semi-arid and arid drainage basins worldwide.  
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Chapter 4. Mechanisms and drivers of 
dolomite precipitation 
 

Foreword 
Chapter 4 utilises novel hyperspectral techniques alongside conventional methods and 

detailed microscopic analysis to provide further detail on the exact nature of dolomite 

precipitation. Based on outcomes from chapter 2 and 3, this chapter focusses on the role 

of associated clay minerals and microbial extracellular polymeric substances in the 

nucleation and growth of dolomite. The analyses in this chapter are performed on the 

Coondiner dolocrete cores characterised in chapter 3 due to; the prevalence of this style 

of dolocrete occurrence in the landscape and; to utilise the high quality intact diamond 

drill cores extracted from the Coondiner location that were not available from the terminal 

basin study site, which allows for higher resolution analysis.  

The content of this chapter is presented as the manuscript in preparation for submission 

to American Mineralogist.  
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The influence of microbial extracellular polymeric substances and 

authigenic clay on dolomite formation within groundwater 

dolocrete profiles of inland NW Australia. 

4.1 Abstract 

Low temperature dolomite (CaMg(CO3)2) formation has received much interest as 

precipitation is kinetically inhibited at surface temperatures and pressures. Previous 

experimental studies have demonstrated that microbial extracellular polymeric substances 

(EPS) as well as certain clay minerals may catalyse dolomite formation. EPS has also 

been linked to clay formation in a number of environments. However, the combined 

association of EPS with both clay minerals and dolomite have not been investigated and 

the occurrence in the natural environment is not well known. In this study we construct 

the mineralogy of three groundwater dolocrete profiles using continuous reflectance 

spectroscopy and XRD and perform detailed chemical and textural analysis using SEM-

EDS of polished thin sections and fresh core samples. Dolomite is observed to have 

formed within a fabric of both smectite matrix and upon EPS, the latter often partially or 

fully mineralised by clay minerals of montmorillonite, trioctahedral smectite and 

palygorskite-sepiolite. Textural associations suggest that some replacement of EPS by 

smectite minerals may have occurred prior to dolomite nucleation, whereas palygorskite 

formed subsequently. Negatively charged clay and EPS surfaces can bind and dewater 

Mg2+, allowing dolomite nucleation and growth. In addition, the viscous and gel-like 

medium of incipient smectite and some EPS alters the rate of diffusion of ions and can 

promote the incorporation of Mg2+ into dolomite. On the basis of these results dolomite 

could have largely precipitated by abiotic processes in the presence of the appropriate 

EPS or clay substrates. In contrast, the textural characteristics of EPS structures and 

variable composition ranging from incipient Mg-silicate to mineralised clay indicated that 

clay formed from an early Si-rich viscous substrate likely developed from degrading EPS. 

Localised fluctuations in chemistry, influenced by the presence or degradation of EPS, 

would have been important for both clay and dolomite formation.  

4.2 Introduction 

Dolomite (CaMg(CO3)2) is a relatively common mineral found in both marine and 

continental carbonate rocks and sediments (Warren, 2000). Dolomite has socio-economic 

importance as dolomite rocks account for extensive hydrocarbon reservoirs globally (Sun, 
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1995), are frequently associated with sulphide-ore mineralisation (Gregg, 2004), and also 

form productive groundwater aquifers in many locations (Bakalowicz, 2005). Despite the 

widespread occurrence and significance of dolomite, uncertainties remain regarding the 

mechanisms of dolomite formation. Dolomite precipitation is kinetically inhibited at 

Earth surface temperature and pressure and may not even occur when supersaturated in 

solution (Morrow, 1982; Land, 1998). The high enthalpy of the Mg2+ double hydration 

shell is the dominant factor inhibiting dolomite precipitation and crystal growth 

(Lippman, 1973; Morrow, 1982). Low CO3
2- activity relative to HCO3

- typical in most 

natural waters may also be limiting to crystal growth (Machel and Mountjoy, 1986). In 

recent decades, synthesis of low temperature dolomite has been achieved in laboratory 

experimental studies where microbial respiration modifies conditions to overcome the 

kinetic barriers of dolomite precipitation (Vasconcelos et al., 1995; Warthman et al., 

2000; Wright and Wacey, 2005). Microbially mediated dolomite precipitation, including 

sulphate-reducing bacteria, has also been observed directly in a number of modern 

environments, including lakes and hypersaline lagoons or sabkhas (eg. Wright, 1999; van 

Lith et al., 2002; Bontognali et al., 2012). More recently, extracellular polymeric 

substances (EPS) excreted by microbes have been demonstrated as a catalyst for dolomite 

precipitation (Bontognali et al., 2010; Roberts et al., 2013; Bontognali et al., 2014a; 

Zhang et al., 2015). EPS include a broad range of organic molecules that influence the 

local physiochemical environment and may induce precipitation of certain minerals 

(Flemming et al., 2007; Zhang et al., 2012; Bontognali et al., 2014b). In particular, EPS 

provides negatively charged surfaces that bind cations and may act as nucleation sites for 

dolomite crystallisation (Braissant et al., 2007). A number of studies have also suggested 

that clay minerals with a high surface charge density, in particular smectites, may also 

promote dolomite nucleation (Kahle, 1965; Liu et al., 2019) as well as slow diffusion of 

ions through a viscous clayey medium, which promotes the incorporation of Mg2+ into 

carbonates (Fernández-Díaz et al., 1996, 2006; Díaz -Hernández et al., 2013; Wanas and 

Sallam, 2016; Díaz -Hernández et al., 2018). In parallel, microbial EPS has been 

identified as a substrate for clay mineralisation of smectites (Bontognali et al., 2014b; 

Geptner et al., 2002) and palygorskite-sepiolite clays (del Buey et al., 2018). However, 

few studies have investigated the combined occurrence of EPS with clay and dolomite 

authigenesis (Leguey et al, 2010; Casado et al., 2014).  

Magnesium bearing clays of palygorskite, sepiolite and smectites are frequently 

associated with terrestrial dolomite within semi-arid and arid environments (Botha and 
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Hughes, 1992; Calvo et al., 1999; Akbulut and Kadir, 2003; Bristow et al., 2012; Casado 

et al., 2014; Cuadros et al., 2016). Primary dolomite has been increasingly recognised in 

continental settings, most commonly associated with alkaline and Mg-rich lacustrine or 

groundwater environments (eg. Von der Borch, 1979; Rosen et al., 1989; Mees, 2001; 

Meister et al., 2011; Casado et al., 2014). Knowledge of the processes and conditions of 

authigenic clay and carbonate mineral formation is important as the presence and 

chemistry of the minerals are frequently utilised as palaeoenvironmental indicators (eg. 

Arenas et al., 1997; Calvo et al., 1999; Hay and Kyser, 2001; Alonso-Zarza, 2003). 

However, the mechanisms of clay authigenesis and association with dolomite 

precipitation remain poorly understood (Kahle, 1965; Wanas and Sallam, 2016). 

Investigation of microbially influenced dolomite has also focussed on hypersaline lakes, 

lagoons, microbial mats or marine environments (eg. Dupraz et al., 2004; Meister et al., 

2007; Spadafora et al., 2010; Pace et al., 2016; You et al., 2018; Di Loreto et al., 2019). 

Mather et al., (2019) identified authigenic clays of both smectite and palygorskite-

sepiolite minerals that appeared to be associated with both EPS and dolomite within 

groundwater dolocrete in the Pilbara region of inland northwest Australia, which provided 

a new opportunity to study this occurrence in a different environmental setting. Here we 

sought to determine the nature of the association between EPS, authigenic clay and 

dolomite by further investigation of the dolocrete profiles presented in Mather et al., 

(2019). Our aims were to; 1) determine the textural and timing relationships between the 

various minerals and; 2) establish the mechanisms of mineral formation. Our approach 

was to firstly construct the mineralogy throughout the dolocrete profiles using a 

combination of quantitative x-ray diffraction (XRD) techniques and continuous spectral 

reflectance data using the HyLogger-3 hyperspectral scanner to identify systematic 

changes in mineralogy, in particular of clay mineral assemblages. Secondly, detailed 

petrographic analysis was performed. 

4.3 Geological and environmental Setting 
The study area is located in the Hamersley Basin geological province (Figure 4.1A), in 

the semi-arid Pilbara region of northwest Australia. The Hamersley Basin is a ~100,000 

km2 depositional basin containing the Archaean to Proterozoic Mount Bruce Supergroup, 

which unconformably overlies the Archaean granite-greenstone basement rocks of the 

Pilbara Craton (Trendall, 1968). The site for this study is situated in the southeast of the 

Hamersley Basin upon the Hamersley Group (ca 2.63-2.45 Ga), a ~2.5 km thick sequence 

of banded iron formations interstratified with dolomite, shale, argillite and various 
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igneous rocks, part of the Mount Bruce Supergroup (Trendall and Blockey, 1970; 

Trendall et al., 2004). The landscape is characterised by strongly developed ridge and 

valley topography (Twidale et al., 1985); elevation varies from ~600 m above sea level 

(asl) in the valleys up to ~700-850 m typically along ridges (Mather et al., 2019). Valleys 

are infilled with Eocene to Holocene alluvium, colluvium and chemical sediments of up 

to ~100 m thick (Morris and Ramanaidou, 2007). 

 

Figure 4.1: A) Aerial satellite image (image date December 14, 2015; 
http://www.earth.google.com) of Western Australia showing the study area, the Hamersley 
Basin, in the black rectangle and the location of drill cores investigated in this study indicated by 
the red star. B-D) Photographs of dolocrete outcrops within the study area in the Coondiner Creek 
sub-basin; B) dolocrete mound elevated in the landscape, looking northwest towards Coondiner 
Creek; C) and D) show the profile of two dolocrete outcrops that extends 1-2 m above the 
surrounding ground level. 

Carbonate duricrusts are widespread within channel and valley sediments throughout 

much of the Hamersley Basin, developed following a shift to aridity and slightly cooler 

conditions in the Late Miocene (Barnett, 1981; Humphreys, 2001; Morris and 

Ramanaidou, 2007; Kneeshaw and Morris, 2014; Mather et al., 2018; Mather et al., 2019). 
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The duricrusts are composed primarily of dolomite (Barnett, 1981; Barnett and 

Commander, 1985; Hewson et al., 2006; Haest et al., 2012; Mather et al., 2018; Mather 

et al., 2019) and are therefore, referred to as dolocretes (Carlisle, 1983). The dolocretes 

are typically ~5 to 30 m thick and are distributed in areas of groundwater emergence along 

structural boundaries, and large outcrops tens of km2 are notable in the upper reaches of 

creek systems (e.g. Weeli Wolli, Coondiner and Marillana Creeks; Mather et al., 2019).  

The dolocrete investigated for this study is located in the upper reaches of the ephemeral 

Coondiner Creek system within a sub-basin of the Hamersley Ranges, hereon referred to 

as the Coondiner sub-basin. Approximately ~12 km2 of dolocrete is exposed at the surface 

(Figure 4.1B-D) surrounding northeast and eastward tributaries of the Coondiner Creek 

system where they merge to form the main north-easterly Coondiner Creek channel. The 

dolocrete outcrop is relatively flat (~650-660 m a.s.l) and is incised by small drainage 

lines connecting to Coondiner Creek. The dolocrete is developed within in-situ regolith 

and Cenozoic detrital sediments, extending down to bedrock of the Hamersley Group 

(Mather et al., 2019). The main body of dolocrete extends several kilometres west and 

southwest of the outcrop in the sub-surface. Drill core data also suggests dolocrete of up 

to 30 m thick buried within the connecting E-W trending valleys, although the distribution 

of dolocrete is heterogeneous and patchy. Investigation of the dolocrete from the 

Coondiner sub-basin by Mather et al., (2019) found that the dolocrete formed under 

saline-evaporitic conditions, promoted by evaporation and CO2 degassing from shallow 

and emerging groundwater, most likely during the Late Miocene and Pliocene (Kneeshaw 

and Morris, 2014). Erosional processes dominating since the Pliocene has resulted in 

down-cutting of the dolocrete and dissection by modern drainage. Calcretization and 

some dedolomitization has occurred in the upper few metres due to the influence of 

fresher meteoric waters near the surface (Mather et al., 2019).  

4.4 Sampling and analytical methods 
This study utilises three drill cores (cores 010, 009 and 015), which were extracted within 

1 km of each other on the south-eastern corner of the Coondiner Creek dolocrete outcrop 

(Figure 4.1A). Mining activity in the region has allowed for the collection of extensive 

sub-surface geological data within an otherwise extremely remote region of inland 

Australia. Core selection was based on access to high quality diamond drill core that 

penetrated the entire profile of dolocrete and extended into underlying bedrock. The drill 

cores are 6 cm in diameter and depths range from 0 to 13.4 m (core 010), 0 to 21 m (core 

009) and 0 to 23 m (core 015).  
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The drill cores were examined and logged (Mather et al., 2019) and representative core 

sections were sampled with the aim to collect at least three samples for each characteristic 

section based on the properties of host sediment, dolocrete texture and colour. A total of 

60 core sections were sampled for polished thin section preparation and 69 for bulk 

mineralogical analysis by x-ray diffraction (XRD), including one sample from the intact 

bedrock of each core. Further sub-sampling of clay-rich sediments was undertaken for 

additional petrographic microanalysis of mineral chemistry and textural features (15 

samples), and XRD analysis of the <2µm fraction (10 samples).  

4.4.1 Microscopy and microanalysis 
Scanning electron microscopy (SEM) observations and semi-quantitative elemental 

analysis was performed on the thin sections (carbon-coated) and fresh clay-rich dolocrete 

samples (platinum coated) using a Verios XHR fitted with an Oxford instruments SDD-

X-Max energy dispersive X-Ray (EDX) spectrometer.  

4.4.2 X-Ray Diffraction and mineral quantification 
For bulk mineral analysis by XRD, approximately 1.5g of each oven dried sample 

(105°C) was ground for 10 minutes in a McCrone micronizing mill under ethanol. The 

resulting slurries were oven dried at 60°C then thoroughly homogenised with an agate 

mortar and pestle before being lightly back pressed into stainless steel sample holders for 

analysis.  

The composition of the clay fraction (<2µm) was determined by XRD for; Ca saturated 

and acetic acid treated and; orientated, Mg saturated and glycerol treated. To separate the 

<2µm fraction from the bulk material, sub-samples of approximately 6g were dispersed 

with the aid of NaCl and vigorously shaken then repeatedly centrifuged at 570g (<2µm) 

with the supernatant collected after each centrifugation to extract all of the <2µm 

fractions. The separated fractions were washed with acetic acid twice to remove traces of 

carbonate, calcium saturated with 0.25M CaCl2 twice. At each step the sample was 

centrifuged at 5150g for 10 minutes. The final Ca saturated clays were washed with 

deionized water then ethanol before oven drying at 60°C. The <2µm and >2µm fractions 

were weighed to determine the weight percentages. The fractions were thoroughly mixed 

in an agate mortar and pestle before being lightly back pressed into stainless steel sample 

holders for X-ray diffraction analysis. Preparation of orientated clay fractions was 

achieved by dispersing approximately 40 mg of each <2µm fraction in deionized water 

using an ultrasonic probe and the suspensions deposited onto 0.22µm cellulose nitrate 

Millipore filter membranes under suction. The oriented films were then magnesium 
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saturated using two washes with 1M magnesium chloride solution followed by several 

washes with deionized water. After washing several drops of glycerol was deposited onto 

the films and allowed to completely pass through the sample before removing from the 

suction plate. Excess glycerol adhering to the underside of the filter membrane was 

blotted onto tissue paper before mounting onto aluminium disks using double sided tape.  

XRD patterns were recorded with a PANalytical X'Pert Pro Multi-purpose Diffractometer 

using Fe filtered Co Kα radiation, variable divergence slit, 2° (pressed powders) and 1° 

(orientated <2µm fractions) anti-scatter slits and fast X'Celerator Si strip detector. The 

diffraction patterns were recorded from 3.8 to 80° (pressed powders) and 2.5 to 33o 

(orientated <2µm fractions) in steps of 0.017° 2 theta with a 0.5 second counting time per 

step. Qualitative analysis was performed on the XRD data using in-house XPLOT and 

HighScore Plus (from PANalytical) search/match software. Quantitative analysis was 

performed on the XRD data from all bulk samples using the commercial package 

SIROQUANT from Sietronics Pty Ltd. The results are normalised to 100%, and hence 

do not include estimates of unidentified or amorphous materials.  

4.4.3 Mineralogical analysis from continuous spectral reflectance data – HyLogger-

3 system 
The drill cores were scanned using the HyLogger-3 system using the methods outlined 

by Hancock and Huntington (2010), Hancock et al., (2013) and Scholdlok et al. (2016) to 

determine the presence and abundance of minerals and establish continuous mineral logs. 

The HyLogger-3 scanners acquired continuous reflectance spectra from each drill core 

covering the visible-near infrared (VNIR: 380–1000 nm), shortwave infrared (SWIR: 

1000–2500 nm) and thermal infrared (TIR: 6000–14500 nm) wavelength region of the 

electromagnetic spectrum (Huntington et al. 1997; Hancock and Huntington, 2010; 

Schodlok et al., 2016). High resolution (0.1 mm pixel) imaging of the core was also 

acquired during the scan and compiled with reflectance spectra data in continuous 4 mm 

intervals along the core (Schodlock et al., 2016). The HyLogger-3 data were processed 

using The Spectral Geologist (TSG) software, which integrates the imagery, laser 

profilometer and reflectance spectra from VNIR, SWIR and TIR sensors to a harmonious 

data set that is spatially correlated with drill core depth (Schodlock et al., 2016). Quality 

assurance and control was undertaken to ensure any unwanted sections of core trays (e.g. 

due to tray edges or gaps in the core) were masked off and spectra from these sections 

discounted.  
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Mineral groups typically express absorption features within several wavelength regions, 

however, most have a “diagnostic” feature within one range, which is easily distinguished 

and rarely overlaps with other mineral spectral features (Hancock et al. 2013). Based on 

the diagnostic features, Fe-oxides are best identified in the VNIR range (Cudahy and 

Ramanaidou, 1997), carbonates and quartz in the TIR range (Green and Schodlock, 2016) 

and clay minerals within the SWIR range (Bishop et al., 2008). Automated mineral 

identification and estimates of relative abundance from reflectance spectra was performed 

using The Spectral Assistant (TSA) algorithm, in built within TSG (Berman et al. 1999). 

The TSA algorithm identifies minerals by comparing the fit of measured spectra to spectra 

stored in the TSG in-built spectral reference library, which contains ~500 reference 

spectra for ~60 common minerals (Berman et al. 1999; Berman and Bischof, 1997a, b, c; 

Huntington et al. 1997). TSA identifies between two to three spectrally dominant minerals 

for each wavelength region with relative proportions (weights) for each spectrum 

(Huntington et al. 1997; Hancock and Huntington, 2010). Therefore, lower representation 

for minor mineral components within mixed assemblages can be expected. Validation of 

TSA mineral matches were completed via visual comparison of acquired spectra to in-

built library of pure mineral spectrum standards and manually refining the TSA matching 

scalars to produce a final user guided mineral match (Schodlock et al., 2016). Further 

independent validation was undertaken by comparison with XRD and SEM-EDS mineral 

data. Additional information on the mineral identification and validation of Hylogger-3 

data can be found in the supplementary material for this article (Appendix D).  

4.5 Results 

4.5.1 Comparison of mineral data sets 
The major mineral assemblage of the dolocrete profiles from reflectance spectra and XRD 

data is displayed in Figure 4.2. Overall, the TSA mineral identification corresponds well 

with mineralogy obtained by XRD, particularly for kaolinite and palygorskite. However, 

distinctions in the reported mineral abundance between data sets was observed for a 

number of minerals. Dolomite abundance appears to be under-represented by TSA in 

some core sections. Under-estimation of carbonate is likely due to ultrafine-grain size 

(<65 µm), which is known to result in diminished diagnostic features due to scattering 

effects (Gaffey, 1986). This is particularly evident in top few metres of core 015, which 

is composed of ~50-75 wt% carbonate and contains abundant sub-micron sized carbonate 

but few counts of carbonate are detected by TIR or SWIR (Figure 4.2; Appendix D Figure 

D1). Hematite is under-represented by TSA mineralogy, most notable from ~4 to 10.3 m 
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in core 015, which has increasing hematite-rich pisolitic gravel (up to 19 wt% hematite 

in bulk assemblage). This may partly reflect the heterogeneous nature of Fe-oxide 

cemented gravels and fragments within the host sediments. However, comparison of 

ferric oxide abundance with the wavelength position of the diagnostic absorption features 

of hematite (900 nm) and goethite (940 nm) in this core section confirmed the dominance 

of the 900 nm hematite feature and correlates well with the expected hematite from XRD 

(Appendix D Figure D2; Cudahy and Ramanaidou, 1997). This indicates the TSA 

algorithm for hematite is not particularly effective. The abundance of smectite is also not 

well matched between reflectance spectra and XRD. This may largely be explained by 

mineral mixtures of smectites, kaolinite and carbonates, of which the absorption features 

largely overlap.  

The identification and quantification of specific smectite minerals is more challenging for 

both XRD and Hylogger-3 data sets. The TSG spectral reference library contained only 

montmorillonite, nontronite and saponite, which may not fully represent the range of 

smectite minerals present. TSA identified the trioctahedral smectite as saponite, however, 

EDS compositions detected almost entirely Mg and Si and <2% Al2O3, suggesting 

stevensite may be the most likely mineral. As stevensite is not within the TSG reference 

library is could not be identified by the TSA algorithm. Similarly, XRD patterns cannot 

distinguish between the trioctahedral smectites of saponite and stevensite. The reflectance 

spectra for saponite also contained kaolinite so a lack of Al within the mineral could not 

be confirmed. Sepiolite is also not included within the TSG reference library, although, 

TSA does identify the mineral group (eg. palygorskite-sepiolite). As the non-references 

minerals are present in very minor proportions this does not impact the construction of 

major mineral assemblages and trends. 

Validation of TSA smectite mineralogy (trioctahedral vs. dioctahedral) with <2µm 

fraction XRD was possible for samples containing i) moderate proportions of smectite; 

ii) dominated by one smectite mineral and; iii) did not contain high proportions of 

palygorskite. Samples with little or mixed smectites were difficult to distinguish with 

XRD patterns and for those with significant palygorskite due to overlapping palygorskite 

peak (at 1.5Å). Trioctahedral smectite within the upper few metres of core 015, was 

confirmed by the XRD 060 d-space of 1.522Å of smectite in the <2 µm fraction at 0.85 

m depth (Table 4.1; Grauby et al., 1993). Trioctahedral smectite is also dominant ~4-5 m 

in core 010, however, the 060 d-space of 1.51Å is not conclusive and likely reflects some 

mixture with dioctahedral smectites. The presence of dioctahedral smectite at other depths 
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within cores 010 and 015, was confirmed from 060 d-spaces between 1.500 to 1.507 Å. 

Values of 1.50 to 1.51 Å indicate an intermediate dioctahedral structure and suggests 

higher Mg content (Grauby et al., 1993), which is consistent with EDS observations.  

Table 4.1: The mineral percentages of <2 µm fraction determined by X-Ray diffraction.  
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1523 0.85 <1 <1 19 76 
 

3 
  

3 1.522 trioctahedral 

1018 1.95 <1 <1 20 27 23 30 <1 
 

<1 1.506 dioctahedral 

1002 4.2 <1 <1 28 44 4 20 <1 
 

3 1.510 trioctahedral 
/ mixed 

1009 9.0 <1 <1 29 54 1 
 

<1 14 2 1.507 dioctahedral 

1507 9.5 1 <1 51 27 
  

<1 6 14 1.500 dioctahedral 

1524 12.6 4 <1 50 29 14 
 

2 1 <1 1.501 dioctahedral 

904 5.8     1 4 94   <1   2 Severe overlapping 
palygorskite peak at 
1.5Å 

916 11.7   <1 5 8 82   <1 5   Severe overlapping 
palygorskite peak at 
1.5Å 

926 13.9 <1 <1 8 18 69   4   1 Severe overlapping 
palygorskite peak at 
1.5Å 

920 15.3 <1 <1 6 15 72   4   2 Severe overlapping 
palygorskite peak at 
1.5Å 
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Figure 4.2: The XRD (bulk) and Hylogger-3 mineralogy of dolocrete profiles alongside an overview of the sedimentology of the profiles for core 010 (A), 
core 009 (B) and core 015 (C). Reflectance spectra TSA mineralogy is presented as the total weight (proportion) of the particular mineral detected within 
a 100 mm bin interval. As the data is compiled in continuous 4 mm intervals, the total possible weight for each HyLogger-3 mineral set is 25, indicated 
by the dashed line labelled Max set weight.  The mineral abundance from HyLogger-3 data is from the thermal infrared (TIR) wavelength region for 
quartz and carbonate, visible-near infrared (VNIR) wavelength region for Fe-oxides and shortwave infrared (SWIR) wavelength region for clay minerals. 
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4.5.2 Mineralogy and sedimentology of profiles 
The sedimentology of the dolocrete profiles from the Coondiner sub-basin was previously 

described in Mather et al., (2019) and includes dolocrete of 10.7 m thick overlying banded 

iron formation (core 010) and 19- 22 m thick overlying shale (core 009 and 015). Host 

sediments comprise ~8-14 m of alluvial and lacustrine sediments of primarily clay-size, 

containing varying proportions of coarser clay aggregates, silcrete fragments and Fe-

oxide cemented pisoliths and gravels. The alluvial and lacustrine sediments in cores 009 

and 015 is underlain by in-situ regolith and saprock of shale, which contains increasing 

proportions of lithic fragments of chert and weathered shale within a clayey matrix. Core 

010 contains a saprolite zone from >8 m depth, with a sharp contact to solid bedrock at 

10.7 m depth. 

The profiles are primarily composed of authigenic dolomite and clays, in addition to 

varying proportions of kaolinite, quartz, hematite and goethite, representing host 

sediment composition (Figure 4.2). Secondary calcite also occurs, primarily within the 

upper few metres. At least two generations of dolomite are present as stoichiometric 

dolomite (~50-53 Mol% CaCO3) and Ca-rich dolomite (~53-60 Mol% CaCO3), identified 

in XRD patterns (Appendix A; Mather et al., 2019). The authigenic clays comprise 4 to 

77 wt% of bulk samples and include palygorskite-sepiolite and both dioctahedral 

(montmorillonite-nontronite) and trioctahedral smectite (Mg-saponite-stevensite). The 

dioctahedral smectite is present in varying proportions throughout the profiles and 

comprises up to ~20 wt% of the bulk assemblage, more common within cores 010 and 

015. In contrast, palygorskite-sepiolite and trioctahedral smectite are distributed in certain 

horizons (Figure 4.2). Differences in the crystallinity of kaolinite, identified in the 

reflectance spectra, assisted the determination of detrital versus in-situ regolith. Both core 

009 and 015 contained higher proportions of crystalline kaolinite within the lower profiles 

containing in-situ weathered shale material compared to poorly crystalline kaolinite 

within overlying detrital sediments.  

Micritic dolomite and clay are dominant within the upper 6 m of core 010, which contains 

up to 95wt% dolomite and no gravel. The upper few metres (<2.6 m) contain a clay 

fraction of largely palygorskite and smectite (mostly montmorillonite), with smaller 

proportions of kaolinite and sepiolite (Figure 4.2A). Palygorskite is mostly notable in 

reflectance spectra of core 010, but is <5 wt% of bulk samples analysed by XRD. Sepiolite 

was detected only by XRD of <2 µm fraction within the upper profile (<5 m depth), 

although comprised a moderate proportion of the clay mineral assemblage (20-30 wt%; 
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Table 4.1). From 2.6 m to 6 m, smectite (4-17 wt%) consisting of trioctahedral smectite 

and montmorillonite are present. Alluvium below 6 m depth contains up to ~10 % Fe-

oxide gravels of pisoliths and banded iron formation fragments within a clayey matrix. 

The matrix is composed of dolomite, dioctahedral smectite (nontronite-montmorillonite) 

and detrital Fe-oxides and poorly crystalline kaolinite. The saprolite contains increasing 

proportions of fragmented, reworked and cemented oxidised banded iron formation 

infilled by detrital and authigenic sediments of poorly crystalline kaolinite, goethite, 

dolomite and dioctahedral smectite. Nontronite is the main smectite mineral in the lower 

profile, as replacement of Fe-rich grains.  

The upper profile of core 009 (<5.7 m) is composed of ~60 % carbonates (calcite 

dominant <2 m depth), in addition to poorly crystalline kaolinite, dioctahedral smectite, 

quartz and hematite, the latter mostly present within Fe-cemented gravel (~1 mm to 5 cm; 

Figure 4.2B). Between 5.7 m and 16.5 m, the dolocrete is comprised of almost entirely 

dolomite and palygorskite, with up to 62 wt% palygorskite and also contains relatively 

higher proportions of goethite, particularly notable within reflectance spectra. A white 

clayey horizon is present between ~12.5 to 14.3 m, which contains some silcrete 

fragments and greenish clay glaebules (palygorskite). Below ~16 m depth, the dolocrete 

transitions to saprock of shale, which contains higher proportions of crystalline kaolinite 

and minor white mica, in addition to dolomite. Shale bedrock (>18.5 m) contains 

dominantly hematite and crystalline kaolinite with lesser proportions of white mica and 

quartz; dolomite content decreases to 16 % at ~20 m depth. Minor smectite (<15 wt%) 

occurs throughout the dolocrete profile of core 009 and into saprock. Reflectance spectra 

indicates a mixture of trioctahedral smectite, montmorillonite and nontronite with the 

latter dominant below ~10 m depth.  

Core 015 contains pedogenic carbonate nodules within the upper metre, composed of 

micritic dolomite and Mg-calcite (6.2 Mol% MgCO3). The top few metres of core 015 is 

dominantly dolomite and trioctahedral smectite but also contains kaolinite and minor 

sepiolite, palygorskite and magnesite (<5 %; Figure 4.2C). A fining up alluvial sequence 

is present, consisting of ~50 % pisolitic gravel (~1-5 mm diameter) at the base of the 

succession (10.3 m depth) up to <10 % within the top 3 m. The alluvial matrix is 

composed of poorly crystalline kaolinite, hematite and quartz; only minor dolomite 

cement occurs between ~8 to 10.3 m depth. Underlying the alluvial succession is a pale 

clayey horizon that is distinguished by a lack of Fe-oxides between ~10.3 to 13 m depth 

(Figure 4.2; Appendix D Figure D2) and is composed of dolomite, palygorskite, smectite 
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(mostly montmorillonite) and kaolinite. The clayey horizon contains fragments of silcrete 

similar to that in core 009. Minor calcite also occurs directly below the alluvial sequence. 

Below 13 m depth, the regolith grades to saprolite and saprock of shale (>~18 m depth), 

which contains increasing proportions of goethite (up to 51wt %), as well as kaolinite, 

quartz and mica and dolomite.  

4.5.3 Clay texture and composition 
The chemistry of clay matrix determined from EDS spectra is almost entirely represented 

by MgO, Al2O3, SiO2 and Fe2O3 and are displayed as molar proportions in ternary plots 

in Figure 4.3. The EDS spectra of clays display a range of compositions from kaolinite to 

Al-Fe dioctahedral smectite and to palygorskite-sepiolite and trioctahedral smectite, with 

increasing MgO and SiO2 content combined with decreasing Al2O3. The EDS 

compositions confirm the expected major clay mineral assemblages for each profile and 

at certain depths. For example in core 009, the ternary plots highlight that kaolinite is the 

dominant clay in the upper profile (<5.6 m) and in the shale saprock and bedrock, whereas 

palygorskite is dominant in the mid profile (Figure 4.3C). Clay spectra obtained from 

core 015 contains generally lower MgO and higher Al2O3 due to prevalence of kaolinite 

and dioctahedral smectite (montmorillonite- nontronite) and minimal palygorskite 

(Figure 4.3D). Higher MgO is notable for 0.3 m depth in core 015 due to the presence of 

trioctahedral Mg-smectite and sepiolite.  

Kaolinite is present as laths and pseudomorphic vermiform structures after mica, more 

common in the lower profiles. Small proportions of K2O were present within kaolinite, 

mostly <2 wt% but ranging up to ~10 wt% reflecting relict K from replacement of mica. 

Varying proportions of Fe2O3 were detected within the kaolinite matrix present as finely 

mingled Fe-oxides as well as Fe-substituted in kaolinite.  
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Figure 4.3: Ternary plots showing proportions of Al2O3-MgO-SiO2 (left) and Al2O3-MgO-Fe2O3 

(right) elements (molar ratios) in reference clay compositions (A) and of clay matrix from EDS 
spectra for core 010(B), core 009 (C) and core 015 (D). The reference clay compositions from 
Birsoy (palygorskite, sepiolite, saponite-Mg, montmorillonite-Mg and kaolinite; 2002), 
aluminous saponite from Calvo et al., (1999), nontronite from mineral data sheet (Nontron, 
France) and average of compiled palygorskite compositions from García-Romero and Suárez 
(2010) for the Al2O3-MgO-SiO2 plot and Ross and Hendricks (1945; nontronite, montmorillonite), 
nontronite from mineral data sheet (Nontron, France), Birsoy (palygorskite and kaolinite; 2002) 
and García-Romero and Suárez (average palygorskite; 2010) for the Al2O3-MgO-Fe2O3. 
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Figure 4.4: Backscatter scanning electron micrographs of smectite within the dolocrete profiles 
and textural associations with dolomite- A: (Core 015 #1509, 11 m depth) Montmorillonite matrix 
mingled with remnant detrital sediments of fine quartz, Fe-oxide and Ti-oxide grains. B) (Core 
010- 4m depth) Al-Fe smectite within dolomicrite-smectite matrix. C) (Core 010 #1002, 4.2 m 
depth) Nontronite replacement of a grain, and dolomicrite mingled with Mg-Si-rich incipient clay 
(Al = 1.6 %, Mg = 27 %, Ca = 13 %, Si = 56 %, Fe = 1 %). Arrows indicate examples of where clay 
resembles EPS structures. D: (Core 010 #1008, 8.5 m depth) Nontronite replacement of a grain, 
surrounded by void space and dolomicrite mingled with smectite (Fe-Mg-Al) clay matrix (Al ~7-
18 %, Mg ~6-10 %, Ca ~3.5-7 %, Si ~53-58 %, K =≤1.1 %, Fe ~13-22 %). E) (Core 010-4 m depth) 
Dolomite spheroids within Mg-clay matrix (Mg 13-20 %, SiO2 47-20 %, Al 3-6 %). F: (Core 015 
#1509 – 11 m depth) Dolomite rhombs forming within Mg-rich smectite (montmorillonite; Al ~21-
25 %, Mg ~5-8 %, Ca ~2-5 %, Si =~61 %, K = ~0.7 %, Fe =<5 %). G: (Core 010 #1003, 5.2 m depth) 
Stringy elongate Al-Mg-Fe smectite clay intermingled and surrounding dolomite crystals displays 
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a more aligned lath-like texture (Al~20 %, Mg~8.5-11.5 %, Si~56 %, K=2 %, Fe-6-8 %). The clay 
immediately surrounding dolomite contains lower Al and Si (Al = ~10 %, Mg ~17 %, Ca ~16 %, Si 
~4 %, K = 1 %, Fe = 6 %). H: (Core 015 #1506, 7.8 m depth) Dolomite spheroids in variable smectitic 
matrix (Al ~20-29 %, Si ~43-56 %, Mg ~3-13 %, Ca ~2-16 %, K~0.6-3 %, Fe ~7-19 %). Arrows 
indicate examples of where clay resembles EPS structures. 

Smectite composition ranges from montmorillonite (Al-rich end-member) to nontronite 

(Fe-rich end-member), with the majority of spectra closer to montmorillonite. MgO of 

~4-7 wt% is present with the smectite, in addition to minor CaO, K2O (mostly <2 wt%) 

and trace Na2O (<1 wt%). Montmorillonite-nontronite clays are primarily observed as 

replacement of precursor minerals (Figure 4.4A-D); montmorillonite replaced siliceous 

matrix, whereas nontronite is more commonly present as replacement of discrete grains, 

presumably of Fe-rich minerals. However, the Fe versus Al in the smectite is typically 

intermediate and variable within the matrix (Figure 4.3). No primary inherited textures 

were observed, although relicts of earlier minerals such as kaolinite and quartz are 

sometimes present and partly dissolved within the matrix (Figure 4.4A). The distribution 

of smectite throughout the detrital and in-situ regolith profile and textural characteristics 

are consistent with clay authigenesis. However, it is possible that a minor component is 

of detrital origin, in particular the discrete clasts of nontronite clays that may have been 

transported from proximal weathering profiles. Textural associations indicated 

montmorillonite-nontronite formed subsequent to kaolinite, the latter interpreted to be 

detrital within the detrital sediments. 

Trioctahedral smectite is primarily present within a highly dolocretized cemented horizon 

in core 010 (~4-5.6 m) and within the upper 3 m of core 015 including within the 

pedogenic zone, identified by reflectance spectra and XRD (Figure 4.2). However, minor 

amounts of trioctahedral smectite are observed under SEM at a range of depths in varied 

host sediments within cores 010 and 015. Sepiolite occurred at similar intervals, detected 

in the clay fraction of samples from the upper profile of core 010 and within the top 2 m 

of core 015. Mg-clay within core 010 also displayed elongate and sinuous textures, 

usually present in small proportions co-occurring with montmorillonite (Figure 4.4D and 

4.4G). Coatings of Mg-clay within the soil zone were not commonly observed, which 

might be expected if the clay was forming within the pedogenic zone (Mees and Van 

Ranst, 2011). However, some aggregates of Mg-clay amongst mixtures of both detrital 

and authigenic minerals and grains were present. The composition of trioctahedral 

smectite is Mg-rich (~20 wt% MgO) but is variable and ranged between saponite and 

stevensite. The EDS compositions of trioctahedral smectite within the soil zone of core 

015 contain higher proportions of MgO (~26 wt% MgO: 66 wt% SiO2) and minimal 
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Al2O3 and Fe2O3 of <2wt%, with variable Ca content (0.5-9 wt% CaO), suggesting 

stevensite is the most likely mineral. However, minor sepiolite may also be represented 

in EDS analyses. The trioctahedral smectite in both profiles appears to be either 

neoformed or present as mineralised EPS structures encasing dolomite crystals, described 

further in Section 4.4.  

Palygorskite is most dominant within highly dolocretized sediments in core 009 (5.7 m 

and 16.5 m depth; Figure 4.2). The palygorskite is present as both pore filling cement and 

as replacement of earlier clayey sediments, the latter often indicated by presence of 

remnant TiO2 and Fe2O3 grains and occasional kaolin laths in the matrix (Figure 4.5A). 

The palygorskite has characteristic fibrous morphology. Aggregation of fibres is varied 

and includes; interwoven randomly orientated fibres (Figure 4.5G); sheets of mostly 

orientated fibres and; bundles of fibres (>5 µm; Figure 4.5H). Fibre length mostly varies 

from ~1 to 10 µm and is considered intermediate according to the classification outlined 

by García-Romero and Suárez (2013), although some longer fibre bundles are observed 

(Figure 4.5H).  The fibres and aggregations are typically slightly curved (García-Romero 

and Suárez, 2013). Tightly bound bundles form some more curved tubular features (1-2 

µm thick; Figure 4.6F). In contrast, other zones contain flaky (Figure 4.5D) and loosely 

bound fibres. Palygorskite fibres are also observed coating other minerals (dolomite, 

smectite and kaolinite) in zones of relatively low palygorskite content within cores 010 

and 015. The composition of palygorskite is variable but generally MgO>Al2O3 and 

Al2O3/SiO2 ratios are mostly ≤0.1. MgO/SiO2 ratios are dominantly in the range of 0.2-

0.3 (~0.26 average), although some spectra indicate higher MgO/SiO2 of ~0.4. Fe2O3 

content is common within palygorskite, usually <4 wt% Fe2O3.  Typically higher 

proportions of Fe2O3 is detected where Fe-oxides are present within palygorskite matrix 

aligned with the palygorskite fabric, likely adsorbed to clay surfaces (Figure 4.5B). 
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Figure 4.5: Backscatter scanning electron micrographs of palygorskite and dolomite associations 
within the dolocrete profiles. A: (Core 009 – 12.7 m depth) Palygorskite matrix containing relict 
Ti-oxide and Fe-oxide grains, quartz and kaolinite laths, intermingled with dolomite. B: (Core 009 
– 11.7 m depth) Highly cemented Fe-rich palygorskite intercalculated with dolomite. C: (Core 010 
– 9 m depth) Palygorskite fibres coating dolomite crystals. Connecting palygorskite fibres 
resembling EPS structures, indicated by red arrows. D: (Core 009 – 6 m depth) Flaky aggregates 
of palygorskite infilling void space surrounding cemented dolomite. E: (Core 015 – 11.1 m depth) 
Dolomite rhombs and some platey hexagonal kaolinite crystals, coated by palygorskite fibres 
that display some EPS structures. Examples of EPS structures indicated by red arrows. F: (Core 
009 – 11.2 m depth) Rounded dolomite aggregates intercalated with curved Fe-rich palygorskite. 
G: (Core 009 – 6 m) randomly orientated palygorskite fibres aggregated to form larger sheet of 
clay. H: (Core 015 -12.4 m depth) orientated fibres aggregated to form thick bundles of >10 µm. 
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Figure 4.6: Backscatter scanning electron micrographs of trioctahedral Mg-clay and carbonate 
associations within top 1 m soil zone of core 015 (A-B thin section from 0.3 m depth and C-D fresh 
sample from 0.9 m depth).  A: Higher magnification view of pedogenic nodule where Ca-Mg 
carbonate appears to be forming after Mg-clay. B: Nano-crystals of Ca-Mg carbonate nucleating 
within Mg-clay. Most clay in this sample is Mg-silicate. Maybe sepiolite or stevensite or very high-
Mg saponite. Minor Al <2%, Mg/SiO2 of 0.67-0.7. C: Mg-smectite mingled in matrix and in void 
space, displays a dimpled film along the outer surface that may be after microbial EPS. Similarly, 
honeycomb textures extend into open void that may reflect mineralisation of EPS. Red arrows 
indicate EPS texture. D: Mg-smectite and micritic Ca-Mg carbonate, the latter showing 
rhombohedral crystal ends. Red arrows indicate example of where Mg-smectite resembles EPS 
honeycomb texture. 

4.5.4 Clay – dolomite – EPS textural associations 
Montmorillonite-nontronite clays appear to have dominantly formed prior to 

dolocretization. However, dolomite is often finely mingled with both dioctahedral and 

later formed trioctahedral smectite. Dolomite is observed to have formed within a 

smectitic matrix (Figure 4.4C-H). In particular, spheroidal dolomite observed in core 010 

is encased in Mg-smectite (Figure 4.4E) and displays textures similar to those produced 

by Liu et al., (2019), whereby dolomite was synthesized with montmorillonite. Smectite 

(Mg-montmorillonite to trioctahedral Mg-smectite composition) also often displays a 

honeycomb fabric surrounding dolomite rhombs (Figures 4.4C and 4.4H) resembling 

microbial EPS (Schaudinn et al., 2007). The composition of dioctahedral smectite 

surrounding dolomite crystals contains ~5-8 wt% MgO: ~17-20 wt% Al2O3:~61-64 wt% 

SiO2 and 5-6 wt% Fe2O3, whereas higher Al2O3 of >20 wt% more consistent with 
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montmorillonite occurs in outer matrix. Dolomicrite is also frequently observed encased 

in an Mg-Ca-Si rich matrix with low Al content (<5 wt%), typically resembling EPS 

morphologies, which may reflect incipient clay formation (Figure 4.4C and 4.4F). A 

proportion of Ca and Mg in EDS spectra may also be partly attributed to closely formed 

dolomite. Sinuous smectite intermingled with dolomite crystals within the cemented zone 

of core 010 (~4-5.6 m; Figure 4.4G) contains on average ~20 wt% MgO, 68 wt% SiO2, 

3.5 wt% Al2O3 with more variable Fe content between 4-10 wt% Fe2O3 and CaO of 0.5-

8 wt%, most consistent with trioctahedral Mg-smectite. However, adjacent clay, 

including similar fabrics (just not in directly encasing dolomite crystals), often contains 

a higher percentage of Al2O3 and is more consistent with high-Mg montmorillonite-

nontronite. Coatings of Mg-clay (sepiolite or trioctahedral smectite) are observed along 

zones of dolomite cement at 5.2 m depth in core 010.  

Palygorskite, where dominant within core 009, is finely intermingled with dolomite and 

has replaced clayey aggregates, which are brecciated and cemented by dolomite. Infill of 

void space surrounding dolomite has created a highly cemented palygorskite-dolomite 

texture. Palygorskite fibres coat and connect around dolomite rhombs, sometimes 

resembling microbial EPS (Figure 4.5C and 4.5E; Mather et al., 2019). The cementation 

in pores surrounding dolomite matrix and coating of dolomite rhombs, also observed in 

the non-palygorskite dominant zones in cores 010 and 015, suggests palygorskite formed 

during or shortly after the major phase of dolocretization.  

Pedogenic carbonate, observed primarily in core 015, is also closely associated with clay 

minerals and microbial EPS. Trioctahedral smectite to sepiolite was prevalent within the 

soil zone; occurring finely mingled in the matrix and in void space (Figure 4.6). The Mg-

clay largely displays honeycomb structures, from replacement of EPS (Figure 4.6C and 

4.6D). Dimpled films are also observed along the outer surface of clay zones with 

honeycomb textures extending within, resembling EPS biofilm. The Mg-clay formed 

prior to carbonate; sub-micron sized crystals of Ca-dolomite and Mg-calcite are observed 

to have formed within the clayey matrix of Mg-silicate (Figure 4.6B). The clay also 

appears to form a pre-cursor medium for development of pedogenic carbonate nodules, 

where spherules of carbonate have developed within an aggregate of Mg-clay (Figure 

4.6A).   
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4.6 Discussion 
The results from this study provide evidence for the close association of both Mg-clay 

and microbial EPS with dolomite formation within dolocrete profiles from a semi-arid 

continental environment; the combined association of EPS, clay and dolomite has rarely 

before been considered. The mineralogical and microscopic results show that the clay-

dolomite-EPS associations occur throughout the dolocrete profiles, within both the 

groundwater and pedogenic dolocrete horizons. The occurrence of the EPS-mineral 

textures has implications for other Mg-rich alkaline lacustrine and groundwater 

environments worldwide and suggests that interactions occur between both the clay and 

carbonate minerals and EPS. The outcomes of this study suggest that the biogenic 

influence on dolomite formation as well as clay authigenesis should be considered in 

future studies and may be important for interpretation of mineral-derived environmental 

information for palaeoenvironmental research.  

4.6.1 Clay mineral occurrence and timing  
The dolocrete profiles from the Coondiner sub-basin contain significant proportions (4 to 

77 wt% of bulk sample) of authigenic clays, including dioctahedral and trioctahedral 

smectite, palygorskite and sepiolite, which are characteristic of many lacustrine and 

groundwater carbonate sediments and duricrusts worldwide (eg. Hutton and Dixon, 1988; 

Arakel and McConchie, 1982; Armenteros et al., 1995; Colson and Cojan, 1996; Calvo 

et al., 1999; García Del Cura et al., 2001; Cuevas et al., 2003; Kadir et al., 2010; Casado 

et al., 2014). The diversity of clays reflect local hydrochemical fluctuations within the 

profiles as well as variation in environmental conditions over time.  

The dioctahedral smectite (montmorillonite-nontronite) formed largely prior to 

dolocretization indicated by textural relationships.  The presence of dioctahedral smectite 

throughout the profiles, as opposed to within horizons associated with palaeo-

groundwater tables, also suggests the dioctahedral smectite was not associated with 

dolocretization and is interpreted to have developed dominantly from replacement of 

earlier sediments within the weathering profile. The development of dioctahedral smectite 

indicates moderately alkaline and hydromorphic conditions within the weathering profile 

(Tardy, 1969; Borchardt, 1989; Wilson, 1999), typical of valley depressions in the 

Hamersley Basin. Smectite mineralogy was primarily montmorillonite, which is expected 

as montmorillonite is a major weathering product of common silicate minerals such as 

plagioclase and mica and may form directly from Si and cation-rich solutions (Wilson, 

1999). The prevalence of Mg2+ ions is also conducive to the formation of montmorillonite 
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minerals (Ross and Hendricks, 1945). The dioctahedral smectite contained ~4-7 wt% 

Mg2+ that may be bound within octahedral sheets or adsorbed onto clay surfaces (Odom, 

1984), incorporated due to interaction with Mg-rich fluids. The lack of primary textures 

observed within montmorillonite matrix indicates the smectite was dominantly 

neoformed (Wilson, 1999). Whereas, the less frequent nontronite and Fe-rich 

montmorillonite grains may reflect transformation of earlier minerals. The range of 

compositions of Al-Fe smectite, including minor nontronite, is consistent with the 

presence of Fe-rich basement rocks and regolith products.  

In contrast, smectite (both dioctahedral and trioctahedral) within lacustrine sediments 

may have formed either by direct precipitation in alkaline lake/pore waters or by 

replacement of precursor minerals within the sediment profile (Calvo et al., 1999; Mees, 

2001; Casado et al., 2014). The presence of trioctahedral Mg-smectite, often occurring 

with minor sepiolite within the upper profiles of core 010 and core 015, suggests relatively 

saline and alkaline conditions (eg. pH > 8) typical of alkaline lake or playa environments, 

with generally higher Si and lower Al activity than that expected to form the dioctahedral 

smectites (Webster and Jones, 1994; Armenteros et al., 1995; Calvo et al., 1999; Birsoy, 

2002; Mees and Van Ranst, 2011; Pozo and Calvo, 2018). In particular, the sinuous 

textures observed in the upper profile of core 010 comprised of almost entirely authigenic 

minerals of montmorillonite, trioctahedral smectite, sepiolite and dolomite are more 

consistent with lacustrine formation (Mather et al., 2019). However, Mg-clay within the 

pedogenic zone of core 015 may have developed subsequently within an alkaline soil 

environment (Casado et al., 2014; others). Certainly, Mg-clay (stevensite and sepiolite) 

within the soil zone (<1 m depth) appears to be associated with pedogenic carbonate; the 

Mg-calcite/dolomite is observed to be replacing or forming within a matrix of Mg-clay in 

both pedogenic nodule development and more dispersed within broader soil matrix 

(Figure 4.6). The textures of Mg-clay within the soil zone were not typical of pedogenic 

development; for example coatings of clay are not commonly observed. The distribution 

of trioctahedral smectite and sepiolite also occur at a similar elevation in cores 010 and 

015 and it is interpreted that the Mg-clays primarily formed earlier within a lacustrine or 

playa environment but may have been influenced by subsequent pedogenic processes 

within the shallow sediments (Mees and Van Ranst, 2011). Overall, the trioctahedral 

smectite within the dolocrete profiles has variable composition between saponite and 

stevensite, which are difficult to distinguish in both XRD and reflectance spectra, 

particularly for mixed clay samples. The Mg-smectite is neoformed and textures are most 
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consistent with direct precipitation from pore waters or by replacement of EPS (Mayayo 

et al., 1998; Figure 4.4). Lacustrine clay deposition occurred prior to dolocretization, 

although further trioctahedral Mg-clay authigenesis may be more closely timed with 

dolomite formation within the alkaline groundwater environment. In particular, the timing 

of Mg-clay replacement of EPS versus dolomite nucleation is unclear and is discussed 

further below in Section 5.2. In addition, trioctahedral Mg-clay coatings observed in core 

010 also suggest some clay also formed subsequent to phases of dolomite precipitation.  

The co-occurrence of palygorskite and dolomite in duricrusts has been noted in numerous 

locations (eg. Khalaf, 1990; El-Sayed et al., 1991; Rodas et al., 1994; Colson and Cojan, 

1996; Stahr et al., 2000; Kadir et al., 2010), the formation of both minerals promoted by 

alkaline (optimal pH ~7.7-8.5; Birsoy, 2002) and high-Mg2+ conditions. The nature of 

fibrous textures, vertical distribution of palygorskite and association with dolocretization 

is all indicative of an authigenic origin. The formation of palygorskite is typically linked 

to seasonal semi-arid to arid wetting and drying processes around a fluctuating water 

table, where saturated pore waters undergo evaporation during drying (Colson et al., 

1998; Stahr et al., 2000; Birsoy, 2002; Galan and Pozo, 2011). Dissolution of silicates 

during dolocretization can result in palygorskite development under the Mg-rich 

groundwater conditions (Galan and Pozo, 2011). This is consistent with the inverse 

relationship between palygorskite content and quartz and kaolinite within the dolocrete 

profiles. The palygorskite displayed a range of compositions from Mg-rich to Al-Mg and 

frequently contained ~4 wt% Fe. Higher MgO/SiO2 ratios may reflect a degree of Mg 

substitution in Al sites as well as intergrowth of sepiolite (García-Romero and Suárez, 

2010; Suárez and García-Romero, 2013). The range of MgO/SiO2 ratios and Mg>Al were 

mostly consistent with the common Type II palygorskite defined by Suárez et al., (2007), 

which contains higher proportions of Mg compared to Al but still has close to 4 octahedral 

cations per half unit cell.  The Fe content in palygorskite may also be substituted for Al 

as well as adsorbed to clay surfaces (García-Romero et al., 2004; García-Romero and 

Suárez, 2010; Middea et al., 2013; del Buey et al., 2018). The incorporation or adsorption 

of minor Fe is not unexpected due to the proximity and interaction of groundwater with 

abundant Fe-oxides and oxyhydroxides associated with the bedrock and subsequent 

alteration products. The palygorskite displayed a variety of fibre aggregation 

morphologies and predominantly intermediate fibre length (1 to 10 µm), similar to 

textures observed in other continental basins (eg. Suárez et al., 2018; del Buey et al., 

2018). The intermediate fibre length suggests the palygorskite formed in conditions close 
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to equilibrium, as oppose to super-saturated conditions that would produce small fibres 

(<1 µm) due to rapid nucleation (García-Romero and Suárez, 2013). The variation in 

texture appears to mostly reflect differences between palygorskite formed by replacement 

versus pore filling cement, the latter allowing larger bundles or sheets of fibre aggregates 

(Figure 4.5; Akbulut and Kadir, 2003).  

Palygorskite likely developed largely by replacement of dioctahedral smectite, such as 

that more prevalent within cores 010 and 015. Replacement of smectite, typically 

montmorillonite, through a dissolution-precipitation process has been demonstrated as a 

common mode of palygorskite formation (Weaver, 1984; Birsoy, 2002; Chen et al., 2004; 

Kadir, 2007). Dissolution of montmorillonite releases Si, Al and possibly Mg into 

solution and allows for formation of the palygorskite. The palygorskite fibres observed 

on smectite has been observed in numerous locations (eg. Rodas et al., 1994; Krekeler et 

al., 2005; Kadir, 2007; Elidrissi et al., 2018) and could reflect the early stages of this 

process. However this is not conclusive and Colson et al., (1998) suggested the feature of 

palygorskite fibres growing upon smectite was more likely to be from precipitation of 

palygorskite in pore space. The direct precipitation of palygorskite from solution was also 

prevalent, evidenced by interwoven fibres and bundles within pore space surrounding 

dolomite (Akbulut and Kadir, 2003). The apparent close timing and textural associations 

of palygorskite and dolomite suggest the palygorskite was in equilibrium with dolomite 

(Birsoy, 2002). Whilst it is possible for dolomite and palygorskite to form coevally, dual 

formation is less likely due to competition to incorporate Mg2+ (Ryan et al., 2018). 

Palygorskite cements suggest formation was most likely subsequent to the major phase 

of dolomite formation. Seasonal fluctuations causing minor changes in Si, Mg and Al 

availability, which alter the stability of palygorskite and dolomite, likely contributed to 

the formation of palygorskite cements (Suárez et al., 1994; Calvo et al., 1999).  In addition 

to silicate dissolution, seasonal wetting may have also caused minor dissolution of 

dolomite, which would have released Mg2+ to pore waters and buffered the solution pH 

with HCO3
-, promoting palygorskite formation (Ryan et al., 2018). Dissolution of cores 

and zones of dolomite crystals during stabilisation could have also contributed to clay 

authigenesis (Kaczmarek and Sibley, 2014). However, palygorskite was not observed 

within intracrystalline pores of dolomite (Mather et al., 2019), suggesting loss of cores 

occurred later.  
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4.6.2 Mechanisms of mineral formation and association with microbial EPS 
Throughout the dolocrete profiles from the Coondiner sub-basin dolomite is frequently 

observed to have formed within clay or clay-mineralised EPS, both of which are 

interpreted to have been an important factor in the nucleation of primary dolomite (Kahle, 

1965; Krause et al., 2012; Bontognali et al., 2014a; Zhang et al., 2015; Liu et al., 2019). 

Dolomite appears to have crystallised within a matrix of montmorillonite and 

trioctahedral smectite as well as within EPS-structures that have been replaced by clay to 

some extent. The dolomite-smectite associations were dominantly observed within cores 

010 and 015, which contained higher proportions of smectite minerals. In contrast, core 

009 contained high proportions of palygorskite that had largely replaced dioctahedral 

smectite and cemented the sediments, subsequent to dolomite formation. EPS structures 

are also observed as palygorskite-mineralised features, although more commonly 

identified within cores 010 and 015. It is likely that similar fabrics occurred within core 

009 but are unrecognisable due to extensive palygorskite cement filling available pore 

space.   

EPS is ubiquitous within the surficial environment and is prevalent in groundwater both 

as discrete molecules and as biofilms (Schaudinn et al., 2007). The EPS can influence 

mineral precipitation due to effects on localised physiochemical conditions as well as 

providing a substrate for nucleation (Braissant et al., 2003; Zhang et al., 2012; Roberts et 

al., 2013). Degradation of EPS, as well as active microbial respiration, also cause changes 

in pore water chemistry that may induce mineralisation (Visscher and Stolz, 2005; Dupraz 

et al., 2009; del Buey et al., 2018). Thus, the role of EPS in dolomite precipitation is most 

commonly linked to the capacity of EPS to bind and dewater Mg2+ and Ca2+ and allow 

for carbonation, overcoming the kinetic effects of the Mg2+ double hydration shell 

(Lippman, 1973; Zhang et al., 2012). The ability of EPS to bind cations is controlled by 

the presence of certain functional groups in the EPS, such as carboxylic acids, that form 

a strongly negatively charged surface (Dupraz et al., 2009). Zhang et al., (2015) discussed 

the possibility that the preferential binding of Ca2+, as opposed to binding of Mg2+, would 

locally increase in Mg/Ca ratios and could be the controlling factor in dolomite 

precipitation. However, it was determined that the increase in Mg/Ca in solution was 

unlikely to be sufficient to result in dolomite nucleation rather than calcite (Braissant et 

al. 2007; Zhang et al., 2015). The binding of Mg2+ and nucleation of dolomite upon EPS 

surfaces is accordant with the textural observations of dolomite encased within EPS 

structures in the dolocrete profiles from the Coondiner sub-basin and suggests super-
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saturated conditions occurred within pore waters. Local increases in alkalinity, possibly 

from seasonal fluctuations and or CO2-degassing from the water table or influence from 

EPS molecules, may have contributed to dolomite precipitation. The dolomite crystal 

morphology where enclosed by EPS structures range from spheroidal to rhombic, the 

variation in which, may reflect differences in chemistry of pore waters and substrate 

(Fernández-Díaz et al., 2006; Dupraz et al., 2009). Replacement of EPS (e.g. nucleation 

within EPS as opposed to on the surface) by dolomite is also possible, usually associated 

with degradation of EPS (Petrash et al., 2017), however, was not detected within the 

dolocrete from the Coondiner sub-basin. In contrast, clay minerals are clearly observed 

to have replaced EPS matrix. The EPS morphologies observed in direct contact 

surrounding dolomite crystals have a variable composition of Mg, Si with lesser Al and 

Ca and sometimes Fe, most consistent with trioctahedral smectite.  

The formation of clays in proximity with EPS and clay-mineralised EPS has been 

observed in numerous locations (Geptner et al., 2002; de Santiago Buey et al., 2000; 

Leguey et al., 2010; and del Buey et al., 2018.) and synthesized in a laboratory 

(Bontognali et al 2014b), all of which indicate formation from an amorphous Si-rich 

viscous substrate associated with the EPS. This is accordant with incipient Mg-Si rich 

trioctahedral clay observed replacing EPS structures throughout the dolocrete profiles 

from the Coondiner sub-basin. The resultant clay mineral composition and structure 

formed in the EPS matrix reflects the initial pore water chemistry as well as progressive 

changes that occurred during incipient clay formation as well as possible influence of EPS 

degradation. Experimental work by Bontognali et al., (2014b) demonstrated the formation 

of both dioctahedral and trioctahedral smectite following initial precipitation of silica in 

the presence of certain organic molecules known to be excreted by microbes. Bontognali 

et al., (2014b) suggested that the selective incorporation of dissolved cations into 

amorphous silica may progressively alter the chemistry of the solution and result in a 

variety of clay mineral compositions. Similarly, del Buey et al., (2018) found that a 

progressive shift in pore water chemistry explained the trend in composition of successive 

growth of palygorskite-sepiolite clays associated with EPS. Importantly, changes in 

chemistry during degradation of EPS, notably shifts in pH, were likely important for clay-

mineralisation (Vischer et al., 2000; Vasconcelos et al., 2006; del Buey et al., 2018). 

Degradation of EPS also results in a decrease in the surface charge and releases Mg2+ and 

other cations (del Buey et al., 2018). This process would cause a local increase in Mg2+ 

concentrations and promote the incorporation of Mg2+ into the incipient clay. It has be 
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suggested that the honeycomb structure, which were commonly observed in the 

dolocretes from the Coondiner sub-basin, may reflect a degrading EPS matrix that 

reorganises the acidic bonds within the EPS and provides the nucleation sites (Defarge et 

al., 1994; Defarge et al., 1996; Trichet et al., 2001).  

Clay minerals also provided a substrate for dolomite precipitation within the dolocrete 

profiles from the Coondiner sub-basin. Dolomite is plainly observed to have formed 

within the broader clay matrix, typically in montmorillonite, exclusive of EPS textures. 

In the pedogenic zone, dolomite is also identified to be forming within Mg-silicate 

substrate, with and without EPS structures. Both EPS and smectite (often incipient) have 

been shown to have viscous properties that influence the diffusion and ability for 

adsorption and complexation of ions (Fernández-Díaz et al., 1996; Dupraz et al., 2009). 

A number of studies, across soil, lacustrine and groundwater environments, have 

identified that under the right conditions, primary dolomite may precipitate within a 

viscous-smectite medium (Díaz -Hernández et al., 2013; Casado et al., 2014; Martín-

Pérez et al., 2015; Cuadros et al., 2016; Wanas and Sallam 2016). The slow diffusion of 

ions within the clayey medium promotes the incorporation of Mg2+ into dolomite, under 

dolomite-supersaturated conditions (Fernández-Díaz et al., 1996, 2006; Díaz -Hernández 

et al., 2013; Díaz -Hernández et al., 2018). In addition, clays with a strong negative 

surface charge, such a montmorillonite, may also bind cations and promote dolomite 

precipitation by the same mechanism as outlined above for EPS surfaces (Liu et al., 2019). 

Spheroidal dolomite formed within a Mg-clay matrix in the core 010, displayed similar 

textures to those produced by Liu et al., (2019) in laboratory experiments, where dolomite 

nucleated from negatively charged surfaces of montmorillonite and illite.  

The timing relationship between trioctahedral clay mineralisation of EPS and dolomite 

nucleation upon smectite/EPS structures is not always clear from textural observations; 

dolomite may have nucleated upon EPS or developed from the clay mineralised EPS 

structures. The amorphous and incipient smectite as well as degrading EPS have a lower 

surface charge compared to the crystalline and hydrated counterparts, respectively (de 

Santiago et al., 2000; del Buey et al., 2018), and therefore, would be less likely to bind 

Mg2+ and nucleate dolomite upon surfaces. However, the aforementioned viscous 

properties of incipient clay and EPS and possibly release of Mg2+ from degrading EPS 

could also promote dolomite precipitation. Within the groundwater dolocrete profiles, the 

stronger association with earlier formed montmorillonite alongside trioctahedral smectite 

might suggest EPS was replaced by clay prior to dolomite formation. In addition, the 
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trioctahedral smectite is most likely associated with earlier formation in lacustrine 

sediments as discussed in Section 5.1. In the soil zone, the dolomite is more clearly 

observed to form within the clay matrix and suggests that pedogenic dolomite has also 

formed later, although this is not deemed to be related to the major phase of groundwater 

dolocretization (Mather et al., 2019). In contrast, the palygorskite mineralised EPS 

structures within the groundwater dolocrete are interpreted to have formed during or 

subsequent to dolocretization, although it is possible that EPS may have been previously 

replaced by smectite prior to palygorskite.  

Whilst the occurrence of EPS textures throughout the profiles are evidence of previous 

microbial activity, it cannot be determined whether active microbial respiration also 

influenced dolomite formation. In addition to the release of various molecules that may 

form a matrix for mineral nucleation, microbial activity may chemically enhance 

dolomite and clay precipitation due to influence on the alkalinity of pore waters and may 

buffer the pH (Braissant et al., 2007). Further, direct influence on ion availability, such 

as the removal of sulphate by sulphate-reducing bacteria, can promote the incorporation 

of Mg2+ into minerals (Zhang et al., 2012). Mather et al., (2019) found that stable oxygen 

and carbon isotope signatures did not provide any clear evidence of active microbial 

influence, although it could not be discounted. The textural evidence of dolomite forming 

upon EPS and clay surfaces suggests that dolomite could have largely precipitated by 

abiotic processes in the presence of negatively charged substrates. In contrast, the clay 

mineralisation of EPS seems most likely to have been induced by degradation of EPS. 

However, the abundance of honeycomb textures and close association of dolomite and 

clay-mineralised EPS suggests that EPS degradation may have been an important process 

for both clay and dolomite formation, but was not necessarily a requirement for the latter.  

4.7 Conclusions 
The mineral assemblage of the dolocretes from the Coondiner sub-basin are largely 

composed of authigenic carbonate and a variety of Mg-bearing clays, typical of 

hydrologically closed alkaline and Mg-rich groundwater systems (Armenteros et al., 

1995; Calvo et al., 1999; Jones and Conko, 2011; Pozo and Calvo, 2018). The HyLogger-

3 reflectance spectra data was found to be a useful tool for identifying clay mineral 

assemblages, that otherwise would have required costly and time consuming methods for 

examination of many samples by XRD of the clay fraction. The continuous spectral data 

was particularly helpful to observe trends in mineral assemblages with depth, which are 

not obvious from discrete samples analysed by XRD or observed by microscope 
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techniques. Although, a caveat for utilising the reflectance spectra is to be aware of 

apparent visual trends based on dominant minerals and varied assemblages. For example, 

a mineral may be distributed in small proportions throughout a profile but be prominent 

in spectral counts for an interval with few minerals in the bulk assemblage. The smectite 

abundance was not well-represented by reflectance spectra within the dolocrete profiles 

due to mineral mixtures and often relatively small abundance compared to other minerals. 

However, the identification of smectite mineralogy matched well with XRD and SEM 

analysis and was useful to observe changes in assemblage throughout the profiles. 

Expansion of the TSG capability and spectral reference library would enhance the 

detection of clay mineral suites. The HyLogger-3 technique may be particularly 

applicable for future analysis of clay-rich sediments, such as soil and lacustrine 

sequences.  

The variety of authigenic clays reflect changing environmental and hydrological 

conditions over time; dioctahedral smectite (montmorillonite-nontronite) dominantly 

formed earlier within weathering profiles under hydromorphic conditions, later Mg-

smectite neoformation likely occurred associated with an alkaline lacustrine environment 

and,  closely following dolocretization, palygorskite developed by replacement and 

cementation, associated with drying phases around a fluctuating water table. 

Montmorillonite, trioctahedral smectite and palygorskite-sepiolite are all observed to 

have replaced EPS structures within the dolocrete profiles. Based on the common 

honeycomb structures and variable composition ranging from incipient Mg-silicate to 

mineralised clay, it appears that clay formed from an early Si-rich viscous substrate likely 

developed from degrading EPS (Vischer et al., 2000; de Santiago Buey et al., 2000; 

Trichet et al., 2001; del Buey et al., 2018). Dolomite formed within EPS structures is 

consistent with nucleation upon EPS surfaces (as opposed to replacement), although 

dolomite may have precipitated subsequent to the clay replacement. Dolomite is also 

observed to have formed directly within a smectite matrix of a montmorillonite to 

trioctahedral Mg-smectite composition. Both EPS and smectite may provide viscous 

properties, as well as negatively charged surfaces, that can overcome kinetics effects and 

promote dolomite nucleation (Fernández-Díaz et al., 1996; Wanas and Sallam, 2016; Liu 

et al., 2019). Local physiochemical processes, such as small increases in alkalinity, 

associated with EPS or possibly active microbial activity, were likely important for both 

clay and dolomite formation (Braissant et al., 2007). The abundance of EPS textures 

associated with clay and dolomite suggests the biological molecules may be an important 
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factor for the nucleation of authigenic minerals and is a common process that likely occurs 

in similar environments worldwide. Further, the role of a clay-medium in dolomite 

precipitation requires more attention as Mg-bearing clays are ubiquitous alongside 

carbonate minerals in alkaline Mg-rich settings. Clay minerals may therefore, represent 

and hitherto largely overlooked aspect in the investigation of primary dolomite formation. 

Further microanalysis, using high resolution and higher magnification tools, such as 

transmission electron microscopy, may provide further insight into the nature of mineral 

nucleation upon and within the various substrates. 
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Chapter 5. General discussion 
5.1 Overview 
This thesis presents the first detailed characterisation of groundwater dolocrete in the 

Hamersley Basin of northwest Australia, increasing understanding of dolomite 

precipitation in low temperature environments. The textural characteristics and the 

mineralogy and chemistry of the Hamersley Basin dolocretes were similar to numerous 

occurrences of groundwater dolocrete formed under arid climates worldwide, including 

in France (Spotl and Wright, 1992; Colson and Cojan, 1996), Portugal (Pimentel et al., 

1996), Kuwait (Khalaf, 1990; El-Sayed et al., 1991; Khalaf and Abdullah, 2013) and other 

inland regions of Australia (Mann and Horwitz, 1979; Arakel and McConchie, 1982). 

The findings of this research provided information on the geomorphic, environmental and 

hydrological controls of dolomite formation within continental shallow groundwater 

systems. The results demonstrate that dolocrete can develop within a range of landscape 

positions where groundwater is close to the surface and is influenced by gaseous exchange 

with the atmosphere. I found that significant lateral hydrochemical evolution of 

groundwater was not necessary for dolocretization, which suggests dolocrete may be 

more widespread in other landscapes than is currently recognised. I have shown that 

dolomite may precipitate under a range hydrochemical conditions, which informs on 

changes in hydrological processes operating over time and can be utilised for 

palaeoenvironmental records. The results of this research also demonstrate that both 

biotic and abiotic materials found within groundwater systems can provide substrates for 

dolomite nucleation and growth, which overcome the kinetic barriers of precipitation.  

These results suggest that groundwater environments are excellent systems for 

investigation of “the dolomite problem”. In this final chapter, I discuss the major findings 

of this research within the broader context of current understanding of low temperature 

dolomite precipitation and the processes of dolocrete formation within groundwater 

systems. I also consider the implications of my research for future efforts to solve the 

“dolomite problem” and for studies of dolocrete as palaeoenvironmental archives as well 

as some of the challenges encountered.  

5.2 Modes of dolocrete formation in the Hamersley Basin 
The widespread nature of dolocrete in the Hamersley Basin suggests that a broad range 

of environmental conditions (encompassing regional climatic, hydrological and 

geomorphic processes) have been conducive to dolomite forming within shallow 
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groundwater systems in the Hamersley Basin during the Cenozoic Era. During the 

dominantly arid conditions that prevailed from the mid-Miocene (Bowler, 1976; 

McGowran et al., 2004; Byrne et al., 2008), areas of shallow groundwater or groundwater 

discharge resulted in dolomite precipitation as groundwater underwent 

evapoconcentration and outgassing of CO2, increasing the alkalinity and salinity of the 

solution (Mann and Deutscher, 1978). Weathering of the Proterozoic Wittenoom 

Formation dolomite over time resulted in magnesium-rich and alkaline regional 

groundwater chemistry that, given the right conditions, may rapidly become over-

saturated in respect to dolomite (Eugster, 1980). The large variation in stable oxygen 

isotope compositions and differences in associated mineral assemblages among the 

dolocretes measured here (Chapter 2, 3) also indicate a range of hydrochemical conditions 

at formation, including variation in salinity (eg. 30-150 g/L total dissolved solids). The 

geochemical and mineralogical characteristics of the dolocretes indicated distinctions in 

the mode of dolocrete formation between the different landscape positions and 

demonstrated changes in the environmental conditions and hydrological processes over 

time (Chapter 2, 3).  

The examination of dolocrete profiles from Fortescue Marsh and Coondiner sub-basin 

revealed three different modes of groundwater dolocrete formation. Two distinct 

dolocrete units were identified within the Fortescue Marsh, where variation in the 

distribution, chemistry and mineralogy indicated different formation processes (Chapter 

2). The formation of Fortescue Marsh dolocrete associated with a terminal playa system, 

is accordant with the “classic” model for dolocrete formation in a terminal basin setting 

(Arakel and McConchie, 1982; Armenteros et al., 1995). Dolomite formed deeper within 

Marsh sediments (>20 m depth) displayed the highest range of δ18O signatures (-4.02 to 

0.71 ‰; Chapter 2) and were consistent with formation from highly saline to brine 

groundwater (Skrzypek et al., 2013). The saline conditions at the Fortescue Marsh is 

attributed to its terminal basin setting and development under a different hydroclimate 

and lower inflow of fresher water from the Upper Fortescue Catchment than modern day. 

Gypsum salts identified within marsh sediments and a high salt load indicated by 

groundwater chemistry both suggest that a large playa lake system was present in the past 

(Skrzypek et al., 2013; Skrzypek et al., 2016). The hydrochemical evolution of 

groundwater along the flow paths is important for the classic model for dolocrete 

formation, as CO2 degassing, evapoconcentration and calcite precipitation upstream 

result in more saline and alkaline groundwater with a higher Mg/Ca ratio reaching the 
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terminal basin (Mann and Horwitz, 1979; Eugster, 1980; Arakel and McConchie, 1982; 

Spötl and Wright, 1992). Further evaporation and degassing from shallow and emerging 

groundwaters at Fortescue Marsh would continue to increase the alkalinity and salinity, 

resulting in dolomite-supersaturated conditions (Mann and Deutscher, 1978). The 

shallower dolocrete at Fortescue Marsh may also have been influenced by a more 

“hydrochemically evolved” groundwater entering the marsh. However, the comparatively 

lower δ18O signature (-7.74 to -6.03 ‰; Chapter 2) and distribution around the marsh 

margin in the alluvial fan suggests dolocrete formed within the mixing zone between 

inflowing fresh shallow alluvial groundwater with older highly saline groundwater in the 

marsh (Colson and Cojan, 1996). In this instance, the change in chemistry due to mixing 

of groundwaters appears to have been a key factor for dolomite precipitation. Whereas, 

the deep dolocrete developed by precipitation from saline-brine groundwater pooled in 

the shallow sub-surface of the playa lake system (Skrzypek et al., 2013).  

In contrast to the two modes of formation of the Fortescue Marsh dolocretes, the 

Coondiner dolocrete developed in areas of groundwater emergence in the upper reaches 

of major creek lines, but in the relatively elevated region of the Hamersley Ranges (see 

Chapter 3 Figure 3.1). This identification of dolocrete as opposed to calcrete in areas 

upgradient of the main terminal basin suggested that smaller sub-basins promoted 

dolomite precipitation, without the requirement for significant downdip hydrochemical 

evolution. The mineralogy of the Coondiner profiles and δ18O signatures (-7.63 to -3.40 

‰; Chapter 3) indicated that moderately saline and evaporitic conditions occurred, 

although the δ18O values were predominantly more negative than deep Fortescue Marsh 

dolocrete, consistent with a less evolved, fresher groundwater within the smaller sub-

basin. In this setting, evaporation and CO2 degassing, which contribute to increased 

salinity and alkalinity of shallow Mg-rich groundwater, were interpreted to be the key 

drivers of dolocrete formation. Interestingly, these upland dolocrete occurrences are 

somewhat similar to dolocrete within the Paris Basin, France (Colson and Cojan, 1996). 

The studied dolocretes of the Paris Basin are distributed around upstream playas as well 

as surrounding a lake systems within the centre of the drainage basin and, like the 

Coondiner dolocrete, show no succession of associated upstream calcrete (Colson and 

Cojan, 1996). The model proposed by Colson and Cojan (1996) suggested that mixing of 

regional groundwaters with palaeo-lake and playa brines was the most likely driver of 

dolomite precipitation. However, the halo distribution around playas described by Colson 

and Cojan (1996) for the Paris Basin was not observed in the Coondiner study area or 
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other upland dolocrete occurrences. In contrast, the distribution of upland Hamersley 

Basin dolocretes in the upper reaches of creek systems occur as large platforms that are 

interpreted to have formed from shallow groundwater pooled during an arid period when 

the sub-basins were hydrologically closed (Kneeshaw and Morris, 2014). Whilst some 

mixing of fresh meteoric recharge may have influenced local groundwater chemistry, the 

shallow gradient and very slow lateral movement of groundwater within palaeovalleys 

connected to the Coondiner dolocrete and other upland deposits, would have resulted in 

pooled groundwater underlying any palaeo-playa. The gradual lateral inflows would be 

unlikely to create a mixing zone that could be responsible for the volume and distribution 

of dolocrete observed in the Coondiner dolocretes.  However, it may be that periodic 

recharge (vertical and lateral) and wetting and drying processes contributed to 

dolocretization.   

The occurrence of dolocrete without a notable lateral development of groundwater 

chemistry have also been reported in areas of Mg-rich volcanic rocks, where weathering 

of basement rocks resulted in highly Mg-rich solutions (Hutton and Dixon, 1981; Capo 

et al., 2000; Whipkey et al., 2002; Alonzo-Zarza et al., 2016). In the Hamersley Basin, 

weathering of the Wittenoom Formation dolomite would contribute both Mg2+ and Ca2+ 

to solution and would in theory result in Mg/Ca ratios of ~ 1. Typically Mg/Ca ratios of 

>2 would be expected where dolomite forms as opposed to calcite. Therefore, it is likely 

that removal of Ca2+ from groundwater from mineral precipitation occurred prior to 

dolocrete formation. No evidence of pre-cursor calcrete was found in proximity to the 

studied dolocrete locations. (Chapter 2, 3). However, it cannot be discounted that calcrete 

formed in more distal locations within the same sub-basin. While limited drill core data 

(Rio Tinto, unpublished) indicated dolomite is the primary carbonate mineral throughout 

the region, in other locations dolomite may have replaced calcite. It is also possible that 

some calcretes have been stripped from the landscape, following strongly erosional 

processes dominant since the Pliocene (Kneeshaw and Morris, 2014). The precipitation 

of gypsum within the capillary fringe and vadose zone, under more saline-evaporitic 

conditions, would also remove Ca2+ and may have contributed to dolocretization around 

and below the water table (Wright and Tucker, 1991). Evaluation of detrital sediments 

and groundwater chemistry in a number of Hamersley Basin locations suggests 

precipitation and dissolution of gypsum has occurred (Dogramaci et al., 2012; Dogramaci 

et al., 2017). Although, no direct textural evidence of gypsum was detected within 

dolocrete samples (Chapter 2, 3). Overall, it was challenging to ascertain from the 
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available drill cores what other carbonate or evaporite precipitates may have been 

associated with dolocrete development. Thus, further mapping and characterisation of 

duricrusts within the Hamersley Basin may shed light on any associated chemical 

sediment sequences and improve understanding of dolocrete distribution throughout the 

landscape.  

The modes for dolocrete formation in the Hamersley Basin all demonstrate a period of 

time where the combination of landscape, hydrology and climatic conditions were 

conducive to large scale dolomite precipitation that is distinct from the modern 

environment. The modern groundwater table in the Hamersley Basin is relatively lower 

(deeper) than it was during the period of dolocrete development. Whilst localised 

depressions and seepage zones along modern drainage are common across the Hamersley 

Basin (Dogramaci et al., 2012; Fellman et al., 2011), the modern groundwater table 

throughout the main palaeovalleys and much of the lowlands is typically >10 m deep even 

relatively close to drainage lines (Rio Tinto, unpublished data; Rojas et al., 2018). Thus, 

the potential for gaseous exchange with the atmosphere is low (Mann and Horwitz, 1979). 

Low evaporation rates from groundwater, as well as more hydraulic connectivity between 

the Hamersley Ranges sub-basins in modern times are indicated by the very fresh 

groundwater now present throughout most of the Upper Fortescue Catchment (Dogramaci 

et al., 2012; Rojas et al., 2018). A notable exception is the highly saline groundwater 

deeper within the Fortescue Marsh, which represents a relatively old groundwater formed 

persisting from a past hydrological regime (Skrzypek et al., 2013). In the modern 

environment, infiltration of fresh meteoric water and weathering of shallow dolocretes 

can result in dissolution and precipitation of carbonates within the vadose zone.  Calcite 

precipitation rather than dolomite is most likely to occur due to generally fresher water 

conditions (Arenas et al., 1999; Rossi and Cañaveras, 1999; Sanz-Rubio, 2001). The 

calcretization of surficial sediments in the Fortescue Marsh and Coondiner dolocrete 

cores provides evidence that periodic flushing of shallow alluvium following large flood 

events during wet season may result in dedolomitization within the shallow sediments 

(Khalaf and Abdul, 1993; Vandeginste and John, 2012).  

5.3 New insights into the mechanisms of dolomite precipitation  
This research has revealed that both abiotic and biotic materials within shallow 

groundwater systems may provide substrates for primary dolomite precipitation, 

overcoming the kinetic effects (Chapter 4). The analysis of groundwater dolocrete from 

two different landscape positions within the Hamersley Basin found that dolomite formed 
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in the absence of a carbonate precursor (eg. calcite) and can be considered as a primary 

precipitate (Chapter 2, 3). Calcite was only observed as a late stage alteration product 

formed subsequent to dolomite and was commonly found within the top few metres where 

fresher meteoric waters promoted dedolomitization (see above discussion section 5.2; 

also Khalaf et al., 1993; Arenas et al., 1999). Textural observations indicated that 

dissolution and replacement of silicate sediments by dolomite occurred, in addition to 

dolomite cements (Wright and Tucker, 1991). Primary dolomite within groundwater 

dolocretes has been noted in a number of occurrences worldwide (Khalaf, 1990; Spotl 

and Wright, 1992; Armenteros et al., 1995; Casado et al., 2014; Alonso-Zarza et al., 2016; 

Khalaf et al., 2018). Whilst the hydrochemistry of groundwater would have been 

oversaturated in respect to dolomite, the kinetic effects, in particular the high enthalpy of 

the double hydration shell of Mg2+, are known to be the main factor controlling dolomite 

precipitation at low temperatures (Land, 1998; Arvidson and MacKenzie, 1999).  

The close association of authigenic clays and microbial EPS were identified as potential 

catalyzers of dolomite precipitation (Chapter 4). My findings indicate that smectite clays 

and EPS provided a substrate for dolomite nucleation in the groundwater dolocrete but 

also more recently within the pedogenic zone. Dolomite was observed to have formed 

within clay matrix of both montmorillonite and trioctahedral smectite as well upon EPS 

structures (Schaudinn et al., 2007), which were often partially or fully mineralised by clay 

minerals. The timing of EPS mineralisation (eg. before or after dolomite nucleation) was 

not always apparent. However, the textural relationships between minerals suggested that 

some replacement of EPS by smectite minerals may have occurred prior to dolomite 

nucleation. In contrast, palygorskite appears to have formed in equilibrium with dolomite 

likely during or subsequent to the major phase of dolocretization (Birsoy, 2002), 

associated with drying phases around a fluctuating water table (Suárez et al., 1994; Calvo 

et al., 1999). These findings suggest that (bio)geochemical interactions occur between 

both the dolomite and clay minerals and with EPS. 

This combined association of smectite clay and EPS resulting in dolomite formation has 

rarely before been considered (Leguey et al, 2010; Casado et al., 2014). However, both 

materials have physiochemical properties that can promote dolomite precipitation. EPS 

and smectite minerals typically have negatively charged surfaces that may bind and 

dewater Mg2+, allowing carbonation of Mg2+ and dolomite nucleation (Liu et al., 2019; 

Wanas and Sallam, 2016). The viscous properties of smectite minerals and many EPS 

molecules have also encouraged the incorporation of Mg2+ into carbonates due to slow 
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diffusion of ions through the viscous medium (Fernández-Díaz et al., 1996, 2006; Díaz -

Hernández et al., 2013; Díaz -Hernández et al., 2018). Therefore, dolomite may have 

precipitated by abiotic processes in the presence of the appropriate EPS or clay substrates. 

In contrast, the replacement of EPS structures appeared to develop from an early Mg-Si 

rich clay most likely induced from degradation of the EPS (Chapter 4; del Buey et al., 

2018).  Local changes in chemistry, in particular small increases in alkalinity, due to the 

presence and degradation of EPS would have promoted both clay replacement and the 

dolomite formation (Vischer et al., 2000; Vasconcelos et al., 2006; del Buey et al., 2018). 

Given that Mg-bearing clays are ubiquitous alongside dolomite within alkaline Mg-rich 

environments, more detailed attention should be given to the roles they may have in 

driving dolomite precipitation, particularly without the requirement for microbial 

influence (Wanas and Sallam, 2016; Liu et al., 2019). The association of EPS with both 

clay and dolomite suggests the organic molecules may be an important factor for the 

nucleation of authigenic minerals that likely occurs in similar environments worldwide.  

5.4 Biological influence in groundwater systems 
The abundance of EPS textures throughout the Coondiner dolocrete profiles (Chapter 4) 

provides evidence of past microbial activity. However, it cannot be unequivocally 

established that active microbial respiration was a factor in dolomite formation. While 

several investigations of carbonates report a similar range of δ13C and δ18O values for 

both biotic and abiotic dolomite to those found in my study (e.g. Casado et al., 2014; 

Petrash et al., 2017), my results did not provide any clear evidence of microbial 

respiration. The Hamersley Basin dolocretes exhibit δ13C values within the range, or 

slightly higher, than what would precipitate from measured δ13C in dissolved inorganic 

carbon (DIC) in groundwater (Chapter 2, 3). Potential biological influences on more 

negative δ13C signatures include increased activity of sulphate-reducing bacteria and 

other heterotrophic microbes as well as degradation of organic matter (Furnes et al., 2008; 

Petrash et al., 2017). The higher δ13C values of dolomite, relative to the calculated δ13C 

composition of dolomite that would precipitate from modern groundwater (Chapter 2, 3), 

actually suggests less influence of biogenic CO2 to groundwater in the past. Although, 

the higher δ13C values might also reflect local increases in δ13C of DIC due to CO2 

degassing (Jacobson et al., 1988; Talbot, 1990). In contrast to sulphate-reducing bacteria, 

methanogens produce more positive δ13C signatures (Roberts et al., 2004). However, this 

would not account for what is still an overall negative range of δ13C measured in the 

Hamersley Basin dolocretes. Thus, while the role of direct microbial activity on dolomite 
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formation remains unresolved, the precipitation of dolomite on EPS in the Hamersley 

Basin dolocretes nevertheless indicates that microbes influenced dolomite formation 

whether by abiotic mechanisms or whether precipitation was also induced by chemical 

changes due to microbial respiration.  

More broadly, the links between biological processes and mineral formation in 

groundwater are intriguing and warrant further research.  For example, groundwater 

surrounding salt lakes and playas is known to have steep physiochemical gradients (eg. 

salinity and REDOX; Arakel, 1986; Mann and Deutscher, 1978; Mann and Horwitz, 

1979) that give rise to significant biogeochemical activity (Moore, 1999; Ash et al., 2002; 

Humphreys et al., 2009). For instance, strong gradients in REDOX potential at the 

interface of fresh and saline groundwater releases organic compounds that may be broken 

down by various microbes for energy (Castanier et al., 1999; Humphreys et al., 2006; 

Humphreys, 2009). In the Hamersley Basin, evidence of ancient biological activity in 

groundwater has been demonstrated in several studies (eg. Leys et al., 2003; Karanovic, 

2007; Leys and Watts, 2008; Humphreys et al., 2009; Perina et al., 2019), where 

numerous obligate subterranean invertebrates represent ancient freshwater lineages. In 

particular, the “calcrete” aquifers (the broad term for calcrete or dolocrete aquifers) are 

renowned for high biodiversity and prevalence of endemic species of stygofauna 

(subterranean aquatic animals; Humphreys, 2001; Leys et al., 2003). The presence of 

ancient stygofauna lineages in cal/dolocrete aquifers in the Pilbara is representative of a 

more diverse ancient groundwater ecosystem, which would most likely have contained a 

variety of microbiological communities in addition to decaying organic matter from plant 

or other organisms (Deharveng and Bedos, 2000; Humphreys, 2006). Biofilms of EPS 

within the phreatic zone are known to provide a key food source for subterranean 

invertebrates, which in turn help support the ecosystem and further biofilm production 

(Barlocher and Murdoch, 1989; Humphrey, 2006). The association of EPS within 

dolocrete (section 5.3) and the presence and diversity of stygofauna suggests that 

dolocrete aquifers provide a relatively unique physiochemical environment that merit 

further research into the microbial habitat. 

5.5 Timescales of dolocrete formation 
The groundwater dolocretes, alongside calcretes and lacustrine-fluvial carbonate, which 

occur within channels and valleys of the Hamersley Basin are presumed to have formed 

following a shift to aridity since the mid-Miocene, ie. 11-15 Ma (Barnett and Commander, 

1985; Byrne et al., 2008; Kneeshaw and Morris, 2014). Carbonate duricrusts overlying 



155 
 

channel iron deposits (eg. Yandicoogina and Marillana Creek and Robe River) are 

presumed to be of similar age to carbonate reported in the Oakover Formation in the 

northeast Pilbara and in the Millstream Formation of the Western Fortescue Valley 

(Barnett, 1981; Barnett and Commander 1985). However, obtaining direct ages of 

dolocrete formation is challenging for a number of reasons; a key issue is extracting clean 

samples that would be useable for dating techniques and that is representative of the main 

phase of dolocretization.  

I attempted to date dolomite within the Fortescue Marsh dolocretes using a range of 

techniques but with only limited success. For example, obtaining clean samples for 

analysis was very difficult due to finely mingled clay minerals. Analysis of the samples 

by U/Th dating produced results with very high uncertainty due to contamination from 

the clay minerals and the data could not be used (Chapter 2). Radiocarbon dating, which 

is limited to dating of materials ≤45 ka, is not appropriate for the age range that is 

presumed for dolocretization. While a few dates  of <45 ka were obtained by radiocarbon 

analysis for shallow carbonates at Fortescue Marsh it is probable that some contamination 

by younger calcite cements might have resulted in dates younger than the dolocrete. 

Inversely, “dead carbon’ originating from weathering of the Proterozoic Wittenoom 

Formation and other rocks in the catchment, may also have contributed to over-estimation 

of ages. Owing to these difficulties, many studies use other evidence, such as stratigraphic 

constraints, to provide relative ages and establish a range of possible age of the carbonates 

(Netterberg, 1969).  

Importantly, Kneeshaw and Morris (2014) collated information from numerous studies to 

describe Cenozoic detrital sediments of the Hamersley Basin. In their analysis, the 

carbonate duricrusts were assigned as the boundary between the mid to late Miocene 

deposition of ferruginous detritals, including formation of channel iron deposits, and the 

Pliocene to Quaternary detrital deposition.  Thus, the major development of calcrete and 

dolocrete is constrained to the late Miocene to Pliocene. These duricrusts are correlated 

with the Coondiner dolocrete (Chapter 3), as well as the many other occurrences 

throughout the landscape, that have formed upon and within the pre-Pliocene sediments 

(Morris and Ramanaidou, 2007; Kneeshaw and Morris, 2014). The late Miocene to 

Pliocene age for dolocrete is coincident with a particularly cool and dry period occurring 

between ~ 6 to 10 million years ago in the late Miocene (Byrne et al., 2008). This age is 

also consistent with the evidence from endemic stygofauna communities (Humphreys et 

al., 2009). The speciation of endemic stygofauna within discrete carbonate aquifers 
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between five and eight million years ago denotes the time that the stygofauna were 

isolated, thus providing a minimum age of the permanence of the aquifer (Finston et al., 

2009; Humphreys et al., 2009; Perina et al., 2019). However, I identified a later phase of 

dolocretization during the Pleistocene based on the radiocarbon dating of shallow 

Fortescue Marsh dolocrete and fossil records described within the Millstream Formation 

dolomite in the Western Fortescue Valley (Barnett, 1981). The remnants of plant material 

and animals fossilised within the Millstream Formation dolomite indicated a range of 

possible ages from Miocene to Holocene (Barnett, 1981). Therefore, it seems likely that 

two phases of dolocrete formed throughout the Fortescue Valley. I also suggest that the 

Western Fortescue Valley also contains deeper older dolomite in addition to Pleistocene 

occurrences within the shallower sediments (as demonstrated in the Fortescue Marsh to 

the east, Chapter 2). As dolocrete forms around and below the water table that is typically 

within 5 m of the surface (Mann and Horwitz, 1979), the burial of deep dolomite at 

Fortescue by >20 m of sediments also indicates a significant period of time passed 

between the two phases of dolocretization and that the shallow dolocrete has formed later 

within overlying alluvial sediments. However, the younger Pleistocene dolocretes do not 

appear to be as widespread or voluminous (or at least not as visible or well-preserved) as 

the Miocene–Pliocene dolocretes that are interpreted to represent the majority of 

duricrusts throughout palaeovalleys (Kneeshaw and Morris, 2014). The younger phase of 

dolocretization is also accordant with particularly arid conditions throughout inland 

Australia since the mid- to late Pleistocene (Byrne et al., 2008).  

5.6 Indicators of palaeoenvironment and landscape evolution 
The investigation of the dolocretes of the Hamersley Basin informs on the 

palaeoenvironment, climate and landform evolution of the Pilbara region during the late 

Cenozoic. To date, the combination of an ancient Pilbara landscape, developed upon 

Archean and Proterozoic basement rocks, with little geologic activity and prevailing arid 

climate since the mid-Miocene has restricted the development of palaeoenvironmental 

proxies (Pepper et al., 2013). However, the Miocene to Holocene captures an important 

period of environmental change in northwest Australia that may be of interest for a 

number of reasons. First, improved palaeoenvironmental and palaeoclimatic records for 

the region generally would contribute knowledge and provide constraints for modelling 

of recent and future climate change (Herold et al., 2011; Phipps et al., 2013). Second, the 

timing of dolocrete formation also encompasses the period preceding and overlapping 

with early human migration to the region in the late Pleistocene, representing one of the 
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earliest and continuous occupations of the Australian continent by modern humans 

(Hiscock and Wallis, 2005; McDonald et al., 2018). Increased knowledge of the 

environmental conditions that coincided with human occupancy in different parts of the 

Pilbara landscape is invaluable in understanding and interpreting Australia's human 

history.   

In Chapters 2 and 3, I described the palaeoenvironmental conditions and timescales of 

dolocretization. The major phase of dolocretization within the Hamersley Basin that is 

constrained to the late Miocene to Pliocene (Morris and Ramanaidou, 2007; Kneeshaw 

and Morris, 2014), indicates that certain conditions occurred to result in extensive 

duricrust development throughout the landscape. The combination of climatic, hydrologic 

and geomorphic processes operating over this time frame, interacted to provide the right 

conditions for dolocretization (Goudie, 1972; Mann and Horwitz, 1979). The deposition 

of carbonates and other evaporites in soil and groundwater environments has been linked 

to a shift to arid and slightly cooler conditions throughout much of inland and central 

Australia in the late Miocene (Bowler, 1976; Mann and Horwitz, 1979; Arakel and 

McConchie, 1982; Mao and Retallack, 2019). A preceding period of deep weathering 

followed by stripping earlier in the Cenozoic, which aggraded valleys and drainage 

channels with clay and silt-rich sediments and resulted in the development of internal 

drainage basins (Arakel and McConchie 1982; Kneeshaw and Morris, 2014). The sharp 

reduction in vegetation following the onset of aridity (Martin, 2006), reduced 

transpirational fluxes and led to a rising water table - with increased potential for gaseous 

exchange with the atmosphere where groundwater was close to the surface (Eugster, 

1980). Shallow groundwater systems with sluggish lateral flow resulted in the 

development of salt lakes and playas within landscape depressions (Arakel and 

McConchie 1982; Jacobson et al., 1988). Chemical sediments, commonly of gypsum, 

dolomite, calcite and silica, precipitated from evapoconcentrated groundwater under 

varying hydrochemical conditions along drainage lines (Mann and Deutscher, 1978; 

Arakel and McConchie 1982; Jacobson et al., 1988).  

Overall, the observations of dolocrete in the Hamersley Basin is consistent with the 

presence of palaeo-playas, indicated by the chemistry and distribution of both the deep 

Fortescue Marsh dolocrete and Coondiner dolocrete, which are interpreted to be 

synchronous. The δ18O signatures of deep Fortescue Marsh dolocrete suggests that highly 

saline to brine groundwater was present across the Fortescue Valley as a large palaeo-

playa system, extending further than the present day where fresher waters impinge around 
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the valley flanks. Similarly, the δ18O signatures of the Coondiner dolocrete demonstrates 

that past groundwater was far more saline than modern groundwater. The damming of 

valleys by fine sediments was crucial for the formation of the regionally elevated 

Coondiner dolocrete; in contrast to the modern environment, saline groundwaters evolved 

within the smaller hydrologically closed sub-basins in the Hamersley Ranges.  

Stripping of the landscape ongoing since the Pliocene has lowered regional base level and 

resulted in relief inversion, where hardened duricrusts, including dolocretes, are now 

exposed and often elevated against surrounding alluvial and colluvial sediments in the 

Hamersley Ranges (Twidale et al., 1985; Kneeshaw and Morris, 2014). Erosion and 

subsequent deposition of sediments at the Fortescue Marsh during this time are 

represented by the ≥20 m of sediments overlying the deep dolocrete unit as dolocrete, 

which would have developed close to the palaeo-surface. The delivery of high sediment 

loads to the marsh is likely coincident with the rejuvenation of the major creek lines, 

including Coondiner Creek, that had been previously choked by sediment. This may have 

been the period where increased groundwater outflows from the upgradient sub-basins 

reduced the salinity of regional groundwaters, no longer as strongly influenced by 

evapoconcentration. However, the continuation of arid conditions resulted in further 

dolocrete formation in the Quaternary, observed in the shallow alluvium of Fortescue 

Marsh as well as other drainage channels throughout inland arid regions of Australia 

(Mann and Horwitz, 1979; Arakel, 1991). The δ18O signatures of dolocrete at Fortescue 

Marsh provided a footprint of changing groundwater salinity and highlighted a change in 

groundwater processes operating at the marsh between formation of the two dolocrete 

units. The lower δ18O values of shallow dolocrete indicated precipitation from 

comparatively fresher water and was consistent with precipitation in the mixing zone 

between fresher inflowing regional groundwater with the highly saline to brine 

groundwater within the marsh. The distribution of dolomite δ18O values demonstrates a 

shift in the fresh to saline interface shifted towards the centre marsh. Greater inflows of 

fresher groundwater to the marsh and contraction of the saline groundwater body is also 

evidence of a change in the regional hydroclimatic regime operating over this time period.  

The modern landscape and hydrology of the Hamersley Basin has further evolved since 

dolocrete formation. Relatively lower water tables are not conducive to 

evapoconcentration and groundwater is typically fresh throughout the Hamersley Ranges. 

The hydrology of the modern Fortescue Marsh is characterised by a flood and drought 

regime, now classified as a surface water dependent wetland, as opposed to the past 
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groundwater dependent system (Skrzypek et al., 2013). Recharge largely occurs via 

vertical infiltration as well as flushing through alluvial aquifers following periodic large 

high intensity rainfall events (Skrzypek et al., 2013; Rouillard et al., 2015). Alteration of 

dolocrete by modern processes was also evident within the shallow Fortescue Marsh and 

Coondiner dolocrete. Dedolomitization occurred within shallow dolocrete at both 

locations due to exposure to fresher meteoric waters in the vadose zone (Khalaf and 

Abdul, 1993; Arenas et al., 1999). Incision and erosion of surficial dolocrete was also 

observed, highlighting changes in drainage patterns. Northwest Australia has undergone 

more recent climate change in the Holocene. In particular, the frequency of cyclonic 

events and the influence of tropical low pressure systems in the region have increased 

(Rouillard et al., 2015; Rouillard et al., 2016). The more recent change in hydroclimate 

may be responsible for the shift in hydrological conditions and features observed within 

the Hamersley Basin and the cessation of dolocrete development.  

Whilst these data obtained from the Hamersley Basin dolocretes does not provide high-

resolution palaeoenvironmental information, their analysis has nevertheless advanced 

knowledge of changing hydrology and landscape-climate interactions occurring since the 

late Miocene. Further dating of Quaternary dolocretes may be fruitful; understanding of 

the regional climate and distribution of water bodies derived from dolocretes informs on 

environmental conditions and resource availability, which could be correlated with early 

human movement within northwest Australia.  

5.7 Unanswered questions and new opportunities 
The outcomes of this research highlight a number of interesting areas that would benefit 

from further research. Firstly, the identification of clay minerals and microbial EPS as 

substrates for dolomite nucleation and growth confirms that groundwater environments 

are excellent systems for investigation of “the dolomite problem”. Local changes in 

physiochemical conditions induced by the presence or degradation of EPS and possibly 

active microbial activity, were important for both clay authigenesis and dolomite 

precipitation. High microbial activity frequently observed in groundwater systems 

(Griebler and Lueders, 2009) and the abundance of EPS textures observed here within the 

dolocretes (Chapter 4), suggests that microbial influence on mineral authigenesis is a 

common process that likely occurs in similar environments worldwide (see section 5.3,  

5.4). The common association of Mg-bearing clays with dolomite also requires further 

investigation as the presence of certain clay minerals may explain the abundance of 

primary dolomite in various locations, exclusive of microbial influence. Further 
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microanalysis, using high resolution and higher magnification tools, such as transmission 

electron microscopy (TEM), may provide further insight into the nature of mineral 

nucleation upon and within the various substrates. High magnification imaging possible 

with TEM may confirm whether nucleation upon negatively charged substrates versus 

incorporation of Mg2+ due to slow diffusion through a viscous medium (both for clay and 

EPS) is the main mechanism of dolomite precipitation.  Different treatments of samples 

for SEM analysis may also be beneficial for improved observations of various EPS 

characteristics (Perri et al., 2012). In addition, existing experimental studies have 

highlighted that the composition of EPS molecules is important for the catalysis of 

dolomite precipitation (Braissant et al., 2003; Zhang et al., 2012; Zhang et al., 2015). 

Therefore, the examination of the groundwater habitat and EPS biofilms in dolocrete 

aquifers may provide further knowledge on the specific biogeochemical interactions, 

which occurred in the past that were conducive to dolomite precipitation.  

 

Second, dolocrete duricrusts may provide an important new continental archive of 

palaeoenvironmental records. The extensive nature of dolocretes throughout the basin and 

improved understanding of dolocrete development in varied landscape positions suggests 

that dolocretes may be more widespread in landscapes than currently recognised. Reports 

of carbonate duricrusts often assume calcrete as the dominant lithology. This can lead to 

incorrect interpretations regarding the formation environment and even analytical error, 

for example for stable isotope analysis of carbonates if the mineralogy is not known. 

Where correctly identified, dolocretes may improve knowledge of past environments, 

particularly around saline water bodies and can provide useful environmental data, in 

particular from stable oxygen isotope signatures. An additional tool that may become 

powerful for carbonate palaeoenvironmental studies is the relatively new method of 

clumped isotope thermometry (Eiler, 2011). The method is a palaeo-temperature proxy, 

whereby measurements obtained from CO2 released from carbonate dissolution 

determines the extent to which 13C and 18O are bound to each other within the same 

carbonate ion (Ghosh et al., 2006; Eiler et al., 2007). The degree of “clumping” (ordering) 

of the 13C and 18O within the same carbonate ion is temperature-dependent and provides 

direct information on the temperature at which the mineral precipitated (Eiler et al., 2007); 

data highly relevant for palaeoenvironmental research. In addition, as the δ18O 

composition of carbonate minerals is a function of temperature and fluid δ18O 

composition, the independent determinations of formation temperature and carbonate 

δ18O values can be used to robustly constrain the δ18O composition of the precipitating 
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solution (Bonifacie et al., 2017; Müller et al., 2019). This is the next step to methods 

utilised within this thesis, where a range of temperatures were used to establish the most 

likely composition of the groundwater 18O signature and inform on past hydrochemical 

conditions.   

 

A further associated archive of palaeoenvironment within Cenozoic sediments are the 

clay mineral assemblage; the detailed mineralogical analysis within Chapter 4 highlighted 

the extent and variety of authigenic clay minerals within the sediments that inform on the 

past environmental conditions and landscape processes (Calvo et al., 1999; Hay and 

Kyser, 2001; da Silva et al., 2018). Therefore, future palaeoenvironmental studies within 

the Pilbara region may benefit from further evaluation of the Cenozoic sediments. The 

use of Hylogger-3 hyperspectral scanning for mineralogical analysis in Chapter 4 was 

found to a useful for providing continuous mineral logs of the dolocrete profiles and was 

helpful to observe trends in mineral assemblages with depth, which are not obvious from 

discrete samples analysed by XRD or observed by microscope techniques. The 

reflectance spectral data collected by the Hylogger-3 system covers a range of 

wavelengths and was particularly useful for identifying clay mineral assemblages as well 

as distinguishing carbonate mineralogy. Analysis of clay mineral assemblages would 

have otherwise required costly and time consuming methods for examination of many 

samples by XRD of the clay fraction. However, some limitations in the capability of The 

Spectral Geologist (TSG) algorithms to identify and estimate the abundance of certain 

clay minerals was apparent, in particular for smectite minerals. Thus, a final 

recommendation of further work would be the expansion of the TSG software capability 

and spectral reference library, which would enhance the detection of clay mineral suites. 

Future studies of soils, sediments and rock may benefit from utilising the HyLogger-3 

technique, which may be particularly applicable for analysis of clay-rich sediments, such 

as soil and lacustrine sequences.  

5.8 Concluding statement 
The findings of this thesis contributes to the current understanding of low temperature 

dolomite formation. Recent experimental studies have demonstrated that clay minerals 

(Wanas and Sallam, 2016; Liu et al., 2019), as well as EPS (Bontognali et al., 2014; Zhang 

et al., 2015), can be catalysers of dolomite precipitation.  The detailed analysis of 

dolocrete cores from Hamersley Basin showed that both these naturally occurring 

materials can provide substrates for dolomite nucleation and growth. Groundwater 
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systems also provide an excellent environment for studies of dolomite formation. Many 

studies have focussed on marine dolomite or of lacustrine and soil zone dolomite in 

terrestrial settings (eg. Last, 1990; Wright, 1999; Díaz-Hernández et al., 2013; Casado et 

al., 2014). However, the groundwater environments provides a more stable environment 

(Humphreys et al., 2009), in which robust conclusions may be drawn of the 

hydrochemical conditions from geochemical analyses. Recent developments in analytical 

techniques, such as clumped isotope thermometry, may provide further constraints on the 

conditions of dolomite formation within groundwater systems.  
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Appendix A: X-Ray Diffraction Dolomite Peaks 

Mineral identification and quantification was determined from X-Ray diffraction 

patterns. Dolomite identified by the position and intensity of characteristic peaks (e.g. 

primary 104 peak) and the consistent observation of the (015 and 021) ordering 

reflections, which distinguish dolomite from high-magnesian calcite (Goldsmith and 

Graf, 1958; Kaczmarek and Sibley, 2011; Gregg et al., 2015).  

Examples of the XRD patterns showing the identification of dolomite peaks and ordering 

reflections are shown in Figure A1 and A2. The examples include: a G1 and G2 sample 

from Fortescue Marsh dolocrete (Figure A1) and; a sample from each core plus an 

additional example of a mixed calcite and dolomite sample from Coondiner dolocrete 

(Figure A2).  

Table A1 displays the miller indices and 2-theta angle for both Cu kα and Co kα radiation, 

used for XRD analysis of Fortescue Marsh and Coondiner dolocrete samples respectively.  

 

Table A1: Miller indices, d-space and 2-theta angles of characteristics features for 
determination of dolomite by XRD.  

  Cu kα Co kα 

Miller index  d-space (Å) 2-theta angle (°) 2-theta angle (°) 

104 2.888 30.964  36.085 

110 2.404 37.408 43.688 

015 2.539 35.352 41.256 

021 2.065 43.842 51.337 
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Figure A1: X-Ray diffraction patterns (Cu kα radiation) of samples from Fortescue Marsh 
dolocrete showing identification of dolomite peaks, including 021 and 015 ordering reflections.  
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Figure A2: X-Ray diffraction patterns (Co kα radiation) of samples from Coondiner dolocrete 
showing identification of dolomite peaks, including 021 and 015 ordering reflections. A) displays 
labels for all dolomite peaks, whereas b, c and d display labels only for the main identification 
peaks (104, 015, 110 and 021). Please note that the colour-mineral identification is not the same 
for each diagram and refer to legends.  
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Appendix B: Supplementary tables for chapter 2.  
 

Table B1: Stable carbon and oxygen isotope composition of rock samples and the dissolved 
inorganic carbon (DIC) of water from the corresponding bore. The proportion of dolomite and 
molar percentage of CaCO3 in dolomite for rock samples is also displayed. N/A correspond to 
samples where the mineral (calcite or dolomite) comprises <20% of total carbonate.  
 

Sample 
group 

Sampl
e no. 

Bore 
ID 

Sample 
depth 

(m 
b.g.l.) 

Dolomit
e out of 

total 
carbona
tes (%) 

CaCO3 
in 

dolomit
e 

(Mol%) 

δ13C 
VPBD 

dolomit
e (‰) 

δ13C 
VPDB 
calcite 

(‰) 

δ18O 
VPBD 

dolomit
e (‰) 

δ18O 
VPDB 
calcit

e 
(‰) 

δ13C 
VPDB 
water 
(‰) 

Group 2 
(G2)  

14 6D 7 6% 53.7 N/A -5.06 N/A -7.74 -11.01 

15 6D 7 16% 58.0 N/A -4.92 N/A -7.61 -11.01 

29 10A 7 84% 56.3 -5.39 N/A -7.18 N/A -9.64 

28 10A 11 20% 53.7 -5.48 -5.99 -7.12 -7.6 -9.64 

4 7C 11 100% 58.0 -5.85 N/A -6.22 N/A -11.38 

5 7C 11 100% 57.0 -5.76 N/A -6.42 N/A -11.38 

6 7C 11 100% 57.7 -6.4 N/A -6.44 N/A -11.38 

7 7C 11.5 17% 54.0 N/A -5.95 N/A -6.03 -11.38 

30 10A 13 5% 55.3 N/A -5.82 N/A -7.16 -9.64 

3 8G 14 5% 56.0 N/A -5.34 N/A -7.59 -9.35 

20 5D 15 100% 54.0 -5.2 N/A -6.7 N/A -11.63 

11 6E 23 100% 55.0 -4.91 N/A -6.45 N/A -11.06 

Average     55.73 -5.57 -5.51 -6.65 -7.29 -10.71 

Std. Dev         1.68 0.49 0.47 0.37 0.65 0.86 

Group 1 
(G1) 

19 5D 21 100% 51.7 -5.69 N/A -4.02 N/A -11.63 

23 3B 27 100% 50.3 -4.72 N/A -1.88 N/A -9.75 

21 3B 35 100% 50.0 -5.27 N/A -2.77 N/A -9.75 

22 3B 35 100% 50.7 -5.15 N/A -2.69 N/A -9.75 

32 7B 41 100% 49.3 -5.97 N/A 0.72 N/A -7.92 

12 6E 44 100% 51.3 -5.29 N/A -2.92 N/A -11.06 

33 7B 46 100% 50.0 -6.13 N/A -1.39 N/A -7.92 

18 5E 49 100% 49.7 -5.6 N/A -3.46 N/A -10.67 

17 5E 50 100% 50.0 -6.92 N/A -1.72 N/A -10.67 

34 7B 51 100% 49.7 -6.57 N/A -1.97 N/A -7.92 

16 6D 53 100% 50.0 -6.23 N/A -1.9 N/A -9.22 

8 6E 63.4 100% 50.7 -6.3 N/A -3.92 N/A -10.13 

9 6E 63.4 100% 50.0 -6.17 N/A -3.25 N/A -10.13 

Average         50.26 -5.85   -2.40   -9.73 

Std. Dev         0.67 0.63   1.27   1.21 

Baseme
nt 

Dolomit
e 

35 1A 20 100%   0.21 N/A -8.21 N/A -9.39 

39 5D 44 100% 50.0 0.04 N/A -9.4 N/A -11.25 

40 3B 44 100% 50.3 -0.16 N/A -10.91 N/A -9.75 

37 6E 68 100% 49.7 0.14 N/A -9.18 N/A -10.13 

38 6D 67 100% 50.0 -0.41 N/A -9.92 N/A -9.22 

36 7C 76 100% 49.0 -0.23 N/A -9.32 N/A -8.84 

42 7B 86 100% 50.0 -0.06 N/A -7.73 N/A -8.81 

Average     49.83 -0.07  -9.24  -9.63 

Std. Dev         0.45 0.22   1.05   0.86 
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Table B2. The major elemental composition of carbonate samples determined by X-ray 
fluorescence spectrometry.  

Sample 
group 

Sampl
e no. 

Bore 
ID 

Sample 
depth  

(m 
b.g.l.) 

Ca 
(%) 

Mg 
(%) 

Si 
(%) 

Al  
(%) 

Fe  
(%) 

Sr 
(mg/Kg) 

Ti 
(mg/Kg) 

Group 2 
(G2) 

14 6D 7 35.0 1.9 1.6 0.15 0.18 138.5 77.6 

15 6D 7 34.2 2.4 2.6 0.16 0.18 147.5 85.4 

29 10A 7 15.6 6.0 19.1 0.28 0.22 124.1 137.1 

28 10A 11 29.9 2.5 7.3 0.09 0.12 168.2 50.7 

4 7C 11 22.2 10.7 2.1 0.29 0.30 209.8 115.0 

5 7C 11 23.0 10.8 1.4 0.20 0.21 230.4 71.3 

6 7C 11 20.7 10.3 4.0 0.59 0.60 165.0 245.1 

7 7C 11.5 25.0 3.1 8.5 1.70 1.70 77.7 760.7 

30 10A 13 33.7 1.9 2.8 0.50 0.43 185.3 333.9 

3 8G 14 11.7 0.3 28.6 1.57 0.69 40.7 69.8 

20 5D 15 22.8 11.7 0.8 0.18 0.15 142.4 81.1 

11 6E 23 22.9 11.4 0.5 0.03 0.06 109.1 22.1 

Group 1 
(G1) 

19 5D 21 22.1 12.4 0.9 0.09 0.05 92.8 18.4 

23 3B 27 18.4 10.8 2.9 0.86 3.08 138.7 672.4 

21 3B 35 19.6 11.6 3.8 0.20 0.47 70.6 171.6 

22 3B 35 17.0 10.6 6.7 0.36 1.06 61.2 319.0 

32 7B 41 19.7 12.5 2.0 0.47 0.92 183.0 407.6 

12 6E 44 20.0 11.9 2.0 0.12 0.42 92.1 107.2 

33 7B 46 20.3 12.5 1.7 0.38 0.45 177.0 467.6 

18 5E 49 21.4 12.5 0.9 0.16 0.46 59.5 44.3 

17 5E 50 20.2 11.7 1.3 0.06 2.79 72.8 42.2 

34 7B 51 20.6 12.2 1.5 0.33 0.52 171.0 845.3 

16 6D 53 21.0 12.4 1.0 0.33 0.23 49.2 269.2 

8 6E 63.4 13.1 7.7 16.9 0.71 1.17 35.7 587.1 

9 6E 63.4 9.8 5.8 23.8 0.47 0.77 31.0 1225.0 

Basemen
t 

dolomite 

35 1A 20 21.9 13.1 0.2 <0.01 0.40 21.0 95.9 

39 5D 44 15.2 9.1 14.3 <0.01 0.43 14.0 95.9 

40 3B 44 21.8 13.5 0.2 0.02 0.49 14.0 119.9 

37 6E 68 21.2 13.1 0.7 <0.01 1.10 16.0 95.9 

38 6D 67 20.0 12.5 0.2 0.07 3.28 34.0 149.9 

36 7C 76 21.7 13.5 1.0 <0.01 0.32 15.0 101.9 

42 7B 86 21.4 12.8 0.8 <0.01 0.18 23.0 89.9 
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Table B3. A normative mineralogy of carbonate samples, determined from XRD and XRF. ND = 
not detected. 

Sample 
group 

Sampl
e no. 

Bore 
ID 

Sample 
depth  

(m 
b.g.l.) 

Dolomit
e 

(Wt.%) 

Calcit
e 

(Wt.%
) 

Silica 
(Wt.%) 

Palygor
s-kite 

(Wt.%) 

Fe-
oxides 
(Wt.%) 

Kaolinit
e 

(Wt.%) 

Group 2  

14 6D 7 5.7 89.6 2.3 2.2 0.26 ND 

15 6D 7 14.5 78.6 4.3 2.3 0.25 ND 

29 10A 7 48.7 9.1 37.9 3.9 0.31 ND 

28 10A 11 17.1 66.6 14.9 1.3 0.17 ND 

4 7C 11 93.2 ND 2.1 4.2 0.45 ND 

5 7C 11 95.4 ND 1.3 2.9 0.33 ND 

6 7C 11 86.7 0.0 3.7 8.6 0.93 ND 

7 7C 11.5 11.3 57.3 4.0 24.6 2.74 ND 

30 10A 13 4.9 85.3 1.8 7.4 0.62 ND 

3 8G 14 1.5 30.0 59.8 ND 1.08 7.62 

20 5D 15 96.9 ND 0.2 2.6 0.22 ND 

11 6E 23 98.6 ND 0.8 0.4 0.10 ND 

Group 1  

19 5D 21 97.5 ND 1.1 1.4 0.07 ND 

23 3B 27 84.4 ND 0.2 10.9 4.58 ND 

21 3B 35 90.0 ND 6.7 2.7 0.69 ND 

22 3B 35 81.6 ND 12.1 4.8 1.57 ND 

32 7B 41 91.7 ND 0.6 6.4 1.32 ND 

12 6E 44 94.2 ND 3.7 1.4 0.63 ND 

33 7B 46 93.5 ND 0.5 5.4 0.65 ND 

18 5E 49 96.6 ND 0.8 2.0 0.65 ND 

17 5E 50 93.1 ND 2.7 0.1 4.09 ND 

34 7B 51 94.1 ND 0.5 4.6 0.76 ND 

16 6D 53 96.0 ND ND 3.6 0.34 ND 

8 6E 63.4 57.6 ND 30.8 9.9 1.77 ND 

9 6E 63.4 44.1 ND 48.0 6.7 1.15 ND 

Basemen
t 

dolomite 

35 1A 20 99.0 ND 0.5 ND 0.56 ND 

39 5D 44 69.0 ND 30.4 ND 0.60 ND 

40 3B 44 98.9 ND 0.2 0.2 0.69 ND 

37 6E 68 96.9 ND 1.6 ND 1.56 ND 

38 6D 67 94.4 ND ND 0.9 4.74 ND 

36 7C 76 97.6 ND 2.0 ND 0.44 ND 

42 7B 86 98.1 ND 1.7 ND 0.26 ND 
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Table B4. Modelled δ18O values of the precipitating water at 30oC for calcite and dolomite 
calculated from the measured δ18O values of the terrestrial carbonate samples. Values are 
presented for the dominant carbonate mineral. Cal = calcite, Dol = dolomite. 

Sampl
e 

group 

Sample 
no. 

Bor
e ID 

Sample depth (m 
b.g.l) 

Average δ18O 
VSMOW of 

groundwater 
measured at 
correspondin

g bore (‰)  

Dominan
t 

carbonat
e mineral 

Modelle
d δ18O 

VSMOW 
at 30oC 
using 

Equatio
n 1 (‰) 

Modelle
d δ18O 

VSMOW 
at 30oC 
using 

Equatio
n 2 (‰) 

Group 
2  

14 6D 7 -8.03 Cal   -6.04 

15 6D 7 -8.03 Cal   -5.91 

29 10A 7 -7.21 Dol -6.64  

28 10A 11 -7.21 Cal -6.58 -5.90 

4 7C 11 -7.44 Dol -5.66   

5 7C 11 -7.44 Dol -5.86  

6 7C 11 -7.44 Dol -5.88   

7 7C 11.5 -7.44 Cal  -4.28 

30 10A 13 -7.21 Cal   -5.45 

3 8G 14 -7.77 Cal  -5.89 

20 5D 15 -9.38 Dol -6.15  

11 6E 23 -8.90 Dol -5.90   

Group 
1  

19 5D 21 -9.38 Dol -3.39   

23 3B 27 0.18 Dol -1.19   

21 3B 35 0.18 Dol -2.10  

22 3B 35 0.18 Dol -2.01   

12 6E 41 -8.9 Dol -2.26  

8 6E 44 -8.53 Dol -3.28   

9 6E 46 -8.53 Dol -2.60  

18 5E 49 -9.27 Dol -2.81   

17 5E 50 -9.27 Dol -1.02  

32 7B 51 1.95 Dol 1.50   

33 7B 53 1.95 Dol -0.68  

34 7B 63.4 1.95 Dol -1.28   

16 6D 63.4 -2.44 Dol -1.20   
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Table B5. Water chemistry and saturation indices of groundwater from the Fortescue Marsh sampled in October 2014*.  
 

Bore ID 
δ18O 

VSMOW 
(‰) 

 δ2H 
VSMOW 

(‰) 

 δ13C 
VPBD* 

(‰) 

 pH 
EC 

(µS/cm) 
TDS 

 (g/L) 
TSS (mg/L) 

SI  
calcite 

SI 
dolomite 

SI 
gypsum 

SI  
amorphous 

silica 

1A -7.20 -49.11 -9.39   7.86 8561 4.69 17.70 1.96 4.25 -0.82 -0.70 

1B -7.62 -53.11 -8.96 
 

7.90 30389 18.48 45.77 -1.98 -3.32 -0.66 -0.41 

1C -7.03 -53.09 -7.71   7.77 40361 26.54 21.61 -4.94 -9.27 -0.49 -0.52 

2A -4.38 -43.05 -5.27 
 

7.57 67266 47.64 142.27 1.59 3.80 -0.02 -0.51 

2B -4.21 -43.88     7.50 86436 65.18 208.08 2.14 4.69 0.07 -2.87 

3A-S -3.27 -38.00 -6.13 
 

7.51 92995 69.94 1074.54 2.02 4.05 0.08 -3.87 

3A-D -1.55 -33.30 -8.21   7.32 119000 102.86 142.80 -5.17 -9.42 0.09 -0.95 

3B-S -1.33 -29.76 -4.96 
 

7.28 97703 75.40 1551.03 1.26 3.63 -0.40 -2.65 

3B-D 0.00 -25.70 -9.75   7.51 119400 98.94 123.44 1.92 4.20 0.24 -3.86 

3C-S -5.40 -46.55 -5.91 
 

7.69 75674 56.52 64.72 -4.72 -8.82 -0.05 -0.71 

3C-D -3.04 -39.25 -7.07   7.48 117300 100.10 335.50 1.97 4.03 0.19 -4.06 

4B-S -4.49 -42.78 -6.61 
 

7.49 116200 88.56 6.00 1.97 3.70 -0.01 -4.10 

4B-D -3.88 -42.50 -5.06   7.51 124000 102.82 128.50 1.95 4.34 0.13 -3.32 

4C-S -2.06 -34.77 -9.53 
 

7.31 118700 95.66 77.60 1.61 3.45 0.11 -3.63 

4C-D -2.97 -35.94 -7.43   7.61 117000 95.56 617.00 1.98 4.56 0.10 -3.14 

5D-S -9.45 -63.34 -11.63 
 

8.02 5266 2.75 29.64 -5.81 -11.01 -1.86 -0.84 

5D-D -9.27 -64.44 -11.25   8.08 5350 2.94 18.51 -4.80 -9.00 -1.54 -0.95 

5EA (S) -9.20 -62.38 
  

8.03 2873 1.61 59.02 -0.47 -0.51 -1.65 -0.73 

5E-I -9.24 -61.32 -10.67   8.03 2876 1.55 54.50 0.10 0.75 -1.74 -0.99 

5E-D -7.02 -51.64 -8.83 
 

7.61 73656 55.34 51.81 -5.29 -9.50 -0.41 -1.05 

6D-S -8.07 -58.15 -11.01   7.86 27681 17.68 51.94 -5.62 -10.42 -1.26 -0.88 

6D-D -2.54 -37.71 -9.22 
 

7.57 111156 86.56 46.38 -29.54 -57.82 -31.41 -0.91 

6EA (S) -8.84 -59.74 -9.80   8.16 6964 3.94 30.53 -0.80 -1.09 -1.33 -0.52 

6E-I -8.98 -60.65 -11.06 
 

8.01 3466 1.96 85.02 -0.60 -0.77 -1.59 -0.76 

6E-D -8.62 -60.38 -10.13   7.94 24015 14.30 11.27 1.84 4.54 -1.16 -2.64 

7B-S -1.44 -36.91 -6.47 
 

6.89 124900 108.12 259.50 -5.75 -10.59 0.07 -0.51 

7B-I 1.95 -17.68 -7.92   7.58 159200 144.86 42.38 1.91 4.78 0.19 -3.29 

7B-D 0.35 -25.52 -8.81 
 

7.51 141700 124.32 1073.50 1.68 4.29 0.07 -3.03 

7C-S -7.66 -54.30 -11.38   7.79 22737 18.32 5.52 -2.06 -3.51 -0.77 -0.70 

7C-I -2.95 -38.01 -10.71 
 

7.52 111997 90.10 105.38 -5.04 -8.95 -0.19 -0.87 

7C-D 0.64 -22.36 -8.84   7.43 151200 137.98 152.67 -4.88 -8.58 0.02 -0.98 

7D-S -8.10 -55.17 -11.46 
 

7.96 4122 2.24 783.83 -0.18 0.18 -1.55 -0.98 

7D-D -8.24 -57.02 -11.60   7.88 4055 2.25 144.95 -0.17 0.20 -1.56 -0.99 

8G-S -7.89 -54.65 -9.35 
 

7.90 19098 11.86 59.04 -2.00 -3.22 -0.96 -0.61 

8G-D -7.73 -53.48 -9.47   7.95 18981 11.82 6.12 1.77 4.38 -1.04 -0.76 

9B-S 2.32 -19.15 
  

7.11 164800 170.76 860.14 1.55 4.29 0.33 -3.16 

9B-D 1.24 -22.85     7.19 156300 158.44 77.51 1.69 4.64 0.29 -2.32 

10A-S -7.31 -50.97 -9.64 
 

7.95 11421 6.29 751.75 2.02 4.79 -1.13 -1.29 

10A-D -7.32 -50.96 -9.28   7.88 13101 7.83 156.30 2.09 4.89 -1.16 -2.93 

BORE ID HCO3
- 

(mg/L) 
SO4 

(mg/L) 
Ca  

(mg/L) 
Mg (mg/L) K 

 (mg/L) 
Na 

 (mg/L) 
Cl 

 (mg/L) 
Br  

(mg/L) 
Fe  

(mg/L) 
Si  

(mg/L) 
Sr  

(mg/L) 
SiO2 

 (mg/L) 

1A 224 816 247 198 101 1317 2344 2.31 0.06 34.91 1.75 74.69 

1B 694 2711 250 413 565 6386 9925 5.65 0.32 44.00 3.14 94.15 

1C 428 3886 367 567 669 8738 13821 5.41 <0.005 32.70 4.37 69.97 

2A 277 7304 836 1256 1048 15075 23784 13.42 0.31 31.80 11.63 68.05 

2B 224 10180 849 1507 1420 22754 32765 18.44 0.67 23.75 12.03 50.81 

3A-S 170 10735 891 1640 1546 26468 34986 14.98 1.25 15.62 12.06 33.42 

3A-D 97 16264 820 2317 2296 34759 54606 17.81 4.51 6.87 13.76 14.71 

3B-S 101 12588 916 1883 1515 26434 37135 18.62 2.44 25.19 17.26 53.91 

3B-D 123 14456 1007 2598 2124 37119 53035 26.75 0.77 5.34 20.21 11.43 

3C-S 299 8059 770 1155 1523 17844 27981 12.70 0.47 17.21 8.82 36.82 

3C-D 150 13905 941 1994 2370 37910 51479 22.47 0.37 7.15 13.54 15.30 

4B-S 176 10822 824 1463 3794 38583 50310 22.11 <0.005 17.97 9.40 38.45 

4B-D 145 12094 862 1539 3561 36712 54924 23.92 3.90 6.23 9.77 13.33 

4C-S 78 14071 745 1737 2534 37798 51948 17.14 <0.005 12.49 12.23 26.73 

4C-D 192 13932 729 1750 2400 34258 49238 14.88 1.29 7.96 9.97 17.04 

5D-S 286 404 56 88 77 811 1569 0.75 0.07 18.22 0.30 38.99 

5D-D 299 369 56 88 76 804 1392 0.79 0.15 14.15 0.31 30.28 

5EA (S) 313 217 54 58 40 435 660 0.51 0.09 23.92 0.35 51.18 

5E-I 306 219 44 62 46 442 651 0.52 0.14 13.04 0.18 27.90 

5E-D 275 10274 327 1459 1128 17418 26961 10.41 1.08 7.99 4.73 17.10 

6D-S 233 1629 181 448 476 4938 9094 85.22 0.05 15.26 1.60 32.65 

6D-D 196 11909 319 1770 2355 20740 48140 16.34 <0.005 9.06 5.25 19.38 

6EA (S) 598 513 84 112 68 1200 1792 1.81 0.07 37.35 0.87 79.91 

6E-I 356 253 58 63 52 531 802 0.66 0.20 22.02 0.29 47.10 
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6E-D 312 2021 98 344 438 5255 7561 3.94 0.27 12.68 0.85 27.13 

7B-S 26 15811 846 2349 3192 33600 54522 28.56 0.33 19.33 18.11 41.35 

7B-I 182 20188 594 3238 4172 53650 78521 32.83 0.41 4.08 10.98 8.73 

7B-D 116 16356 597 2592 3417 43990 65468 26.56 1.52 6.18 10.33 13.23 

7C-S 612 1860 215 337 374 4294 6882 4.23 0.06 23.29 1.59 49.84 

7C-I 213 13125 431 2041 2220 31050 47533 19.73 0.70 9.31 7.14 19.93 

7C-D 189 19368 620 2969 3438 45540 72761 31.95 2.47 5.15 11.78 11.01 

7D-S 398 299 63 88 65 629 969 0.87 0.25 13.13 0.25 28.08 

7D-D 398 293 63 87 65 625 962 0.84 0.19 13.02 0.25 27.86 

8G-S 572 1900 124 301 313 3671 5554 5.21 0.58 29.30 1.16 62.68 

8G-D 532 1843 118 300 320 3739 5354 4.09 <0.005 28.10 1.10 60.12 

9B-S 78 29248 612 5733 4196 59440 87019 133.63 0.99 4.61 11.08 9.87 

9B-D 114 26217 669 5005 3775 53500 80427 129.18 <0.005 11.12 13.19 23.79 

10A-S 379 1049 125 259 160 2073 3175 4.49 <0.005 13.30 0.92 28.45 

10A-D 334 1221 114 272 180 2605 3652 4.99 <0.005 6.66 0.92 14.26 

*Dissolved inorganic carbon was sampled in October 2015, in order to improve the study and compare DIC to δ 13C of carbonate samples and δ18O of groundwater. Sampling over 

several years and in different seasons showed very low variation in the stable isotopic composition of groundwater.  
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Appendix C: Supplementary table for chapter 3.  
Table C1: Groundwater chemical data for Coondiner Creek mining area.  

Aquifer
* 

Sample Date 
Field 

EC 
Field 
pH 

Temp-
erature 

EC pH Alkalinity HCO3 CO3 TDS Al Ca Cl Fe Mg Mn NO3 K Si Na SO4 
d18O 

VSMOW 
d2H 

VSMOW 
δ13C 

VPDB 
pCO2** 

  uS/cm  oC uS/cm  CaCO3 mg/L mg/L ‰ atm 

DET 17/03/2011       2,000 7.1 340 415   1,280 0.03 110 390 0 140 0.01     18   200         

DOL 29/07/2018       927 7.76 324 395 <1 480 0.01 60 71 0.01 47 0.02 0.62 8 9.95 32 33         

DOL 1/11/2015       1,000 8.3 330 400   600 0.07 75 120 0.07 65 0 2.8 15 13 53 74         

DOL 15/03/2016 1,206 7.01 28.24 920 7.79 414 505 <1 715 <0.005 84 120 <0.002 72 0.05 3.28 12 13.6 50 84         

DOL 11/04/2016 1,207 7.37 28.02 1,210 7.78 402 490 <1 704 0.67 88 111 0.72 70 0.08 3.06 12 14.8 52 68         

DOL 19/05/2016 1,240 6.81 27.01 1,210 7.64 404 493 <1 653 <0.005 77 116 0.01 68 0.02 3.54 11 14.3 47 71         

DOL 14/06/2016 1,179 6.73 26.96 1,120 7.58 380 464 <1 686 <0.005 81 119 <0.002 67 0 3.45 11 13.7 48 73         

DOL 18/07/2016 1,196 7.1 27.4 1,150 7.7 401 489 <1 660 <0.005 80 121 <0.002 68 0.01   12 14.9 48 125         

DOL 23/10/2016 1,178 6.87 27.61 1,050 7.77 362 442 <1 651 0.87 82 134 0.75 67 0.06 3.63 11 14.5 48 65         

DOL 17/01/2017 1,225 6.72 28.15 1,130 7.6 359 438 <1 757 0.07 67 153 0.15 71 0.01 3.45 12 13.6 52 77 -8.42 -55.69 -11.06   

DOL 1/04/2017 1,233 6.76 26.63 1,150 7.69 335 409 <1 762 0.54 92 152 2.25 75 0.1 3.94 11 14.2 53 74         

DOL 16/07/2017 1,245 6.53 26.04 1,190 7.63 373 455 <1 712 0.01 89 160 <0.002 70 0.01 4.83 12 14.8 53 82         

DOL 4/10/2017 1,300 6.82 27.94 1,280 7.79 332 405 <1 769 <0.005 108 159 <0.002 86 0.33 4.78 13 13.6 63 71         

DOL 3/01/2018 1,450 6.78 27.75 1,270 7.48 373 455 <1 766 <0.005 95 148 0 75 0.2 2.61 11 13.8 51 76         

DOL 1/10/2018                                         -8.02 -52.71 -10.91   

DOL 2/11/2015       1,200 8.2 340 410   720 0.03 86 180 <0.02 76 0 1.7 15 14 63 80         

DOL 15/03/2016 1,300 7.02 28.11 1,150 7.83 398 486 <1 775 <0.005 82 171 0.01 72 0.01 2.12 15 12.7 68 63         

DOL 11/04/2016 1,760 7.17 30.8 1,290 7.76 384 468 <1 774 0.01 84 161 0.13 72 0.04 1.86 15 13.9 72 68         

DOL 19/05/2016 1,347 6.85 27.11 1,270 7.6 379 462 <1 696 <0.005 78 168 0.03 73 0.01 2.35 14 13.2 68 71         

DOL 14/06/2016 1,320 7.28 26.91 1,270 7.51 380 464 <1 746 <0.005 81 170 <0.002 74 0.03 2.48 15 14.4 70 74         

DOL 31/07/2016 1,290 6.95 27.36 1,290 7.58 407 497 <1 720 <0.005 80 187 0.02 73 0.02 2.97 14 13.3 70 69         

DOL 23/10/2016 1,298 6.87 27.64 1,190 7.85 329 401 <1 717 0.28 80 175 1.66 71 0.16 3.36 14 14.9 67 64         

DOL 17/01/2017 1,301 6.79 28.17 1,210 7.69 352 429 <1 778 0.08 65 179 0.33 74 0.02 3.14 15 14.4 73 74 -8.02 -53.71 -9.96   

DOL 1/04/2017 1,265 6.88 27.18 1,190 7.75 331 404 <1 770 <0.005 79 166 0 75 0 3.63 14 14.8 60 72         

DOL 16/07/2017 1,213 6.91 26.82 1,150 7.7 372 454 <1 686 <0.005 75 146 <0.002 69 0.03 3.68 15 15.4 57 71         

DOL 4/10/2017 1,228 6.89 27.38 1,200 7.84 346 422 <1 700 <0.005 93 138 <0.002 83 0.03 3.94 16 15.6 65 71         

DOL 1/10/2018                                         -7.96 -55.59 -10.06   

DET 22/06/2016   7.17 25 1,080 7.7 426 520 <1   <0.01 79 70 0.15 74 0.57   16 13.2 36 38         

DET 10/07/2017   7.05 25.91 858   348 425 <1 546 <0.01 76 59 <0.05 67 0.23 <0.01 15   28 36         

DOL 27/09/2016       1,690 8.02 371 453 <1 1,250 <0.005 125 405 <0.002 113 0.01 3.36 19 21.7 126 237         

DOL 18/06/2011         6.55       404                               

DOL 31/05/2012 1,291 7.16 22.8                                           

DOL 30/06/2012 1,240 7.53 27.6                                           

DOL 31/07/2012 1,440 7.35 24.4                                           

DOL 31/08/2012 1,228 7.17 27.2                                           

DOL 30/09/2012 1,203 7.24 29                                           

DOL 31/10/2012 1,248 7.02 32                                           
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Aquifer
* 

Sample Date 
Field 

EC 
Field 
pH 

Temp-
erature 

EC pH Alkalinity HCO3 CO3 TDS Al Ca Cl Fe Mg Mn NO3 K Si Na SO4 
d18O 

VSMOW 
d2H 

VSMOW 
δ13C 

VPDB 
pCO2** 

DOL 27/11/2012       1,200 7.9 400 488   728   80 140 0.03 70   1.9 12   59 90         

DOL 29/01/2013 1,242 7.46 28.5                                           

DOL 23/06/2016   7.47 27.2 1,190 7.69 364 444 <1   <0.01 77 147 2.84 75 0.13   15 11.8 66 60         

DOL 10/07/2017   7.6 27.87 1,040   257 314 <1 566 <0.01 46 177 5.04 71 0.24 <0.01 18   73 30         

  Median 1243.5 7 27.4 1190 7.7 371 452.6   716 0.1 80 152 0.1 72 0 3.3 14 14.1 58 71 -8 -54.6 -10.5 0.0513 

  
Standard 
deviation 

115.37 0.27 1.62 209.07 0.3 34.99 42.9   171.81 0.3 14.53 71.72 1.31 15.52 0.12 0.96 2.34 2 17.34 41.56 0.21 1.46 0.57   

                                                    

WF 29/10/2015       1,400 8.2 360 440   790 <0.02 97 200 <0.02 80 0 1.6 16 14 60 86         

WF 15/03/2016 1,445 7.1 27.89 1,120 7.75 392 478 <1 882 0.5 91 230 0.26 81 0.04 0.09 15 13.1 67 62         

WF 11/04/2016 1,460 7.22 28.85 1,410 7.7 373 455 <1 889 0.07 98 207 0.11 81 0.02 <0.01 16 14.2 68 75         

WF 2/05/2016       1,230 8.03 320 390 <1 768 0.01 82 193 <0.002 82 <0.0005   17 16.6 59 79         

WF 19/05/2016 1,343 7.26 26.97 1,260 7.94 319 389 <1 721 0.01 74 195 <0.002 79 <0.0005 0.88 15 13.5 58 78         

WF 14/06/2016 1,322 6.92 27.1 1,240 7.81 308 376 <1 784 0.01 76 201 <0.002 81 0 0.53 16 14 60 79         

WF 31/07/2016 1,268 7.2 27.46 1,300 7.69 374 456 <1 748 0.01 81 210 0.02 77 0 1.2 14 13.2 60 111         

WF 23/10/2016 1,307 7.03 27.79 1,230 7.95 271 331 <1 734 0.03 76 214 0.1 76 0.02 0.04 14 15.1 56 74         

WF 17/01/2017 1,309 6.98 28.1 1,240 7.79 321 392 <1 852 0.03 54 223 0.05 79 0.02 <0.01 16 14 69 82 -8.34 -52.72 -9.05   

WF 1/04/2017 1,322 7.06 26.78 1,240 7.82 254 310 <1 820 0.01 83 198 0.01 80 0.02 0.18 15 14.6 63 79         

WF 16/07/2017 1,257 6.77 26.89 1,210 7.79 330 403 <1 730 0.02 75 204 0.39 73 0.04 2.44 16 14.9 58 84         

WF 4/10/2017 1,269 6.91 27.5 1,260 7.82 330 403 <1 727 <0.005 95 163 <0.002 82 0 5.14 16 13.9 67 67         

WF 3/01/2018 1,490 6.85 27.77 1,290 7.62 353 431 <1 678 <0.005 85 156 0.01 77 0 4.34 14 14.6 57 72         

WF 5/04/2018 1,335 6.61 27.43 1,120 7.68 346 422 <1 762 <0.005 93 181 0 78 0.01 9.79 16 15.5 65 77         

WF 29/07/2018 1,381 7.07 26.55 1,400 7.7 361 440 <1 760 <0.005 85 172 0.01 72 0 11.6 12 13.8 58 69         

WF 1/11/2015       800 8.3 300 360   440 <0.02 64 67 <0.02 49 <0.001 1.7 9.9 10 32 42         

WF 15/03/2016 847 7.42 28.12 677 8.03 331 404 <1 492 0.03 63 72 0.02 49 0.01 0.04 11 9.25 37 26         

WF 11/04/2016 874 7.5 28.07 839 8.03 320 390 <1 484 0.11 64 60 0.13 47 0.01 0.09 11 9.92 37 27         

WF 19/05/2016 878 7.24 27.32 828 7.92 326 398 <1 443 0.02 63 70 0.03 48 0.01 0.18 10 9.51 34 17         

WF 14/06/2016 866 7.44 26.84 804 7.88 339 414 <1 463 0.02 63 72 0.03 49 0.01 <0.01 11 10.4 37 7         

WF 18/07/2016 868 7.64 27.44 828 7.98 342 417 <1 430 0.02 58 71 0.05 47 0.03   11 10.4 35 <1         

WF 23/10/2016 851 7.12 28.01 772 8.04 283 345 <1 433 0.08 57 77 0.2 46 0.03 0.09 10 10.7 34 4         

WF 17/01/2017 867 6.9 28.1 800 7.87 338 412 <1 491 0.04 44 78 0.13 50 0.03 <0.01 11 9.84 39 13 -8.28 -56.7 -11.4   

WF 1/04/2017 866 6.98 26.95 802 7.89 228 278 <1 477 0.01 60 74 0.03 48 0.02 <0.01 10 10.3 35 23         

WF 16/07/2017 857 7.06 26.3 786 7.83 265 323 <1 460 <0.005 60 68 <0.002 46 0.03 0.09 11 11 34 32         

WF 4/10/2017 859 6.98 28 848 7.86 274 334 <1 470 <0.005 74 66 0.03 55 0.03 0.09 11 9.94 39 32         

WF 3/01/2018 1,013 7.07 27.69 873 7.63 306 373 <1 514 0.01 65 59 0.02 51 0.03 0.09 10 10.6 35 31         

WF 5/04/2018 549 6.75 28.01 731 7.69 305 372 <1 486 0.01 71 77 0.06 52 0.02 0.18 12 11.4 38 30         

WF 24/06/2018   7.61 26.96 886   348 425 <1 498 <0.01 69 66 <0.05 50 0.02 0.66 11   36 34         

WF 29/07/2018 904 7.28 27.08                                           

WF 12/05/2016       1,140 8.03 353 431 <1 750 <0.005 81 132 <0.002 74 0.46 0.04 17 7.88 67 102         

WF 27/06/2016   7.38 27.8 907 7.68 324 395 <1   <0.01 67 102 <0.05 53 0.01   11 7.54 42 75         

WF 17/07/2017   7.5 27 791   220 268 <1 454 <0.01 66 77 <0.05 52 <0.001 1.15 10   33 55         

WF 24/06/2018   7.38 26.39 842   271 331 <1 502 <0.01 63 69 <0.05 46 0 1.2 9   32 27         
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Aquifer
* 

Sample Date 
Field 

EC 
Field 
pH 

Temp-
erature 

EC pH Alkalinity HCO3 CO3 TDS Al Ca Cl Fe Mg Mn NO3 K Si Na SO4 
d18O 

VSMOW 
d2H 

VSMOW 
δ13C 

VPDB 
pCO2** 

WF 14/05/2016       604 8.24 214 261 <1 336 <0.005 52 48 <0.002 32 0.18 0.04 9 7.13 28 41         

WF 27/06/2016   7.07 28.4 586 7.43 230 281 <1   <0.01 49 39 <0.05 31 0.28   9 6.55 27 45         

WF 17/07/2017   6.96 27.6 566   161 196 <1 324 <0.01 46 41 <0.05 35 0.39 <0.01 12   27 41         

WF 24/06/2018   7.48 26.84 631   192 234 <1 380 0.01 44 46 0.15 31 0.41 <0.01 10   27 39         

WF 12/05/2016       953 8.02 332 405 <1 552 <0.005 73 85 0 62 0.01 12.4 14 13.4 50 60         

WF 21/05/2016       751 8.19 276 337 <1 544 <0.005 53 50 0.01 40 0.06 4.78 7 17.4 42 46         

WF 26/05/2016       748 8.34 252 307 9 630 0.01 54 52 0.01 39 0.02 1.95 8 19 43 47         

WF 5/10/2016       639 8.41 273 333 15 488 <0.005 54 61 0 38 0.31 0.88 9 11.6 44 50         

WF 6/06/2016       890 8.17 304 371 <1 546 0.01 64 73 0 50 0.03 4.74 11 15.3 40 57         

WF 27/09/2016       1,050 8.28 258 315 <1 702 <0.005 61 198 <0.002 69 0 6.07 17 8.61 82 123         

WF 30/09/2016       1,130 8.07 432 527 <1 942 <0.005 104 203 <0.002 88 0 8.86 19 20.2 72 108         

WF 17/07/2017   7.26 26.43 1,430   375 458 <1 865 <0.01 100 203 <0.05 95 0.09 <0.01 21   84 91         

WF 24/06/2018   7 25.67 1,450   419 511 <1 835 <0.01 99 168 <0.05 82 0 10.4 19   71 101         

WF 5/10/2016   7.4 25.57 1,160 8.17 308 376 <1 754 <0.005 71 173 0.01 60 0.13 1.5 16 7.73 78 127         

WF 17/07/2017       1,230   332 405 <1 693 0.02 84 200 0.06 72 1.74 <0.01 19   86 14         

WF 24/06/2018   7.55 24.25 1,340   385 470 <1 774 0.08 85 188 0.68 67 2.46 <0.01 18   79 42         

WF 18/06/2011         5.36       292                               

WF 25/06/2016       709 8.24 328 400 <1 439 <0.005 62 37 0.01 42 0.02 5.45 5 24.4 26 29         

WF 18/07/2017   8.05 26.5 520   135 165 <1 370 <0.01 16 50 0.45 45 0.11 <0.01 8   28 28         

WF 24/06/2018   8.09 25.41 588   200 244 <1 288 <0.01 15 62 0.2 41 0.12 <0.01 8   30 5         

  Median 1135 7.1 27.3 888 7.9 320 390.4 12 546 0 66.5 77.5 0 52.5 0 1.2 11.5 13.1 42.5 50 -8.3 -54.7 -10.2 0.0363 

  
Standard 
deviation 

266.17 0.32 0.92 272.95 0.46 62.04 75.71 4.24 179.98 0.1 18.9 66.5 0.15 17.56 0.43 3.67 3.64 3.73 17.67 31.49 0.05 2.81 1.66   

*DOL = dolocrete/alluvial aquifer, DET = alluvial detrital aquifer, WF = Wittenoom Formation  

**pCO2 and saturation indicices calculated using PHREEQC geochemical modelling software using shown median data and field pH.  
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Appendix D: Explanatory notes for the validation of Hylogger-3 data 
The reflectance spectroscopy captures absorption features (or bands) that are 

characteristic for specific minerals (Hunt, 1977, Gaffey, 1985, 1986, 1987; Clark, 1999). 

Mineral groups typically express absorption features within several wavelength regions, 

however, most have a “diagnostic” feature within one range, which is easily distinguished 

and rarely overlaps with other mineral spectral features (Hancock et al. 2013).  

Carbonates 
Carbonates can be identified based on CO3 bond absorption feature at ~2340 nm 

wavelength within the SWIR region (Gaffey, 1985, 1986, 1987). However, the CO3 

absorption feature overlaps with a number of other mineral groups and TIR region is 

considered more robust for differentiation of specific carbonate minerals (Hancock et al. 

2013; Green and Schodlok, 2016). Diagnostic carbonate peaks centred at ~11,300 and 

~14,000 nm wavelength dependent on Ca, Mg, Fe and Mn content TIR region, in 

combination with a main carbonate peak at the ~6500 nm wavelength (CO3 anion, Green 

and Schodlok, 2016), thus can be used for identification of calcite, dolomite, ankerite, 

siderite, magnesite and rhodochrosite (Green and Schodlok, 2016).  

The presence and mineralogy of carbonate minerals are generally consistent between the 

XRD and Hylogger-3 data sets. However, in some sections of the cores the carbonate 

abundance appears to be under-represented by the TSA mineral match result. Ultrafine-

grain size (<65 µm) is known to result in diminished diagnostic features due to scattering 

effects which has a negative effect on the detection of carbonate from reflectance spectra  

and (Gaffey, 1986; Lane, 1999; TIR ref). This is particularly evident in top few metres of 

core 015, which is composed of ~50-75wt% carbonate and contains abundant sub-micron 

sized carbonate but few counts of carbonate are detected by TIR or SWIR. In TIR the 

height of the 6500 nm wavelength carbonate peak can be observed and can provide a 

rough indication of carbonate grain size (eg. larger absorption feature = presence of 

coarser crystals; Figure D1).  

Fe-oxides 
Fe-oxides (hematite and goethite) are best identified from their diagnostic spectral feature 

at ~900 nm wavelength in VNIR region. Hematite is under-represented by TSA 

mineralogy from ~4 to 10.3 m in core 015, which has increasing hematite-rich pisolitic 

gravel. This may partly reflect the heterogeneous nature of Fe-oxide cemented gravels 

and fragments within the host sediments. However, to better define Fe-oxide content, the 

ferric oxide abundance is plotted with depth and colour coded to show Fe-oxide mineral 

composition (Figure D2). The colour code shows the wavelength in nanometres of the 

diagnostic absorption features of hematite (900 nm) and goethite (940 nm). The 

abundance and wavelength colour code matched well with the expected hematite from 

XRD and sedimentological analysis (Figure D2). This indicates the TSA algorithm for 

hematite is not particularly effective.  
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Clay Minerals 
Clay minerals are best identified within the SWIR region; Al-clays (kaolinite) and white 

micas have absorption features associated with their Al-OH bonds around ~2200 nm 

(Bishop et al., 2008; Hancock et al. 2013). Smectites and palygorskite-sepiolite minerals 

can be distinguished by the position and intensity of various absorption features, 

including H2O, Al-OH, Mg-OH and Fe-OH bonds in SWIR region (Bishop et al., 2008). 

Examples of the visual comparison of mineral spectra with reference library spectra are 

shown in Figure D3 for palygorskite and in Figure D4 for smectite minerals.  

 

 

Figure D1: a) The total set weight of carbonate detected by TIR within core 015 with depth, 
coloured  by mineralogy showing reference spectra for graphs c and d; b) each 6500 nm point 
detected in core 015 with the depth of the 6500 nm CO3 feature along the y axis and indicated 
by. The areas with a higher density of very shallow 6500 nm features correspond to very fine 
carbonate crystal size (Gaffey et al., 1986) and are poorly reported in the carbonate total weight 
shown in above graphs. The fine crystal size therefore, can result in under-representation of 
carbonate within the TSA mineral assemblage and subsequently poor validation with XRD 
mineral quantities at certain depths (eg. 0-2 m). However, low carbonate content ~10 m and 
12.3-14 m depth is consistent with XRD data; c) the library reference spectrum for dolomite and 
an example spectrum from core 015 (location of spectrum shown in graph a) showing the 
diagnostic absorption features at 11180 nm and 135888 nm and; d) the library reference 
spectrum for calcite and an example spectrum from core 015 (location of spectrum shown in 
graph a) showing the diagnostic absorption features at 11326 nm and 13917 nm.  
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Figure D2: a) The total set weight of Fe-oxides detected by VNIR in core 015 shown with depth 
and; b) the ferric oxide abundance with depth coloured by wavelength of the Fe-OH 900 nm to 
940 nm  feature, that can be used to distinguish between hematite and goethite (Cudahy and 
Ramanaidou, 1997; Haest et al., 2012). The abundance of the 900 nm feature (in hematite) 
increases with depth up to 10.3 m, overlying an interval of negligible Fe-oxides. Below ~13 m, the 
Fe-OH feature is at a higher wavelength, towards the 940 nm and indicates higher proportions 
of goethite. Goethite content increases with depth from ~17 m and minor hematite is also 
indicated at the base of the profile. This is consistent with the XRD mineral data. 
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Figure D3: a) Library reference spectra versus sample spectra for identification of palygorskite. 
The sample spectra may show the reflectance features from a mixture of minerals within the 
sample. However, prominent features match with the specific mineral and can be validated. The 
palygorskite diagnostic features are the product of stretching and bending vibrations from the 
Al2OH bonds at 2226 nm and AlFe3+OH bonds at 2263 nm (Gionis et al., 2006; Bishop et al., 2008). 
b) The location of the sample spectrum from core 009 is indicated by black square and labelled 
with mineral (Pal=palygorskite). 
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Figure D4: Library reference spectra versus sample spectra for identification of; a) montmorillonite; b) nontronite and; c) saponite, shown with the location of 
sample spectra in graph d that displays smectite total set weight for smectite minerals in core 015. The sample spectra may show the reflectance features 
from a mixture of minerals within the sample. However, prominent features match with the specific smectite mineral and can be validated The smectite 
minerals all display characteristic features at ~1412 nm and 1910 nm with a shoulder developed near 1460 nm and 1940 nm due to intense water absorption 
(Bishop et al., 2008). Diagnostic features for the minerals include; 2208 nm absorption feature for montmorillonite (a); 2290 nm feature for nontronite and; 
2310 nm feature for saponite (c). This example of saponite also shows a smaller feature at 2390 nm.  
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